
 

Abstract 
 

KIEFER, MICHAEL THOMAS.  THE IMPACT OF SUPERIMPOSED SYNOPTIC TO 
MESO-GAMMA SCALE MOTIONS ON EXTREME SNOWFALL OVER WESTERN 
MARYLAND AND NORTHEASTERN WEST VIRGINIA DURING THE 2003 
PRESIDENTS’ DAY WINTER STORM.  (Under the direction of Drs. Yuh-Lang Lin and 
Michael L. Kaplan) 

 
 During the second Presidents’ Day winter storm of 15-18 February 2003, snowfall 

totals exceeding 100 cm were reported across a relatively small region of western Maryland 

and northeastern West Virginia (hereafter the region of interest).  This numerical modeling 

study considers the role of two juxtaposed low-level jet/front systems in influencing the 

development and/or modification of meso-α to meso-γ scale circulations producing these 

extreme snowfall totals. The goal in each chapter is to link each mechanism to the interaction 

of the aforementioned low-level jet/front systems, the maritime and continental, in order to 

synthesize the rather complicated conceptual model presented, and possibly in the future 

enable operational forecasters to better assess the likelihood of fine-scale extreme snowfall.  

All numerical simulations are performed with the Non-hydrostatic Mesoscale Atmospheric 

Simulation System (NHMASS) model. 

 The first chapter considers the development of two low-level jet/front systems.  The 

continental (southwesterly) jet/front system is shown to result from a combination of diabatic 

and adiabatic processes, including (1) formation of a polar stream lee cyclone through 

adiabatic compression and surface sensible heating and the resulting horizontal circulation, 

and (2) secondary circulations formed within an unbalanced subtropical jet (STJ) exit region 

due to generation of mid-level mass perturbations forced by latent heating and adiabatic 

compression.  The maritime (easterly) low-level jet/front system was found to develop as a 

result of a strong southward directed pressure gradient force between a strong anticyclone 

over southern Quebec and a deepening coastal trough (with convection and low-level latent 

heating-induced pressure falls) accelerating parcels exiting in the polar jet (PJ) right entrance 

region. The unbalanced (with respect to geostrophic and gradient wind balance) STJ exit 

region was shown to impact not only the formation of the continental low-level jet, but also 

the meso-α scale lift through generation of a region of strong upper-level divergence. 



 

 The second chapter built on the first chapter by considering the impact of the two-

low-level jet/front systems becoming superimposed over the mid-Atlantic U.S.  The low-

level jet structure was shown to be conducive to maintenance of apparent inertia-gravity 

wave activity generated within the unbalanced STJ exit region, with the wave activity acting 

to prolong lift over the region of interest.  Two other mechanisms, frontal lifting and 

frontogenesis, produced narrow bands of strong lift over the region, through a process 

wherein confluent deformation produced locally steeper slopes of the continental front with 

the continental jet forced up these steep frontal inclines.  Secondary circulations generated as 

a result of intense bands of diabatic frontogenesis reinforced the primary frontogenetical 

circulation produced through confluent deformation. 

 The third chapter evaluated the finest scale circulations, each tied to the interactions 

of the continental and maritime low-level jets with the complex terrain within the region of 

interest.  Pure upslope flow was considered and generally discarded as a contributing 

mechanism in this case due to the shallow layer of upslope and large vertical separation 

between upslope-induced ascent and deep lift forced by the larger-scale mechanisms.  The 

primary mechanism proposed, termed the multi-ridge mountain wave mechanism, occurs 

wherein air parcels within the maritime low-level jet are directed normal to a series of 100-

300 m deep terrain ridges and forced to pass through multiple hydrostatic mountain-wave 

positive phases, condensing out additional liquid water with the passing of each ridge in the 

already saturated lower-troposphere present in the region.  The cloud condensate is then 

advected downstream by the continental low-level jet.  A second mechanism, surface 

convergence banding in the lee of the terrain, was proposed but is considered to be of 

secondary importance. 
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1. Introduction 
 
1.1  Introduction 
 

The forecasting of extreme snowfall during winter storms is a tremendously difficult 

task, made even more challenging by local variations in topography.  The presence of 

circulations at multiple scales of motion is common during many winter storms (Kocin and 

Uccellini 1990), though one is hard-pressed to find studies considering the impact of these 

circulations on heavy precipitation over a small region such as an individual county.  During 

the second Presidents’ Day winter storm of 15-18 February 2003, snowfall totals exceeding 

100cm were reported across portions of western Maryland, with meltwater totals exceeding 

7.5 cm in portions of the Mid-Atlantic, including Garrett County MD [Fig. 1.1].  From 

synoptic-scale upper-level jet streams, to mesoscale low-level jet streaks, to the impact of 

gravity waves and individual terrain ridges, forcing for extreme precipitation across western 

Maryland was complex.  This research will begin with the large-scale dynamics of this case 

and transition in a step-wise manner to finer and finer scale circulations, building a 

conceptual model based on quasi-geostrophic theory before assessing more complex 

mesoscale mechanisms and their interactions.  Comparisons to the more familiar Presidents’ 

Day storm of 18-19 February 1979 will be drawn, although the main focus of this work will 

be the 2003 event and the multi-scale forcing for extreme amounts of precipitation across 

Garrett County MD.   It should be noted that no diagnosis of such a jet/front system as the 

continental jet was made during the 1979 event or any other event, and so the evaluation of 

its impact on the progression of heavy winter precipitation during the 2003 event in this 

study truly marks an original contribution to the evaluation of the dynamics of winter storms 

along the East Coast of North America.   

The Presidents’ Day 2003 winter storm can essentially be traced back in time to the 

merging of two upper-tropospheric jet streaks over the eastern United States.  As early as 12 

UTC 2/14/03 (14/1200), one can observe two airstreams: the subtropical jet (STJ) directed 

from the northeast Pacific Ocean across northern Mexico and toward the mid-Atlantic United 

States [Fig. 1.2a], and the polar jet (PJ) oriented from the Canadian plains across the Great 

Lakes region toward the mid-Atlantic [Fig. 1.2b].  Westerly low-level flow associated with 
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the subtropical stream over the Rockies produced a lee cyclone seen at 850mb at 14/1200 

[Fig. 1.3a], which subsequently was located on the Missouri/Kansas border at 15/1200 [Fig. 

1.3b], and over central Tennessee by 16/1200 [Fig. 1.3c].  Coincident with the formation of 

the lee cyclone at 850-hPa was the development of a surface low, seen at 14/1200 over 

southwestern Kansas [Fig. 1.4a] with a developing surface boundary to the northeast.  By 

16/1200 [Fig. 1.4b], the surface low moved toward northern Alabama, and an anticyclone 

over northern Saskatchewan had moved to a position north of Montreal, Quebec (CYUL) 

with strong cold-air damming (CAD) present to the east of the Appalachians, as evidenced 

by the southward bulge of the isobars.  Also seen at the time is a pair of inverted troughs on 

either side of the CAD region, the eastern one associated with coastal frontogenesis taking 

place along the coast and the western inverted trough consistent with previous studies of 

CAD events (Richwein 1980; Bell and Bosart 1988). 

 The kinked stationary frontal boundary over Tennessee was associated with a 

strong 600-800 hPa low-level jet to be discussed in Chapter 3 and more so in Chapter 4.  The 

low-level jets and associated moisture convergence were forcing convection at that time, as 

indicated by NOWRAD 2 km imagery at 16/1200 [Fig. 1.5]. Elevated convection can be seen 

over northern Kentucky, southern Indiana, and southern Ohio, with a large mass of deep 

convection including embedded squall line features seen from the northeast Gulf of Mexico 

to central Georgia.  Also seen at that time is a band of light to moderate precipitation (see 

dashed oval in Fig. 1.5) from northern West Virginia to southern New Jersey, parallel to a 

zonally-oriented elevated front observed at 700-hPa (the continental front, to be discussed 

shortly) [Fig. 1.6], evidenced by the 9 oC difference in temperature between Wallops Island, 

VA (KWAL) and Dulles, VA (KDCA), a distance of less than 250 km.  It was within this 

broader band that the intense snowfall that was reported across northeastern West Virginia 

and western Maryland occurred 6-18 hours later.   

My hypothesis is that the interaction of two low-level jet/front systems during the 

2003 Presidents’ Day storm played a significant role in the evolution of snowfall during the 

event over the mid-Atlantic U.S.  Finer-scale circulations strongly influenced by the  

superposition of the two jet/front systems were crucial to the excessive snowfall observed 

over western Maryland.   
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Before continuing, the scope of the event must be appreciated.  This is well 

summarized in the 16/1515 GOES-E visible satellite image [Fig. 1.7], in which the entire 

system encompasses an area from just northwest of the Yucatan peninsula to the Canadian 

border and from eastern Texas well out into the north Atlantic.  Understanding how the 

downscale transition of atmospheric motions resulted in isolated amounts of heavy snowfall 

in western Maryland is the purpose of this study. 

Section 1.2 will briefly review the relevant literature, including a review of studies 

covering the 1979 Presidents’ Day event, reviews of both gravity wave and orographic 

precipitation studies, and a review of literature considering the role of diabatic heating in 

modifying mass circulations within jet streaks and the state of unbalanced flow that can 

evolve from them.  A description of the numerical model used in this study and the 

experimental design will be outlined in Chapter 2.  Chapter 3 will address the synoptic to 

meso-alpha scale circulations during the 2003 Presidents’ Day storm, while Chapters 4 and 5 

will consider the meso-alpha to meso-beta scale motions and the meso-beta to meso-gamma 

scale motions, respectively.  Finally, Chapter 6 will summarize the findings presented and 

outline future work to be completed.  For definitions of  the various scale terms used in this 

text, see Table1.1.  The Orlanski (1975) classification scheme has been adopted in this text, 

with the exception of scales larger than 2000 km where the label synoptic scale is used.   

 
1.2 Literature Review 
 

1.2.1 1979 Presidents’ Day Literature 
 

Before proceeding to an analysis of literature pertaining to the 1979 Presidents’ Day 

event, a brief review of jet streaks and jet streak circulations is required.  The straight jet 

streak model [Fig. 1.8], assumes negligible flow curvature and centripetal accelerations, and 

is the simplest model to describe the primary and secondary circulations associated with a jet 

streak.  A thermally direct secondary circulation is found in the entrance region and consists  

of ascending motion in the warm air and descending motion in the cold air and upper- 

(lower-) tropospheric horizontal branches of ageostrophic motion toward the cold (warm) air.  

A thermally indirect secondary circulation is found in the exit region and consists of rising 



 4

motion in the cold air and sinking motion in the warm air and upper- (lower-) tropospheric 

horizontal branches of ageostrophic motion toward the warm (cold) air (Riehl et al 1952; 

Murray and Daniels 1953; Reiter 1969; Uccellini and Johnson 1979).   The redistribution of 

mass in the entrance regions facilitated by the ageostrophic branches is essentially an attempt 

by the atmosphere to sustain mass-momentum or thermal wind balance.  The circulations 

lead to areas of divergence (convergence) in the left entrance (right exit) region.  Deviations 

from this straight jet model, due to other processes including flow curvature, convectively-

driven circulations, and thermal advection, can significantly impact the patterns of 

divergence and convergence in Fig 1.8 and mid-level upward vertical motion (House 1961; 

Paine et al 1975; Uccellini et al 1984; Zack and Kaplan 1987; Moore and Abeling 1988; 

Kaplan et al. 1997). 

Following the 1979 Presidents’ Day storm, an extensive amount of research was 

completed, beginning with an observational analysis of the event by Bosart (1981), in which 

possible mechanisms forcing coastal cyclogenesis were discussed.  Quasi-geostrophic forcing 

due to upward-increasing positive vorticity advection from a southern extension of a 

shortwave trough was believed to be the primary mechanism for cyclogenesis, with warm air 

advection associated with a later shortwave trough a further deepening mechanism, and 

convection present near the cyclone center believed to be closely tied to a rapid cyclogenesis 

phase.  The importance of a coastal front was emphasized, with the incipient coastal cyclone 

directed to the left of the apparent mid-level flow, and toward a favorable region for warm air 

advection associated with the aforementioned later shortwave trough.   

 Beginning with Uccellini et al. (1984), a four paper sequence was undertaken to 

understand the development of an unbalanced upper-level jet streak, as well as the role of 

diabatically-coupled upper and lower-level jet systems and a downfolded potential vorticity 

maximum on both heavy precipitation and coastal cyclogenesis.  Uccellini et al. (1984), 

utilizing observational data, first assessed the state of balance of a subtropical jet (STJ) 

streak, and noted through a number of methods, including assessment of the non-linear 

balance equation (sum much greater than zero) and the advective Rossby number (value 

much greater than unity), that within the STJ, neither geostrophic nor gradient wind balance 

requirements were met.  Increasing confluence in the entrance region of the STJ and 
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shortening of the half-wavelength between the upstream trough and downstream ridge led to 

parcel acceleration, insufficient time for inertial rotation, and direction of parcels towards 

lower streamfunction values near the core of the STJ.  Subsequent accelerations produced 

increases in velocity divergence, providing a substantial amount of upward vertical motion: 

one key element organizing an initial period of heavy snowfall.  The authors also assessed a 

highly ageostrophic low-level jet observed within the lower branch of a STJ indirect exit 

region circulation and concluded that low-level velocity convergence and moisture transport 

were important in forcing the initial period of snowfall, and warm air advection associated 

with the jet was crucial in driving coastal surface pressure falls, marking the early stages of 

cyclogenesis. 

Uccellini et al. (1987) continued the work begun by Uccellini et al. (1984), utilizing a 

version of the Mesoscale Atmospheric Simulation System (MASS) model (Kaplan et al., 

1982a) to assess the dynamics of the formation of the aforementioned low-level jet as well as 

to quantify the role of the low-level jet in the initial phase of cyclogenesis.  Sensitivity 

experiments performed to test the importance of boundary layer processes and latent heating 

on circulation structure indicated that a synergistic interaction of diabatic heating and 

adiabatic mass adjustments drove the formation of the low-level jet.  Parcels moving onshore 

within an indirect circulation driven, in part, by the parcel imbalances and velocity 

divergence increases diagnosed along the STJ, ascended due to a combination of a shallow 

coastal front direct circulation, strongly sloping isentropic surfaces owing to cold-air 

damming inland of the coast, and latent heat release (Uccellini et al. 1984).  Newton and 

Palmen (1963) noted that parcel ascent in a baroclinic environment, where the pressure 

gradient force changes greatly with height, is consistent with large ageostrophy and rapidly 

accelerating parcels.  The upper and lower level jets were found to be coupled, in that not 

only did the low-level jet development depend on the increasingly unbalanced flow along the 

STJ axis, but also that warm air advection and latent heat release owing to precipitation 

forced by the low-level jet further enhanced the upper-level jet accelerations as the wind 

adjusted to the resultant diabatic mass perturbation.  See Fig. 1.9 (Fig. 6 in Uccellini et al 

(1987)) for a schematic of simultaneous upper-level and lower-level mass/momentum 

changes.  These synergistic processes were key to increasing heights in the downstream ridge 



 6

axis and shortening the half wavelength between the trough and ridge axes, thereby leading 

to a more unbalanced state accompanying the diabatic mass perturbation along the STJ axis.  

Positioning of the low-level jet directed northwest toward the Appalachians placed a region 

of mass divergence immediately above the boundary layer along the coast, providing forcing 

for the initial pressure falls signifying the early stages of cyclogenesis. 

The remaining two papers in the Presidents’ Day 1979 series were Uccellini et al. 

(1985), an observational study of the influence of upstream trough amplification and 

tropopause folding on the rapid cyclogenesis phase, and Whitaker et al. (1988), a model-

based study of the rapid development phase.  The former diagnosed geostrophic deformation 

along the polar jet/front system, which was found to be the mechanism behind a tropopause 

fold and resultant stratospheric intrusion of high potential vorticity (PV) air observed in Total 

Ozone Mapping Spectrometer (TOMS) imagery (Fig. 1.10, (Fig. 4 in Uccellini et al (1985))), 

rawinsonde data, and infrared satellite imagery 12 to 24 hours before rapid cyclogenesis 

commenced.  This finding was deemed significant in that previous case studies had observed 

tropopause folds and stratospheric PV intrusions to occur simultaneously with rapid surface 

cyclogenesis.  The conclusion from the TOMS ozone imagery and satellite imagery analysis 

was that high PV air descended toward the boundary layer and became collocated with the 

cyclone during rapid cyclogenesis, indicating a likely influence of the stratospheric PV on the 

rapid deepening of the cyclone. 

 Whitaker et al. (1988) made use of the MASS model in order to perform diagnostics 

during the rapid development phase of the cyclone.  The authors found the rapid cyclogenesis 

phase to consist of a transition of the mass divergence profiles to a 2-layer structure, 

intensification of precipitation to the north of the surface cyclone, and rapid increases in low-

level vertical vorticity.  A significant contribution was made in the use of trajectories to 

diagnose three separate airstreams converging towards the region of cyclogenesis during the 

rapid deepening.  The first airstream originated in the tropopause fold associated with the 

polar jet, the second originated within a region of subsidence with a strong anticyclone to the 

north and rotated anticyclonically, entering the region from the east and ascending.  The third 

airstream originated to the south of the region within the boundary layer and also ascended 

(see Fig. 1.11b, (Fig. 18 in Whitaker et al (1988)) for depiction of three airstreams).  
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Vorticity diagnostics revealed that low-level absolute vorticity generation was primarily due 

to the convergence of the three airstreams below the 700mb level.  The combination of upper 

level PV, low-level diabatically-generated PV, and the convergence (divergence) of the three 

streams below 700 mb (in the 700-500 mb layer), resulted in the rapid deepening of the 

surface cyclone. 

1.2.2  Impact of latent heating on upper-tropospheric jets and evaluation of unbalanced 
flow. 
 

 Keyser and Johnson (1984) considered the impact of diabatic circulations associated 

with a mesoscale convective complex (MCC) on the mass circulations associated with an 

upper tropospheric jet streak entrance region in which the MCC was embedded.  The study, 

using observational data from NASA’s fourth Atmospheric Variability Experiment (AVE IV) 

over the Great Lakes region during 24-25 April 1975, evaluated the various ageostrophic 

components present in the vicinity of the MCC and evaluated the impact of these 

ageostrophic motions on the jet streak entrance region.  Analyses of the ageostrophic wind 

components on isentropic surfaces revealed that diabatic components of the ageostrophic 

wind within the front left quadrant of the jet streak were directed in the same manner as the 

pre-existing mass circulations associated with geostrophic mass adjustments and in doing so 

produced increases in kinetic energy that resulted in downstream increases in wind velocity 

within the jet streak.  A connection between this process and the increase in intensity of 

severe convection within the front right quadrant of the jet is made through consideration of 

increased mass divergence above the convection. 

 Wolf and Johnson (1995) evaluated the mutual forcing of a simulated convective 

system (SCS) by mesoscale diabatic and adiabatic processes.  The authors presented a 

decomposition of the diabatic and adiabatic components of the isallobaric and inertial 

advective components of the ageostrophic wind.  The result of the various components of 

ageostrophic flow was the development and maintenance of the SCS and the modification of 

the environmental flow field.  The adiabatic (diabatic) isallobaric wind component dominates 

in the lower (upper) troposphere, with the result being a vigorous mass circulation 

transporting warm and moist air toward the SCS in the lower levels.  The inertial diabatic 
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wind component, greatest where vertical momentum fluxes are large in the presence of 

vertical wind shear, was shown to be critical to the development of inertial instability north 

of the SCS, with that area being favored for increased outflow.  While the aforementioned 

mechanisms contributed to generation and maintenance of the SCS, the inertial advective 

component of the ageostrophic wind north of the SCS was shown to be the dominant term in 

the formation of a downstream wind maximum.   

 An ageostrophic component of wind within an upper-tropospheric jet streak can play 

a role in unbalanced flow generation, for instance in the case of a component of the 

ageostrophic wind directed toward lower geopotential height within the exit region of a 

quasi- or semi-geostrophic jet streak, where an ageostrophic component directed toward 

higher geopotential height is expected from straight jet theory [Fig. 1.8].  Moore and Abeling 

(1988) showed through analysis of a severe convective case during the AVE SESAME I 

period, that such a scenario is neither in geostrophic or gradient wind balance.   

Velocity divergence generation is therefore expected (House 1961; Paine et al. 1975; 

Uccellini et al 1984, Zack and Kaplan 1987), and can be deduced from use of the non-linear 

balance equation (NBE), a form of the full divergence equation omitting divergence 

advection wherein a non-zero NBE sum can represent large velocity divergence/convergence 

tendencies following an air parcel (Paine et al. 1975; Kaplan and Paine 1977).   

One additional mechanism needs to be considered for unbalanced flow generation 

during this case: a reduction in the half-wavelength between an upper tropospheric trough 

and ridge, or equivalently the thermal wind imbalance resulting from the transport of high 

potential temperature air within a mid-level jet.  Uccellini et al. (1984) showed that 

confluence in the entrance region of a subtropical jet streak and the decreasing half-

wavelength between trough and ridge led to parcels not having sufficient time for inertial 

rotation to direct parcels toward higher geopotential height in the exit region.  Parcel 

acceleration and unbalanced flow was the result of this process.  The second interpretation of 

this mechanism to be discussed is that of thickness perturbations induced by the 

superpositioning of two airmasses with vastly different thermal properties.  Rozumalski 

(1998) found, in a numerical modeling study of a rapid cyclogenesis case, that significant 

boundary layer warming hydrostatically forced a mid-level pressure ridge, a locally enhanced 
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pressure gradient force, and the formation of a mesoscale jetlet.  The mesoscale jetlet was not 

in phase with the geostrophic wind maximum in the simulation.  Additionally, the advection 

of total momentum by the total wind was not equal to the advection of geostrophic 

momentum by the total wind, therefore a diagnosis of unbalanced flow was made, an 

evaluation consistent with studies by Uccellini et al. (1987), Koch and Dorian (1988) and 

Kaplan et al. (1997). 

1.2.3  Gravity Wave Literature 
 

 Since mesoscale wave activity, specifically gravity wave activity, was observed in the 

region of interest of this study, a review of the available literature on wave characteristics, 

wave energy sources, and also studies of stratospheric gravity wave activity will be reviewed.  

Uccellini and Koch (1987) reviewed 13 mesoscale wave case studies and considered synoptic 

settings and wave energy sources for these disturbances.  They found that the waves 

generally developed north of a frontal boundary, with a strong inversion present, and with a 

jet streak propagating toward a ridge axis in the upper troposphere.  The authors noted that 

Lindzen and Tung (1976) had proposed that duct mechanisms might prevent loss of wave 

energy and allow for mesoscale waves to travel long distances in the horizontal plane; such a 

theory might account for the long wave durations (greater than 12 hours in 10 of the 13 

cases) noted in their review.  For possible genesis mechanisms, the authors heavily 

emphasized geostrophic adjustment as a common source with wind shear and convection also 

discussed as possible hypothesized genesis mechanisms and energy sources for wave 

maintenance.  Conditions commonly present during mesoscale gravity wave events, namely a 

non-zero non-linear balance sum and high Rossby number, are noted to be consistent with 

unbalanced flow as inertia gravity waves are believed to act to restore an unbalanced state to 

a fully-balanced state (i.e., geostrophic adjustment).  The common synoptic setting of a jet 

streak approaching a ridge axis is also typically cited in studies of unbalanced flow.  As far as 

other possible energy sources, Uccellini and Koch found little correlation between wave 

amplitude and convection although convection was often present near the genesis region.  

Concerning shear instability, the available literature at the time indicated observed gravity 

wave formation without the existence of a critical level as well as the possibility that 
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theoretical models of shear instability were not realistic in terms of the actual wave 

amplitude.  The critical level is defined as the level at which the phase speed of the internal 

wave equals the mean state wind speed (in the direction of wave front propagation) in the 

layer (Lin, TBD). 

 Koch and Golus (1988), hereafter part I, was the first of a three part series 

considering a bimodal gravity wave event that occurred during 11-12 July 1981 as part of the 

Cooperative Convective Precipitation Experiment (CCOPE).  A critical aspect of the study 

was the use of high temporal and/or spatial resolution data, including digitized radar data, 

surface mesonetwork data, rawinsonde data, and rapid-scan GOES satellite imagery.  Part I 

provided a preliminary analysis: statistically determining the wave characteristics, thoroughly 

evaluating evidence supporting the theory that the disturbances were in fact gravity waves, 

and describing the statistical methods of gravity wave detection and tracking as well as 

limitations of the methods.  Following a power spectrum analysis finding two dominant 

frequencies of wave activity, bandpass filters were constructed to isolate and adequately 

characterize the properties of the modes.  A thorough evaluation of common relationships 

which have been observed to be present during gravity wave episodes; including large 

surface perturbation pressure- wave-front normal wind covariances and slightly out-of-phase 

cloud/precipitation and wave perturbations fields, were evaluated.  All of these relationships 

lend credibility to the diagnosis of the phenomenon studied as gravity wave activity.  Koch 

and Golus discredited the possibility of the perturbation fields being convectively generated 

for reasons including 1) the convection and perturbations being ¼ out of phase and 2) the 

detection of propagating wave ridges through precipitation-free regions of the CCOPE study 

area.  Wave properties, including wave coherence and phase velocity were also evaluated 

through use of the excellent observational data.  Detection of the wave phenomenon at the 

synoptic scale was additionally shown. 

 Koch et al (1988), part II of the analysis of the CCOPE 11-12 July 1981 gravity wave 

event, considered the impact of the wave activity on convection and conversely the effect of 

the multiple scales of observed convective activity on the gravity waves.  It was found that 

while none of the waves were excited by convection, there was evidence that the large size 

and duration of a mesoscale convective complex (MCC) was due to renewal and organization 
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provided by the wave packet.  Lin (TBD) notes that Uccellini (1975) also found that gravity 

waves were able to excite convection in a study of an 18 May 1971 severe convective 

outbreak.   While strong convection did have a significant impact on waves after inception 

within Koch et al (1988), including wave shape distortion and weakening the large in-phase 

covariances between perturbation pressure and surface wind fields, the gravity wave signals 

remained intact outside of the actual storm cores and the waves remained coherent over long 

horizontal distances. 

 Koch and Dorian (1988), part III of the aforementioned CCOPE analysis, dealt with 

the multiscale environment present prior to and during the gravity wave activity, as well as 

possible source mechanisms.  A significant portion of this study involved understanding 

characteristics of the environment conducive to the development of severe convection 

observed in the CCOPE region.  The authors showed that the setup prior to convective 

development involved the combination of a weak outflow boundary, high CAPE/low CIN, 

strong downdraft potential, significant wind shear, and local enhancement of directional wind 

shear with a propagating shortwave disturbance.  An analysis of synoptic scale data revealed 

the entire gravity wave event to occur within a region upstream (downstream) of a(n) ridge 

axis (inflection point), southeast of a jet streak, and northwest of a stationary frontal 

boundary.  This synoptic pattern is consistent with the findings of Koppel et al. (2000) from a 

25-year climatology of large-amplitude inertia-gravity wave events, as well as the conditions 

assessed by Uccellini and Koch (1987) to be common within gravity wave cases studied.   

Evidence for unbalanced flow in the wave source region was presented in part III, 

including unbalanced ageostrophic winds in the exit region of a geostrophic wind streak 

approaching a ridge axis and large Rossby numbers (~ 0.5 – 0.7).  This finding was deemed 

conducive for generation of inertia-gravity wave packets through geostrophic adjustment.  

Strong vertical wind shear and the presence of a critical layer (with saturation nearby) with 

Richardson number less than 0.25 along the path of wave propagation indicated the 

possibility of shear instability as an energy source and wave ducting as a method of limiting 

vertical leakage of wave energy (Lindzen and Tung 1976).  The authors concluded that likely 

wave source mechanisms were geostrophic adjustment and shear instability, with wave 

ducting likely contributing to the large spatial coherence of the waves.  Lastly, the authors 



 12

noted the possibility that orography played a role in filtering wave modes excited by the 

geostrophic adjustment/shear instability.  

Zhang (2004) performed high-resolution simulations of mesoscale gravity waves 

along idealized baroclinic jet-front systems and observed internal waves to develop in the 

exit region of an upper-tropospheric jet streak where unbalanced flow was simulated, as 

evidenced by an unsatisfied nonlinear balance equation.  The author evaluated possible 

energy sources and wave characteristics (including phase speeds and horizontal 

wavelengths), and concluded that the nonlinear balance equation residual was a good 

indicator of imbalance and likely wave generation.  One inadequacy of this study was the 

lack of evidence presented supporting the assertion that the simulated waves were in fact 

gravity waves.  An important part of any gravity wave study is the application of the 

relationships cited by Koch and Golus (1988). 

1.2.4  Orographic Precipitation Enhancement Literature 
 

 Chiao et al. (2004) have considered the dynamics of orographic forcing during a 

heavy orographic rainfall event that occurred from 19 to 21 September 1999 during the 

Mesoscale Alpine Programme Intensive Observing Period 2B (MAP IOP-2B).  Through use 

of the Pennsylvania State University-NCAR Mesoscale Model Version 5.3 (MM5), 

sensitivity experiments were performed in which boundary layer friction, horizontal 

resolution, and various aspects of the orography both immediate to the study area and well 

upstream were adjusted.  These experiments indicated that two orographically-driven 

mechanisms contributed to the heavy precipitation: vertical motion forced by upslope flow 

and vertical motion due to leeside barrier-induced near-surface velocity convergence.  The 

former is simply related to the slope of the terrain through w ~ [ U * xh ∆∆ ], where U is the 

low-level wind velocity normal to the terrain, h is the terrain height, and x the scale of the 

mountain in the x-direction (Lin et al 2001).  The latter is a result of the combination of 

mountain blocking, boundary layer friction, and inertial rotation.  Flow approaching 

orography is deflected producing locally enhanced surface velocity convergence.  Southerly 

flow impacting the southern Alps was shown both from observations and 5 km horizontal 

resolution simulation output to turn significantly westward as it approached the mountains, 
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producing strong surface velocity convergence immediately to the lee of the heaviest rainfall.  

The authors stress the importance of deep convection during heavy orographic rainfall 

events, describing orography as an enhancing mechanism for lifting.  When considering the 

cool season heavy precipitation that occurred during the 2003 Presidents’ Day Event, 

orography might play an enhancing role, providing additional upward motion and increasing 

the vertical moisture flux important to producing heavy precipitation.  

 Lin et al. (2001) considered a number of ingredients common to heavy orographic 

rainfall events.  Upon analysis of United States, Alpine, and East Asian case studies, the 

ingredients found to be common were 1) high precipitation efficiency of the incoming 

airstream, 2) the presence of a moist, moderate to intense LLJ, 3) steep orography to help 

release instability, 4) favorable (e.g. concave) mountain geometry and a confluent flow field, 

5) strong environmentally forced upward vertical motion, 6) the presence of a high moisture 

flow upstream, 7) a preexisting large-scale convective system, 8) slow (impeded or retarded) 

movement of the convective system, and 9) a conditionally or potentially unstable upstream 

airflow.   For United States and European cases, the authors also noted a deep shortwave 

trough approaching the heavy rainfall region to be a common feature.  This added feature 

provides additional upward motion and decreases the stability in the region, two factors 

important for stronger and deeper convection.  The authors conclude that a significant 

contribution from any combination of the above nine common ingredients was required for 

heavy orographic rainfall. 

Cox et al (2005) considered a Wasatch mountain winter storm and noted that a 

combination of barrier jet induced near-surface convergence and superimposed cross-

mountain upslope flow produced snowfall totals approximately twice that of regions not 

impacted by orographic forcing.  Reinking et al (2000), in a study of cross-terrain flow 

(driven by a series of wintertime mid-level troughs) over a series of parallel ridges in 

northern Arizona, found that a coupling of pure upslope flow and mountain waves produced 

heavy orographic precipitation in which approximately 80% was due directly to terrain 

forcing.  As all of the above orographic precipitation studies considered the role of steep, 

large mountain ranges, great care must be taken in applying findings from these studies to the 
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region of western Maryland and northeastern West Virginia where the terrain heights were 

less steep and of a much smaller scale. 
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Table 1.1 Atmospheric scale definitions, where LH is horizontal scale length. (Adapted from Thunis and 
Borstein (1996);  Source: Lin (TBD)). 
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Fig. 1.1   River Forecast Center (RFC) 1/8 degree rain gauge (objectively analyzed on 1/8 degree grid) 24-hour 
precipitation (mm) ending 1200 UTC 17 Feb 2003.   Terrain superimposed in black solid contours, interval is 
250 m.  Lack of data for objective analysis is reason for lack of accumulated precipitation in analysis over 
western ¼ of Fig.. 
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Fig. 1.2  200-hPa NMC analysis for 1200 UTC 14 Feb 2003 with focus on a) subtropical stream  and  b) polar 
stream. 

a 

b 
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Fig. 1.3  850-hPa NMC analysis for a) 1200 UTC 14 Feb 2003, b) 1200 UTC 15 Feb 2003, and c) 1200 UTC 16 
Feb 2003. 

a 

b 
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Fig. 1.3 (Continued)        Shown is 850-hPa NMC analysis valid 1200 UTC 16 Feb 2003. 
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Fig. 1.4  Surface NMC analysis for a) 1200 UTC 14 Feb and b) 1200 UTC 16 Feb 2003. 

a 

b 
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Fig. 1.5    NOWRAD 2 km base reflectivity valid at 1200 UTC 16 Feb 2003.  Line A-A' for cross-section 
depicted in Fig. 3.10.  Region of stratiform precipitation discussed in text depicted by dashed oval. 
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Fig. 1.6  700-hPa NMC analysis for 1200 UTC 16 Feb 2003. 
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Fig. 1.7  GOES-8 4 km visible satellite image valid 1515 UTC 16 Feb 2003. 
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Fig. 1.8   Schematic representation of the ageostrophic motions (heavy arrows) and associated patterns of 
convergence (CON) and divergence (DIV) in the vicinity of a straight jet streak in the absence of along-contour 
thermal advection.  Assumed to be near level of maximum wind, where the horizontal wind distribution is most 
distinct and the flow is approximately horizontal.  Solid lines indicate geopotential height of a constant pressure 
surface; dashed lines are isotachs with maximum wind speed shaded.  Adapted from Shapiro and Kennedy 
(1981).  Source:  Keyser and Shapiro (1986). 
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Fig. 1.9  The 6, 12, and 18 hour forecasts of 332 K (approximately tropopause level in southeast U.S.) (left) and 
292 K (lower-troposphere over southeast U.S.) isentropic surfaces from the full physics simulation (FULL 
PHYS) initialized at 0000 UTC 18 February 1979.  The 332 K analyses (a, c, e) include wind direction 
(arrows), isotach (ms-2, dot-dashed), and one selected mψ contour (solid, 3252 = 3.252x105 m2s-2).  Light 
shading indicates 200 mb divergence greater than 2x10-5 s-1, with cross-hatched shading greater than 4x10-5 s-1.  
The 292 K analyses (b, d, f) include wind direction (arrows), isotach (ms-1, dot-dashed), and selected isobars 
(mb, solid). Source:  Uccellini et al (1987). 
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Fig. 1.10   Water vapor infrared imagery from the Temperature-Humidity Infrared Radiometer (THIR) on 
Nimbus 7 for a) 1802 UTC 18 February and b) 1637 UTC 19 February 1979.  Gray scale for 1637 UTC (b) 1.4 
W m-2 sr-1 in driest air (darkest gray shade) south of cyclone, 1.2 W m-2 sr-1 in dry slot near L, and 0.3 W m-2 sr-1 
in cloud regime north of cyclone center.  Similar scale used for (a).  The L in (b) indicates estimated position of 
surface low for 1500 UTC 19 February 1979.  Source:  Uccellini et al (1985). 
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Fig 1.11   A collection of six 36 h trajectories computed forward from 1200 UTC 18 February 1979.  Trajectory 
numbers (1-6, bold) are placed at 12-hour intervals along the trajectory.  Large dots mark 3-hour positions.  
Pressure (mb) and speed (ms-1) are given inside parenthesis at 12-hour intervals.  The “L” denotes position of 
surface low at 1200 UTC 19 February 1979.   Source:  Whitaker et al (1988). 
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2. Model Description and Experiment Design 
 
2.1 Experiment Design 
 
 
 A mesoscale numerical model is used in this study to diagnose the multi-scale 

processes contributing to the excessive precipitation amounts in western Maryland.  While 

observational data, for example upper-air analyses generated from the U.S. RAOB network, 

wind profilers, and 2km NOWRAD data (to be discussed in detail in Section 2.2) were 

analyzed when available, the limited spatial coverage and resolution and/or temporal 

coverage of these sources of data makes the use of a mesoscale numerical model essential for 

this study.  The model chosen for this study is the Non-hydrostatic Mesoscale Atmospheric 

Simulation System (NHMASS) version 6.3 (Kaplan et al. 2000; MESO Inc. 1994).  

Turbulent Kinetic Energy (TKE) PBL physics (Therry and Lacarrerre 1983), mixed-phase 

moisture physics (Lin et al. 1983; Rutledge and Hobbs 1983) and the Kain-Fritsch cumulus 

parameterization scheme (Kain and Fritsch 1993) were used in all simulations performed.  A 

more detailed description of the specifications of MASS version 6.3 and the various settings 

used in the simulations performed can be found in Table 2.1. 

  A one-way nested grid approach was used in this study, with an initial coarse grid of 

18 km horizontal spacing and nested grid resolutions of 6 km, 2 km, 667 m, and 222m.  The 

grid matrices used for the simulations were 162x162, 153x100, 200x125, 127x127, and 

162x162, respectively, with the 667 m (222m) domain center position within the 2 km 

(667m) grid domain chosen using an early version of an autonest program which centers the 

nested domain on the highest turbulence prediction indices (Kaplan et al. 2005).  All model 

runs were performed with 90 vertical levels with staggered spacing (high resolution in the 

PBL and lower stratosphere), with the upper boundary of the model set at 10 hPa.  This 

higher model top setting was employed for experimental runs with a stratospheric turbulence 

prediction system and retained for these model runs due to the improved simulation of 

precipitation across the northern Mid-Atlantic U.S.  The depth of upper-level divergence in 

this case study, extending well into the lower stratosphere, is believed to be the primary 

reason for why the higher model top simulations performed better than their standard 100 

hPa – top counterparts, based on a heuristic precipitation validation (not shown).  Increased 
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mass evacuation in the lower-stratosphere appears to have allowed for deeper/stronger 

vertical motion and consequently better precipitation simulations than a lower lid version of 

the model.  All of the simulations were run in non-hydrostatic mode.  A separate hydrostatic 

simulation with grid spacing of 36 km was completed to perform parcel backward 

trajectories far enough back in time in an effort to completely isolate the various airstreams 

impacting the region of interest, while still maintaining a reasonable computational expense.  

Domain positions for the 36 km, 18 km, and 6 km nests are indicated in Fig. 2.1a, and for the 

2 km, 667 m, and 222m domain locations, see Fig. 2.1b. 

 The 18 km and 36 km simulations were initialized with NCEP reanalysis data which 

was reanalyzed with rawinsonde as well as ASOS data. Subsequent nests of the 18 km 

simulation utilized output from the previous nest (i.e. the 18 km output was used for the 6 km 

nest) for the initial state and lateral boundary conditions.  An 18 km simulation was 

performed with ETA analysis for the initial and boundary condition data and proved to be a 

much poorer simulation in terms of precipitation amounts and position.  The NCEP 

reanalysis is a gridded dataset using available rawinsonde, profiler, satellite, radar and 

surface observations employing a 3-D Optimal Interpolation (3DOI) scheme (Daley 1991) 

and proved to be a better initial analysis than the ETA analysis.  A detailed description of the 

NCEP Reanalysis Project dataset can be found in Kalnay et al. (1996).  The NCEP reanalysis 

data was augmented by surface and upper-air data in generation of first-guess fields, although 

this was most likely little more than redundant as a higher order OI scheme had already 

ingested these data sources into the NCEP data. 

 Two sensitivity experiments were performed in order to isolate the impact of specific 

processes hypothesized to be important in generating the excessive totals of precipitation 

observed across the region of interest.  The first sensitivity test involved the impact of the 

underlying terrain ridges on the simulated precipitation and was performed by smoothing the 

model-generated terrain field prior to running the simulation.  A 9-point smoother was run 50 

times over the 18 km coarse terrain field, and this smoothed terrain was passed on to each of 

the subsequent nests described earlier in this section (with the exception of the 222 m nest).  

The smooth terrain simulations were identical to the control simulations with the exception 

of the smoothed terrain field. 
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 The second sensitivity experiment was performed in order to investigate the role of 

latent heating (released by condensation as well as absorbed by evaporation) in the evolution 

of upper- and lower-tropospheric processes crucial to the generation of heavy precipitation in 

the region of interest.  The impact of diabatic heating in the formation of low-level jets has 

been shown to be important in prior studies of heavy cool-season precipitation and coastal 

cyclogenesis (Uccellini et al 1984, 1987; Uccellini 1990) as well as on upper tropospheric jet 

streaks (Keyser and Johnson 1984; Wolf and Johnson 1995).  The removal of latent heating 

was accomplished by omitting terms in the thermodynamic energy equation involving 

evapotranspiration.  Additionally, both grid-scale and convective parametrization (CP) 

schemes were deactivated in the model.  This experiment was performed solely for the 36km 

simulation in order to run dry parcel trajectories.  

  

2.1.1 Trajectory Analysis 
 

 Parcel trajectories were generated in an effort to investigate the origin of air parcels 

present in the simulation over the region of interest during the phase of heaviest snowfall 

over western Maryland and to understand the impact of the various environments through 

which the parcels pass.  Model trajectories were performed using the Mesoscale Atmospheric 

Simulation System Trajectory  (MASSTRAJ) software package (Rozumalski 1997).  

MASSTRAJ is a three-dimensional trajectory model using model simulated mass and 

momentum fields to retrace (back trajectories) or forecast (forward trajectories) the path of 

an air parcel.  A more complete description of MASSTRAJ and the assumptions made in 

calculating trajectories can be found in Cetola (2003). 

 

2.2 NHMASS Coarse Simulation Validation 
 

 Simulated 300 hPa, 700 hPa, and 850 hPa isobaric analyses from a coarse (FULL18) 

simulation will be compared to observational synoptic analyses in order to lend credibility to 

the coarse simulation results and consequently the finer-scale grid-meshes that are more 

difficult to validate due to the lack of asynoptic data available in the region of interest.  At 
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each of the levels considered, the simulation results compare favorably with the upper-air 

analyses.  The position of the closed 850 hPa low west of the Mississippi River Valley at 

16/0000 is well simulated in position and intensity within the FULL18 simulation [Fig. 2.2].  

Other synoptic features, such as the ridge over the southeastern U.S., the arctic frontal zone 

across the northeastern U.S. and the continental frontal zone across the southern mid-Atlantic 

and Ohio River valley, are well produced in both intensity and positioning.  At 700 hPa, the 

observed closed low across eastern Kansas [Fig. 2.3a] is simulated as a narrow open trough 

[Fig. 2.3b], with nearly identical amplitude, position, and tilt.  As with the 850 hPa analysis, 

the southeastern ridge is well replicated, with the simulated continental front well produced.  

The 8 oC difference in temperature between Pittsburgh, Pennsylvania (PIT) and Buffalo, New 

York (BUF) present in the upper-air analyses, indicative of a strong thermal gradient between 

these two rawindsonde sites, suggests that the simulated position of the arctic front at 700 

hPa may be a bit too far north.  The surge of southerly momentum evident in the observed 

analysis from central Mississippi to central Tennessee is shifted a bit to the northeast relative 

to the observations.  The 50 knot maximum in central Mississippi in the observed 700 hPa 

analysis is not reproduced by the FULL18 simulation, although the isolated nature of the 

report makes a more thorough comparison impossible.  Overall, the simulated 700 hPa 

features are in reasonable agreement with the observed dataset. 

 At 300 hPa, the location of the open trough in the lee of the Front Range in the 

FULL18 simulation [Fig. 2.4b] compares favorably with the upper-air analysis.  The position 

and strength of the subtropical jet west of the Mississippi River valley in the upper-air 

analysis and the polar jet entrance region in the northeast U.S. are reasonably well simulated 

(although the latter jet is underestimated generally by 10-25 kt).  Additionally, the 

southeastern ridge as well as the thermal fields at the 300hPa layer are consistent between the 

observed and simulated analyses.  Last to be considered, a comparison of 24 h accumulated 

precipitation ending 16/1200 from a 12 km resolution rain-gauge analysis [Fig. 2.5a] and the 

coarse FULL18 simulation [Fig. 2.5b] is utilized to emphasize the proper simulation of the 

large-scale dynamics.  The analysis has been objectively analyzed from rain-gauge datasets 

using a least squares scheme.  More information on this daily precipitation analysis can be 

found in Yarosh et al (2000).  The squall line [see Fig. 1.7] evident in the rain-gauge analysis 
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is well simulated, although approximately 200 km too far west; such a time delay though is 

not uncommon to mesoscale models.  The simulation of the band of intense convection over 

Tennessee and Kentucky is about 25 mm too weak and again shifted to the west relative to 

the observed dataset.  The simulated large-scale precipitation pattern does appear to have 

been replicated well overall, and in coordination with the isobaric analyses lends support to 

the NHMASS coarse simulation results. 
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Table 2.1  MASS model (version 6.3 ) characteristics 
 
MODEL NUMERICS 
 

• Non-hydrostatic primitive equation model with hydrostatic option (used for 36 km 
run) 

• 3-D equations for u, v, T, q, and p 
• Cartesian grid on a polar stereographic map 
• Sigma-p terrain-following vertical coordinate system 
• Vertical coverage from ~10m to 29600m 
• Energy-absorbing sponge layer near top of domain 
• Fourth-order horizontal space differencing on an unstaggered grid 
• Split explicit time integration schemes (a) forward-backward for the gravity mode 

and (b) Adams-Bashforth for the advective mode 
• Time-dependent lateral boundary conditions 
• Positive-definite advection scheme for scalar variables 
• Massless tracer equations for ozone and aerosol transport 

 
INITIALIZATION 
 

• First guess/lateral boundary conditions from NCEP Reanalysis data for 36-km and 
18-km runs 

• First guess from next larger-scale simulation for 6-km and downscale nests 
• High resolution terrain database derived from observations 
• High resolution satellite or climatological sea surface temperature database 
• High resolution land use classification scheme 
• High resolution climatological subsoil moisture database derived from antecedent 

precipitation 
• High resolution normalized difference vegetation index 

 
PBL SPECIFICATION 
 

• 1.5-order Turbulence Kinetic Energy PBL parametrization 
• Surface energy budget 
• Soil hydrology scheme 
• Atmospheric radiation attenuation scheme 

 
MOISTURE PHYSICS 
 

• Grid-scale prognostic equations for cloud water and ice, rainwater, and snow (Lin et 
al 1983; Rutledge and Hobbs 1983) 

• Kain-Fritsch (1993) convective parameterization scheme 
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Table 2.2  Summary of MASS Simulations performed 

 
 
 
 * DRY runs differ from FULL simulations in that diabatic heat absorption or release due to 
evaporation and condensation has been omitted.  Sensible heating remains intact in all 
simulations. 
** DRY36 performed in order to construct adiabatic trajectories. 
 
 
 
 
 
 
 
 

 

 

 
  
 

Initialized 
(UTC) 

Resolution 
(km) 

Grid 
Dimensions 
(x,y,z) 

Duration
(Hours) 

Modifications Hydrostatic 
/ Non-
Hydrostatic 

Simulation 
Name 

02/14/03 
1200 

36 95,114, 90 72 None H FULL36 

02/14/03 
1200 

36 95,114, 90 72 Dry * H DRY36** 

02/15/03 
1200 

18 162,162,90 60 None NH FULL18 

02/15/03 
1200 

18 162,162,90 60 Smooth Terrain NH SMOOTH18 

02/16/03 
1800 

6 153,100,90 18 None NH FULL6 

02/16/03 
1800 

6 153,100,90 18 Smooth Terrain NH SMOOTH6 
 

02/16/03 
1830 

2 200,125,90 9 None NH FULL2 

02/16/03 
1830 

2 200,125,90 9 Smooth Terrain NH SMOOTH2 

02/17/03 
0100 

0.667 127,127,90 2 None NH FULL667 

02/17/03 
0100 

0.667 127,127,90 2 Smooth Terrain NH SMOOTH667 

02/17/03 
0100 

0.222 162,162,90 0.75 None NH FULL222 
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Fig. 2.1 Comparison of NHMASS grid meshes:   a ) 36 km Domain (light shading), 18 km and 6 km grid 
meshes (medium and dark shading, respectively) b) 6 km Domain (darkest shading), 2 km, 667 m, and  222 m 
grid meshes (lightest shading). 
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Fig. 2.2  850 hPa height (m), temperature (oC), and wind (kt) valid 0000 UTC 16 Feb 2003 from (a) NMC 
analysis, and (b) FULL18 simulation. 

a 

b 
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Fig. 2.3  700 hPa height (m), temperature (oC), and wind (kt) valid 0000 UTC 16 Feb 2003 from (a) NMC 
analysis, (b) FULL18 simulation 

a 

b 
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Fig. 2.4  300 hPa height (m), temperature (oC), and wind (kt) valid 0000 UTC 16 Feb 2003 from (a) NMC 
analysis, (b) FULL18 simulation.  Approximate positions of subtropical jet indicated by black ovals in each Fig. 
(determined from geostrophic wind fields, not shown)  

a 

b 
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Fig. 2.5   24-hour accumulated precipitation [mm] ending 1200 UTC 16 Feb 2003 from a) 12 km rain-gauge 
analysis produced from objectively analyzed rain-gauge dataset (courtesy NCEP), and b) FULL18 simulation. 
 

a 

b 
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3.  Synoptic to Meso-Alpha Scale Motions During the 2003 
Presidents’ Day Event 
 
 
3.1  Introduction 
 

Extreme winter weather events, such as the 2003 Presidents’ Day winter storm can 

significantly impact regional and local economies, disrupt transportation as well as utility 

networks, and pose serious threats to the safety and welfare of the public.  Specific local 

effects of heavy snowfall can include but are not limited to: airport closings, disruption of the 

transport of goods into local areas, and the delay of critical medical services to those in need.  

The costs of snowfall removal, damage repairs, and the loss of business can severely affect 

the economies of towns and cities (NOAA/NWS 2001).  While overall prediction of snowfall 

during winter storms has improved over the past 10 years (Waldstreicher 2004) along with 

the overall reduction in quantitative precipitation forecast (QPF) errors (HPC/NCEP 2001), 

the forecasting of locally extreme amounts of snowfall remains poor.  The scales of motions 

critical to the formation of local snowfall extrema are too fine to be resolved in current 

numerical models run operationally, and the complex non-linear interaction of multi-scale 

circulations limits the ability of most forecasters to provide advance notice of extreme 

snowfall totals to the public. Additionally, forecasters rarely have model data at fine enough 

temporal intervals to capture the brief bursts of heavy snowfall often lasting 1-2 hours or less.  

Lastly, mesoscale bands of subsidence typically limit snowfall in certain regions, reducing 

the credibility of extreme snowfall forecasts and preventing snowfall removal and emergency 

services from focusing resources in areas that are most in need. 

 The above description of the 2003 Presidents’ Day event as an extreme winter 

weather event is not a misnomer: the amount of precipitation that was reported in regions of 

northeastern West Virginia and western Maryland with temperatures of –5 to  –10 degrees 

Celsius would have been respectable for a warm season event with many times the amount of 

precipitable water present than in this case. As seen in Fig. 1.1, meltwater precipitation totals 

exceeding 76 mm were observed across portions of northeastern West Virginia with amounts 

in Garrett County MD varying between 45 and 75 mm.  Snowfall reports across western 
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Maryland, while relatively scarce owing to the limited population, did approach 100 cm.  

With the precipitation totals observed and the surface reports of temperature and/or 

precipitable water of an arctic nature, significant magnitudes of upward vertical motion 

would have been required to cool air parcels and condense the quantities of liquid that fell to 

the ground across the region of interest. 

 This first chapter will assess the synoptic to meso-α scale circulations observed and 

then simulated during the event, setting the foundation for the finer scale circulations that 

will be discussed in the subsequent chapters.  The motivation for this chapter becomes clear 

when one considers the available literature. In the review of upper-level frontal zones by 

Keyser and Shapiro (1986), vertical circulations inherent with upper jet/front systems are 

noted to be components in the development and organization of cloud and precipitation 

systems in the mid-latitudes.  The evolution of an upper-tropospheric jet streak during the 

1979 Presidents’ Day event as well as a low-level jet streak, in part forced by the upper-level 

jet streak, played a significant role in both initial cyclogenesis during the event and a period 

of heavy snowfall in the mid-Atlantic U.S (Bosart and Lin 1984; Uccellini et al 1984, 1987).  

The evolution of upper-level jet/front systems has also been noted to play roles in gravity 

wave generation (Van Tuyl and Young 1982, Uccellini and Koch 1987; Koch and Dorian 

1988, among others) and is important to forecasts of clear air turbulence (Reiter and Nania 

1964; Kennedy and Shapiro 1975, among others).  

 This chapter is organized as follows: Section two contains an analysis of the 

observational data and comparison of the synoptic features to those present during the 1979 

Presidents’ Day Event.  Model verification analyses will also be presented in that section.  In 

Section three, numerical simulation results will be presented in order to assess (1) the origin 

of two low-level jets observed in this case impinging on the region of interest prior to the 

development of heavy snowfall, and (2) the state of balance within a sub-tropical jet streak 

and the apparent impact of unbalanced flow on the vertical motion profiles over the region of 

interest.  Section four will summarize the synoptic to meso-α findings.  

 

3.2 Observational Analysis 
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 At 16/0000, heavy precipitation is observed on Doppler radar in a band from central 

Virginia westward through the Ohio Valley into eastern Arkansas [Fig. 3.1].  A line of strong 

convection is also noted from Louisiana to northern Alabama.  Through the next 12 to 24 

hours, a band of light to moderate precipitation develops within the CAD region from 

northeastern West Virginia to southern New Jersey.  Throughout the event, the heaviest 

precipitation amounts falling as snow occur from northeastern West Virginia to western 

Maryland, with 24-hour meltwater totals ending at 17/1200 exceeding 75 mm [Fig. 1.1].  It is 

hypothesized that different lifting mechanisms combined in this area to produce a favorable 

environment for heavy precipitation.  Elsewhere, totals of greater than 30 mm were common 

from northern Virginia and northeastern West Virginia into extreme southern New England.  

Comparing the precipitation patterns of the 1979 (not shown) and 2003 Presidents’ Day 

events (Fig. 3.1), one finds the region of significant snowfall to be shifted further north in the 

latter event with one apparent period of heavy snowfall.  In the former event the snowfall 

occurred in two phases and was about 250 km further south than with the 2003 event 

(Uccellini et al 1984).  The positioning of the two upper-tropospheric air streams discussed 

briefly in section 1.1 and the lack of rapid cyclogenesis later in the course of the second event 

in the vicinity of the eastern U.S. can be shown to explain these precipitation pattern 

differences.  

The subtropical jet [STJ] during the 2003 event discussed in Section 2.1 was oriented 

from northern Mexico toward the mid-Atlantic U.S.  The polar jet [PJ] was observed from 

the central Canadian provinces eastward to a confluent zone with the STJ, with a resultant 

isotach maximum over upstate New York and northern New England [Fig. 3.2a].  Comparing 

the jet positions 12-24 h prior to the period of heaviest snowfall (1979, 2003) and rapid 

cyclogenesis phase (1979), one notices that the orientation of the two air streams is 

drastically different between the two cases.  The STJ in the 1979 event [Fig. 3.2b] was 

directed from eastern Texas toward the mid-Atlantic with the PJ directed across the northern 

tier of the U.S. with a shortwave trough located in the upper Midwest.  As will be shown 

shortly, the stronger meridional component of the STJ in the 2003 event (despite stronger 

STJ total winds in the 1979 analysis) would become crucial to the formation of a strong low-

level jet directed from the south and southwest toward the mid-Atlantic U.S.  The shortwave 
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embedded within the PJ noted in the 1979 analysis (and associated intrusion of high potential 

vorticity air) have been shown to have been critical in the rapid deepening phase of the 

surface cyclone near the East Coast during that case (Bosart and Lin 1981; Uccellini et al 

1985, 1988).  The apparent lack of such a feature in the 2003 event provides one reason for 

the lack of rapid cyclogenesis close to the coast in this case.  In addition, the strongly 

negative tilt of the STJ during the 2003 event, relative to the 1979 event, was more conducive 

to unbalanced flow (as opposed to balanced circulations).  The result was that mesoscale 

circulations were favored more during the 2003 event than the 1979 event, underscoring the 

importance of detailed mesoscale analyses in understanding those processes contributing to 

heavy snowfall during the 2003 Presidents’ Day storm. 

Of great importance to this research is the observed development of two lower-

tropospheric jet streaks, strongly tied to the aforementioned upper-tropospheric jets, and their 

propagation toward the region of interest.  The interaction of the two jet/front systems and 

the finer-scale circulations that develop, in part due to the presence of the two low-level jets, 

are hypothsized to be crucial to the extreme snowfall that occurred over the region of interest 

during this second event.  The progression of the easternmost low-level jet (henceforth, the 

maritime low-level jet) can be seen in the 850 hPa analysis from NOAA/NCEP valid 16/1200 

[Fig. 3.3a] and 17/0000 [Fig. 3.3b].  At Wallops Island, Virginia (WAL), a 28 m/s 

southeasterly wind is observed at 17/0000 where only 12 hours earlier a 13 m/s wind was 

reported.  The representation of the low-level jet in the 850 hPa analyses does not show the 

actual scale of the feature, for this reason vertically profiling radar data (profiler data) proves 

invaluable. 

Observing the Richmond, VA (RIC) profiler data between 16/2130 and 17/0900 [Fig. 

3.4a], an easterly wind maximum with vertical extent of no more than 1 km can be seen over 

the location between 17/0000 and 17/0600.  Wind values in the jet max are on the order of 30 

ms-1; strong speed and directional shear exists above and below the feature with values of 

shear approaching 20 ms-1 over 1 km.  Comparing the RIC wind profile between 16/2100 and 

17/0300 to that at Raleigh, North Carolina (RDU) [Fig. 3.4b] and Fort Meade, Maryland 

(FME) [Fig. 3.4c], it is quite apparent that the maritime low-level jet is an exceptionally 

narrow feature, with wind speeds on either side of east central Virginia substantially weaker. 



 44

The direction of the jet can also be gleaned from the RIC profiler image, with the wind 

directions in the core of the jet from nearly due east.  The direction of the jet would become 

important as the wind maximum approached the Appalachian Mountains, with the angle of 

the jet relative to the axis of the highest terrain playing a significant role in the precipitation 

intensity over the region of northeastern West Virginia to southwestern Pennsylvania [see 

terrain overlay in Fig. 1.1].  The impact of a similar jet/front system during the 1979 event 

was diagnosed to have included organizing an initial cyclogenesis phase (Bosart 1981, 

Uccellini et al 1987).  This feature also forced moisture transport and low-level convergence 

resulting in a period of heavy snowfall prior to rapid cyclogenesis (Uccellini et al 1984). 

Associated with the surface anticyclone discussed in section 2.1 was the region of 

confluence in the mid- and upper- troposphere of the polar and subtropical air streams, with 

the anticyclone centered at the base of the descending branch of a secondary circulation [e.g., 

see ageostrophic vectors in Fig. 1.2] in the entrance region of the confluent jet streak seen on 

the 300 hPa surface at 16/1200 [Fig. 3.2a].  Major cold air damming was present to the lee of 

the Appalachians north of a frontal zone, as seen in Fig. 2.3b, marking the separation 

between the cold dry airmass to the north and unseasonably warm moist conditions over the 

southeastern U.S.  The combination of a direct secondary circulation in the PJ entrance 

region and a strong pressure gradient between the aforementioned surface anticyclone and a 

deepening coastal front trough will be shown through results from MASS model simulations 

to be the forcing for a maritime low-level jet observed below 850 hPa during this event. 

The second low-level jet to be diagnosed during this event is the continental jet, a jet 

streak transporting an air mass originating above the Front Range of the Rockies and whose 

lowest layers were subsequently significantly modified by its interaction with the Gulf of 

Mexico.  At 14/1200 one can observe a region of lower Montgomery streamfunction 

(Ψ, analogous to lower heights on an isobaric surface) on the 302 K isentropic surface near 

the 800-700 hPa layer from central Texas northward to western Kansas [Fig. 3.5b], with a 

locally stronger Ψ gradient from southeastern Kansas to northeastern Texas.  Consistent with 

the stronger Ψ gradient is a geostrophic wind maximum (not shown) and total wind speeds of 

about 20 m/s across eastern Oklahoma and Texas eastward into the Tennessee Valley.  The 

700 hPa analysis at 14/1200 [Fig. 3.6] reveals the effects of the westerly flow downsloping 
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off of the Front Range with adiabatic warming and drying producing a tongue of warmer air 

with dewpoint depressions greater than 7 C from southern Texas to western Kansas.  One 

also notices the impact of adiabatic compression off of the Sierra Madre Oriental Range in 

eastern Mexico and horizontal advection of the continental airmass, with dewpoint 

depressions exceeding 20 C along the western Gulf coast.   This is most evident at 

Brownsville, Texas (BRO), where the dewpoint depression exceeds 30 C (denoted by X in 

NMC analysis). 

The approach of a weak lower-tropospheric disturbance to the Front Range between 

14/0000 and 14/1200 [Fig. 3.7] likely resulted in adiabatic compression, and in combination 

with sensible heating in the lee [Fig. 3.8], lower heights formed near 850 hPa.  This enhanced 

the local pressure gradient directed towards the north and helped in forcing a low-level jet 

and modified “continental” airmass.  This process is similar to that diagnosed by Rozumalski 

(1997) in forcing a Mid-tropospheric Unbalanced Front (MUF) prior to a case of rapid 

cyclogenesis.  Due to weaker sensible heating and cross-mountain advective forcing in this 

case study, the magnitude of the front (and jet streak) is weaker than in Rozumalski’s study.  

The combination of lower-tropospheric warming across the Mexican plateau and the 

southern Front range (i.e. development of the continental airmass) also contributed to 

significant height rises in the mid- and upper-troposphere, although the simultaneous 

presence of convection and warm-air advection precludes a more thorough assessment of the 

impact of adiabatic compression and surface sensible heating in the lee of the Front Range.  

With the approach of a negatively-tilted subtropical jet streak toward a region of increasing 

heights and perturbed pressure gradient, the potential for unbalanced flow increased 

downstream.  This unbalanced mid- and upper-level flow will be shown to be critical due to 

its contribution to the development of the continental jet streak. 

The existence of strong convection near the Mississippi and Tennessee River valleys 

during the following 36-60 h raises the possibility of modification of the continental jet by 

convectively-driven circulations as it propagated eastward and northeastward.  While the lee 

trough on the 302 K surface amplified and the low-level flow backed toward a more 

southerly direction, the direction of low-level winds to the left of the height contours [see 

Fig. 3.5b] indicates the presence of ageostrophic circulations.  The meso-alpha to meso-beta 
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scale of convectively driven circulations requires the use of MASS simulation data to 

diagnose the modification process and actual impact of convection on the jet/front system.  

The impact of the Gulf of Mexico can be clearly seen in the 302 K equivalent potential 

temperature [θe] analysis from the upper-air network [Fig. 3.9], in which a tongue of high θe 

air can be seen directed toward southern Tennessee at 16/0000 [Fig. 3.9a] and into 

southeastern Kentucky by 16/1200 [Fig. 3.9b].  θe is a widely used proxy for moisture 

analyses, where moisture increases with increasing θe (Holton 2004; Wallace and Hobbs 

1977).  This modified continental airmass subsequently became superimposed over the low-

level airmass undergoing cold-air damming.  This will be discussed in Chapter 4. 

 

3.3 MASS Coarse Simulation Results 
 
 

MASS coarse (36 km) simulation results will now be used in order to elucidate the 

process through which the synoptic-scale polar and subtropical air streams contributed to the 

formation of two meso-alpha scale low-level jet/front systems.  To appreciate the need to 

employ the coarse mesh simulated fields to diagnose the factors resulting in the relatively 

long period process involving the confluence of the two jet/front systems, one has to only 

consider the NHMASS 6 km simulated cross-section of wind and potential temperature at 

17/0000 [Fig. 3.10].  One notices northeast of the highest terrain the superposition of a 

maritime jet maximum below approximately 850-hPa and a southwesterly (continental) jet 

maximum from about 800-hPa to 600-hPa.  The structure noted in the cross-section is in 

excellent agreement with that noted in a similar cross-section through interpolated upper-air 

network data (not shown).  This apparent state of the wind will be shown in subsequent 

chapters to be critical to the production of heavy snowfall in the region of interest.  The first 

low-level system to be considered is the continental jet [“C” in Fig. 3.10], the warm (and 

moist) flow of air noted to be propagating generally from the west and southwest and 

observed to overrun the dense arctic air seen in the northeastern third of the cross section 

below 850-hPa.  Within this section, the origins of the jet/front system will be discussed as 

well as the mutual interaction with convection in the Ohio and Mississippi river valleys as it 

propagated toward the mid-Atlantic. 
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3.3.1 Continental jet formation 
 
3.3.1.a Front Range continental jet source 

 

As discussed within the review of observational data, 850 hPa lee cyclone 

development occurred between 14/0000 and 14/1200.  For computational efficiency, the 

earliest simulation was initialized at 14/1200. As such, observational data is required to 

evaluate the embryonic stage of continental jet/front development.  Considering the 302 K 

isentropic upper-air analysis at 13/0000 (not shown), one discovers a disturbance propagating 

along the top of a ridge along the Pacific coast.  Through adiabatic compression/vortex 

stretching (Holton 2004), heights in the lee of the Front Range lower and lee cyclogenesis 

take place [compare Figs. 3.5a and 3.5b] in concert with this propagating disturbance/trough.  

By 14/1800, FULL36 (see Table 2.2 for summary of simulations) simulated 302 K 

Montgomery streamfunction (Ψ) decreased throughout the Midwest U.S., with the 3032 

m2/s2 Ψ contour noted to move south over the Texas panhandle [Fig. 3.11a] from its position 

at 14/1200 (not shown).  By 15/0000 [Fig. 3.11b], simulated Ψ had increased from 

approximately the Oklahoma panhandle northward while Ψ over northwestern Texas had 

remained steady.  One apparent reason for this development was an increase in sensible 

heating over western Texas due to the clearing noted in satellite imagery having taken place 

between 14/1515 and 14/1815 [Fig. 3.8].  Sensible heating impacting the lower troposphere 

contributed to thickness increases and, hydrostatically, lower near surface tropospheric 

heights.  The impact of the sensible heating can be seen in the lack of analyzed data in 

western Texas, as the diabatic heat source led to the 302 K surface becoming depressed and 

in fact impacting the surface.  The simulated 302 K analysis at 15/0000 is in good agreement 

with the upper-air analysis, although the values of Ψ over the TX and OK panhandles are 

analyzed slightly lower in the upper-air analysis, consistent with a lack of clearing and 

enhanced surface heating (and hydrostatically, lower 800-850hPa heights) in that region in 

FULL18.  
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 The impact of the lee cyclogenesis on the total wind field is quite evident in Fig. 3.11, 

with southwesterly winds from eastern TX northeastward to Missouri, while winds become 

more westerly further east over the Tennessee and Ohio River valleys.  The leeside trough 

can be understood as one momentum-generation source, which, while at 15/0000 is 

weakened somewhat, is still an appreciable source for continental jet development and 

maintenance.  The second source of southwesterly momentum is evident in Fig. 3.11b, 

wherein flow backs from approximately 240 degrees over Arkansas and Oklahoma to closer 

to 200 degrees over east Texas and the remainder of the Gulf coast.  This southerly wind 

field is closely tied to the subtropical jet streak mass adjustments, and to understand the 

continental jet streak development an analysis of the secondary circulations associated with 

the synoptic scale jet streak must be considered.  

 

3.3.1.b Subtropical jet influencing the continental jet source 
 

3.3.1bii Unbalanced flow assessment 
 

In contrast to the straight jet streak model discussed in Section 1.2.1, the circulation 

structure within the exit region of the STJ was not a simple indirect circulation as is shown in 

Fig. 1.2.  Instead, adiabatically- and diabatically-forced thickness perturbations would alter 

the exit region circulation within the STJ and consequently impact the low-level wind field.  

The presence of the aforementioned low-level warm pool prior to the breakout of convection 

in the southern Plains and Mississippi river valley as well as the tremendous quantities of 

latent heating released by the convection [e.g. Fig. 3.1] would hydrostatically force height 

rises in the mid- and upper-troposphere and perturb flow balance.  Before discussing the low-

level jet development, the state of balance within the STJ will be described and a series of 

tests for upper-level flow imbalance will be presented. 

Fig. 3.12a indicates the subtropical jet streak position (as determined from the 

geostrophic wind field) to be over western Mexico very near the western domain, with 

eastern Texas and Louisiana underneath the jet exit region.  The most significant feature of 

Fig. 3.12a is the disagreement between the total and geostrophic wind fields, with the 

maximum of total wind speed along the Texas/Louisiana border, a discrepancy of 
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approximately 1600 km.  This implies that within the exit region of the STJ, the advection of 

geostrophic momentum by the total wind is not equal to the advection of total momentum by 

the total wind, i.e., 

                                                   gVVVV
rrrr

∇•≠∇• ,                                                 (3.3.1) 

This relationship has been indicated by Uccellini and Koch (1987), Koch and Dorian (1988), 

and Kaplan et al. (1997) to be consistent with unbalanced conditions in the exit region of a 

mid- to upper-tropospheric jet-front system.  A more thorough evaluation of the state of 

balance is required since, as Rozumalski (1997) states, the classification of a jet/front system 

(such as the STJ) as unbalanced signifies that the frontal zone can be evaluated differently 

from those jet/front systems whose secondary circulations can be described by balanced jet 

dynamics.  

 The evolution of a parcel traveling within the subtropical jet streak exit region over 

eastern Texas will be assessed to evaluate the state of balance in that region and lend 

credibility to the evaluation of unbalanced flow in Eulerian space as just discussed.  Fig. 

3.13a retraces the portion of the path of a FULL36 parcel (parcel F200
1 in Table 3.1) (arriving 

over southern Virginia at 200 hPa at 16/0300) during its transit through and out of the 

subtropical jet exit region over eastern Texas.  Evident is the period from 15/1515 to 

15/1815, during which time the ageostrophic wind is directed at a large angle to the left of 

the total wind vector, a crucial point when considering the parcel’s position within the STJ 

exit region [Fig. 3.14].  As described in Section 1.2.1, balanced straight jet theory describes 

an upper-level ageostrophic branch directed toward the warm air in the exit region.  The 

branch of ageostrophic motion over eastern Texas in the STJ exit region during this event is 

in clear contradiction to this theory.  Another significant aspect of the parcel’s evolution 

during this time was the subsequent acceleration of the total wind during the period of time 

the parcel geostrophic wind speeds were decreasing, consistent with the total and geostrophic 

wind fields being out of phase.  It should be noted that in this region, the flow was relatively 

straight and as such the impact of curvature on parcel accelerations may be neglected.  Parcel 

accelerations due to flow curvature can be explained through gradient wind balance (Holton 

2004, Rozumalski 1997), and the relative absence of flow curvature supports this and the 

following evaluations of unbalanced straight flow. 
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A second indicator of unbalanced flow (specifically with respect to geostrophic wind 

balance) is the existence of large Lagrangian Rossby numbers within an exit region (Koch 

and Dorian 1988), where 

                                                          
Vf

DtVD
R Lo r

r
/

= .                                     (3.3.2) 

For the parcel F200
1 passing through the subtropical jet exit region between 15/1345 and 

15/1700 [Fig. 3.14], the RoL varied (with few exceptions) between 0.54 and 0.87 [Table 3.1].  

Koch and Dorian (1988) defined a transition of the atmosphere to an unbalanced state as 

occurring when RoL numbers greater than 0.5 occur within a region of leftward-directed 

ageostrophic wind in the exit region of a geostrophic wind maximum.  Rozumalski (1997) as 

well as Egentowich (2000) also adopted RoL = 0.5 as a benchmark for unbalanced flow, 

although Egentowich observed simulated values much larger than 0.5 (Ro > 1-2+) in the 

presence of extreme flow imbalance.  Of even greater importance than the actual values of 

RoL is the duration of larger values, approximately three hours for this parcel.  The result of 

the extended period of large RoL is clear with the parcel’s speed increasing from 37.6 ms-1 to 

45.9 ms-1 during the three-hour period, with the greatest instantaneous acceleration, 2.74x10-3 

m/s-2 (not shown) occurring at 15/1530. 

The final verification of unbalanced flow to be performed is an evaluation of the non-

linear balance equation (NBE), a non-divergent form of the divergence tendency equation, 

which is written as 
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where f is the Coriolis parameter, β is the meridional variation of f, ζ is the relative vorticity, 

J is the Jacobian operator, and φ is the geopotential height.  Paine et al. (1975) noted a 

“breakdown” of the NBE to occur when the sum of the vorticity term (1), the Jacobian term 

(2), the Laplacian of geopotential term (3), and the beta term (4) was significantly different 

from zero.  Again noting the above parcel’s evolution through the STJ exit region, the period 

15/1500-15/1630 features NBE sums ranging from 0.90x10-8 s-2 to 2.14x10-8 s-2.  Additional 

FULL36 analyses of the individual terms in (3.3.3) between 15/1200 and 17/0000 on the 250 

hPa surface (not shown) reveal that terms (1) and (2) are large and of the same sign across 
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eastern Texas north and east into the Mississippi River Valley during the 36 hour period, and 

not sufficiently compensated for by term (3).  Zach and Kaplan noted this situation 

frequently is associated with large increases in upper-tropospheric divergence.  NBE analyses 

from a number of simulations successively decreasing in scale (not shown) indicate that 

terms (2) and (3) begin to dominate (and exist out of phase) as scale decreases, consistent 

with findings of Kaplan and Paine (1977).  Rozumalski (1997), in numerically simulating a 

case of mesoscale jetogenesis during a March rapid cyclogenesis case, noted NBE sums of 

3.5x10-8 s-1 - 4.5x10-8 s-1 within the exit region of a meso-α scale jetlet.  With the fact that the 

applicability of the assumptions made in deriving the balance equation diminishing with 

decreasing scale in mind, and therefore that imbalance is more likely for finer-scale 

adjustments (Kaplan and Paine 1977; Moore and Abeling 1988), the smaller (yet still 

significant) values noted for this 36km NHMASS parcel in the exit region of the synoptic-

scale subtropical jet streak appear reasonable. 

3.3.1bii. Sources of flow imbalance 
 
 The role of dry and moist processes in forcing flow imbalance will be assessed 

through use of a dry coarse-resolution simulation (DRY36), identical in all respects to the 

full physics simulation (FULL36) with the exception that both convective and grid scale 

precipitation schemes and evapotranspiration were deactivated in DRY36.  Fig. 3.13b 

retraces the path of one DRY36 parcel (D200
1) arriving over southern Virginia at 16/0300, 

having passed through eastern Texas within the exit region of the subtropical jet.  A 

comparison with Fig. 3.13a reveals that, neglecting the portion of the parcel path over NE 

Mexico/far SW Texas where the parcel was close to the western boundary of the domain, the 

DRY36 parcel experiences a much weaker leftward-directed ageostrophic component over 

the eastern half of Texas.  The impact of moist convection on the parcel therefore appears 

significant, although it is also evident that dry processes (e.g. sensible heating, adiabatic 

compression, and warm-air advection) are also impacting ageostrophic circulations within 

the exit region.   

Moist diabatic heating is likely impacting the parcel in two distinct ways in Fig. 

3.13a.  The first effect occurs when the differential diabatic heating perturbs the mass fields 
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and drives an isallobaric component of the ageostrophic wind.  The isallobaric wind is a 

component of the ageostrophic wind ( agV
r

), where agV
r

 in isentropic coordinates can be 

decomposed (through use of the geostrophic momentum equation) into 

 

 

,      (3.3.4) 
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with Terms A, B, and C representing the isallobaric, inertial advective, and inertial diabatic 

components of the ageostrophic wind, respectively, and where θ&  represents diabatic heating 

and mψ  is Montgomery streamfunction.  The inertial diabatic term is related to the vertical 

advection of momentum through isentropic surfaces and will not be considered here.  The 

mass perturbation effect drives an isallobaric component through modification of gradients of 

mψ (akin to height on an isobaric surface), and represents one component of the ageostrophic 

vector seen in Fig. 3.13a.  The second effect of convection is again related to the mass 

perturbation, though in this case the increased heights in the mid- and upper-troposphere 

affect the parcel’s ageostrophy by decreasing the wavelength of the trough/ridge system and 

not allowing the parcel to decelerate and inertially turn to the right as it approaches the ridge 

crest (Koch and Dorian 1988).  This leads to the parcel propagating toward lower 

streamfunction (or height) and accelerating upon exiting the geostrophic jet streak, similar to 

the process forcing unbalanced flow within the STJ during the 1979 Presidents’ Day Event 

(Uccellini et al 1984).  Recalling (3.3.1), one can see evidence of the error in using Term B 

of (3.3.4) to assess the inertial advective component, since the use of the geostrophic 

momentum approximation in deriving (3.3.4) would yield a rightward directed agV
r

, when in 

fact agV
r

is directed opposite that. 

 Fig. 3.13b clearly indicates that the ageostrophy (directed toward lower 

streamfunction) simulated is not solely due to moist diabatic heating perturbations, as a non-
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negligible leftward directed ageostrophic wind vector develops between 15/1715 and 

15/1815.  Table 3.1 reveals that values of | agV
r

| for parcel D2001 were between 9 and 10 ms-1 

during that time, directed at least 100 degrees to the left of the total wind vector.  A 

comparison of 250 hPa heights between the FULL36 and DRY36 simulations [Fig. 3.14] 

reveals geopotential heights are 50-80 m lower from Arkansas eastward within the DRY36 

simulation, evidence of the impact of diabatic heating on the mass fields.  The mid-level 

ridge is still a significant feature, and in the absence of moist diabatic heating, appears to be 

the source of flow imbalance in the STJ exit region in the DRY36 simulation.  The ridge is 

the very same one identified in Fig. 3.8, having developed 48 hours earlier in the Front 

Range of the Rockies in part due to adiabatic compression and sensible heating, and 

apparently impacting the parcel ageostrophy in Fig. 3.13b in the same way moist diabatic 

intensification of the upstream ridge affected the parcel. 

3.3.1biii. Impact of unbalanced flow on continental jet/front development and maintenance 
 

The important result of the conclusion of unbalanced flow within the STJ exit region 

is the considerable increase in mass flux divergence shown by many studies to be consistent 

with unbalanced flow and large NBE sums (House 1961; Paine et al 1975; Uccellini et al 

1984; Zack and Kaplan 1987).  Fig. 3.12b indicates the presence at 15/1800 of positive mass 

flux divergence greater than 1 kgm-3s-1 from extreme northeastern Louisiana southwestward 

to eastern Texas and then south along the Texas/Louisiana border to the Gulf of Mexico.  

One implication of increased mass flux divergence in the mid- to upper-troposphere is the 

alteration of the low-level mass fields, with the development of lower-tropospheric heights 

underneath an area of positive mass flux divergence.  Also, latent heat release due to 

convection in the region (e.g. Fig. 3.1), supported by upper-level divergence, directly 

produces height falls below the maximum heating in the 300-700 hPa layer (not shown), 

combining with the lower-tropospheric height falls due to upper-level divergence to produce 

maximum height falls in the 700-800 hPa layer.  Apparent in a 700-800 hPa layer 

geopotential height analysis [Fig. 3.15] is the eastward progression of the aforementioned 

low-level trough during the three hours prior to 15/2100, as well as a developing region of 

lower heights from eastern Texas to southern Arkansas.  The alteration of the low-level mass 
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field indicated by the latter region of lower heights leads to an isallobaric component of the 

wind directed from the northern Gulf of Mexico and central Gulf coast states.   

Evidence of this component of the ageostrophic wind is seen in a vertical cross-

section of ageostrophic circulation and potential temperature at 15/2100 from the FULL36 

simulation [Fig. 3.16].  Between 600 and 800 hPa the ageostrophic wind vectors are directed 

toward the northwest over the right half of the cross-section toward a region of rapidly 

ascending air between 800 and 250 hPa.  It should be noted that the coupled state of the 

atmosphere depicted in this cross-section is consistent with findings of Uccellini et al. (1984; 

1987) among others, with a combination of latent heat release and an elevated mixed layer 

consisting of continental air both forcing the mass perturbations in the upper troposphere and 

the resultant adjustments to the low-level flow fields.  The low-level jet impacts the upper-

tropospheric jet through increased warm air advection and moisture transport, promoting 

convection and latent heat release that further perturbs the upper- and lower-level flow.  This 

coupled STJ exit region/continental jet streak would propagate northeastward toward the 

Tennessee River Valley and later western Maryland and northeastern West Virginia.  The 

multiple impacts on precipitation in the region of interest will be discussed shortly. 

Evidence of the impact of the low-level ageostrophic component in Fig. 3.16 is seen 

in a 700 hPa isotach analysis from the FULL36 simulation [Figs. 3.17 (a) and (b)], wherein 

the region of >20 ms-1 winds expands northeastward from the Gulf coast while a small region 

of >24 ms-1 winds is simulated to develop over central Alabama.  Identical analyses from the 

DRY36 simulation [Figs. 3.17 (c) and (d)] reveal wind speeds on the order of 10 ms-1 weaker 

in the Gulf coast region at both times, though with a definite increase in wind speed between 

15/21 and 16/00.  Figs. 3.13-3.14 and 3.17 indicate that moist convection induced mass 

perturbations were not the sole source of low-level ageostrophy and jet development, as 

apparently perturbed upper-tropospheric flow and lower-tropospheric mass adjustments 

developed even in the absence of moist diabatic processes.  A combination of adiabatic and 

diabatic (both moist and dry) processes resulted in the perturbed mass fields that gave rise to 

the low-level ageostrophy.  The low-level ageostrophic component of the wind, through 

inertial rotation, would provide the second source of momentum for the continental jet, in 

addition to the lower-tropospheric lee cyclone discussed earlier.  Additionally, while not 
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considered here, diabatically generated potential vorticity (PV) anomalies associated with a 

cold front in the southeast U.S. [see Fig. 1.4b] may have contributed to the continental LLJ 

development, as a study by Lackmann (2002) of a cold season surface cold front with a 

similar synoptic pattern indicated a 15-40% contribution to LLJ strength from cold-frontal 

PV maxima.   

These momentum sources also transported warm air from the lee of the Front Range 

and the Gulf of Mexico, with the Gulf momentum source also transporting copious moisture 

toward the mid-Atlantic U.S.  Both upper-air network data [Fig. 3.9] and FULL18 moisture 

transport analyses support this claim.  Moisture transport estimations were performed 

following a method outlined in Uccellini et al (1984).  Moisture transport ( Vqρ ) was 

calculated for the 750-800 hPa layer over coastal Mississippi (for the 16/0000 and 16/0600 

calculations) and a portion of the Florida panhandle (for the 16/1200 calculations), where ρ  

is layer mean density, q  is the layer mean mixing ratio, and V  the layer mean wind 

component parallel to the jet axis.  It should be noted that ρ  at 800 hPa ( 800ρ ) was used in 

place of a layer average as 800ρ  and ρ differed by less than 3% in this case.  Values of 

149.2x10-3 kgm-2s-1 were calculated over coastal Alabama at 16/0600, decreasing slightly to 

145.8 x10-3 kgm-2s-1 by 16/1200 over the Florida panhandle [Table 3.2].  Similar values of 

moisture transport were noted over eastern Tennessee, along the path of the continental jet 

(not shown).   These estimates of moisture transport are consistent with those noted for a 

low-level jet near the southeast U.S. coast during the 1979 Presidents’ Day event (Uccellini 

et al 1984) as well as low-level jets in a springtime convective environment (Uccellini and 

Johnson 1979).  As will be discussed in Chapter 4, development of the continental jet/front 

system would, in turn, play a key role in subsequent velocity convergence, confluent 

frontogenesis, and moisture transport critical to heavy mid-Atlantic orographic and non-

orographic precipitation. 

 3.3.2 Maritime low-level jet formation 
 
 Having assessed the series of events leading to continental jet formation, the 

development of the maritime low-level jet will now be assessed.  While the continental jet 
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progression was coupled to mass perturbations in the exit region of the STJ as well as a lee 

trough (depicted on the 302 K surface in Fig. 3.5; shown as a closed cyclone on the 850 hPa 

surface in Fig. 1.3a) propagating through the central and southern plains, development of the 

maritime jet is coupled mainly to the PJ entrance region.  The maritime jet evolution is best 

described through assessment of FULL36 back-trajectories of parcels approaching Garrett 

County from the east near 900 hPa, the primary level of the maritime low-level jet.  For the 

assessment, a box of 24 parcels evenly spaced around Garrett County, Maryland was 

considered.  Of the 24 parcels, 22 clearly originated in the polar stream, or encountered the 

boundary of the model domain before presumably completing their arc back toward the polar 

stream.  The first 24 hours of FULL36 900 hPa back trajectories compare favorably to the 24 

hour back trajectory analyses performed by Whitaker et al (1988) for parcels near 900 hPa 

immediately offshore of the Delmarva during the 1979 Presidents’ Day event in which a 

significant coastal low-level jet developed as well.  

The parcel trajectory in Fig. 3.18 is typical of the other 22 low-level parcels 

originating over the mid-Atlantic U.S. near the time of heaviest precipitation, as determined 

from observations and Doppler radar imagery.  During the first portion of the parcel’s path 

[Fig. 3.18a], parcel F900
1 propagates from 445 hPa over northern Manitoba to near 572 hPa 

over southeastern Ontario, descending nearly 90 hPa within the entrance region of the PJ 

over twelve hours.  Following 15/1815, the parcel undergoes significant changes, with the 

parcel descending over 100 hPa (as well as decelerating significantly) during only 6 hours 

between 15/1815 and 16/0015, then continuing to descend, reaching 785 hPa by 16/1215.  

During the period following 15/1815, one also notes a significant ageostrophic component 

directed toward the southwest (right of forward motion) with values approaching 12 ms-1, 

consistent with the parcel descent and deceleration (Newton and Palmen 1969).  It is 

apparent that the parcel is descending within the left entrance region of the PJ and is rapidly 

approaching the marine boundary layer east of the Delmarva.    

During the period between 16/0915 and 16/1515, the parcel descends to nearly 850 

hPa while changing direction approximately 100 degrees from southward to westward.  

Additionally, despite substantial descent, the parcel’s relative humidity rapidly increases 

from 2% to 70% within the six-hour period, signaling the transition from the parcel’s 
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position in the dry adiabatic PJ entrance region circulation to the moist marine boundary 

layer at and below 850 hPa [Table 3.3].  During the rapid descent, the parcel also traverses a 

highly curved path between approximately 775 hPa and 901 hPa and experiences a strong 

centripetal acceleration, due to the especially small radius of curvature evident in Fig. 3.18b.  

It should be noted that the parcel maintains a constant wind speed of 4 m/s during the period 

16/1115 – 16/1515 during the period of greatest curvature, a signal of approximate gradient 

wind balance.  Following 16/1515, the parcel attains a relatively straight trajectory toward 

the west-northwest and accelerates, from 5 ms-1 at 16/1615 to 15 ms-1 at 16/2315.  With the 

centripetal force diminished after 16/1515, the strong pressure gradient force, between the 

near surface anticyclone over southern Quebec and a deepening coastal front pressure trough 

to the south, dominated and drove the strong maritime jet acceleration toward the region of 

interest [Fig. 3.19a]. 

Interestingly, a substantial number of parcels have been analyzed that traverse wider 

arcs and approach the coast further south over eastern Virginia [Fig. 3.19b].  As these parcels 

descended along their curved trajectories, they arrived at the coast further south and lower in 

the boundary layer.  The result of this was that the parcels experienced a stronger pressure 

gradient force, due to their closer proximity to the strengthening near surface coastal front 

trough and strong latent heat release (with diabatic mass perturbations) from nearby 

convection (not shown).  It is clear in Fig. 3.19b that a stronger pressure gradient force was 

experienced by parcel F9002 east of the Mid-Atlantic coastline, nearly twice the magnitude of 

that experienced by F9001 while approaching the coast approximately 3 hours earlier.  

Consistent with the stronger pressure gradient force is that F900
2 progresses inland over 

southeastern Virginia at a speed 2-4 ms-1 greater than that of F900
1 over the Delmarva [cf 

Figs. 3.19 a and 3.19b].  This compares favorably with the analysis of the RIC and FME 

wind profilers between 16/2100 and 17/0300 in Section 3.2 [cf. Figs. 3.4a and 3.4c], wherein 

a strong gradient of wind speed at approximately 900 hPa was inferred between RIC and 

FME.  Lastly, model cross-sections (not shown) indicate the presence of a vigorous coastal 

front circulation similar to those diagnosed from prior observational and numerical modeling 

studies (Ballentine 1980, Nielsen 1989, Riordan 1990).  Contribution to the total wind speed 
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from the shallow direct circulation is a distinct possibility, though its actual impact on the 

maritime low-level jet in this case has not been evaluated. 

 The juxtapositioning of the two low-level jets, i.e., maritime and continental, needs to 

be appreciated, as the impact of these two low-level jet/frontal systems on the precipitation 

development over the region of interest is great.  Both jets act to transport moisture toward 

the region of interest [e.g. Fig. 3.9] (Uccellini et al 1984;1987), as well as transport air of 

greatly differing thermal characteristics into mutual proximity.  The transport of warm air in 

the approximately 600-850 hPa layer over the dense cold air below 850 hPa reinforced by the 

maritime low-level jet will be shown in the next chapter to produce frontal lifting and 

contribute to precipitation over the region of interest.  The two low-level jets converging on 

the mid-Atlantic U.S. will also be shown to provide frontogenetical forcing, thereby 

increasing frontal slope and the impact of frontal lifting, and thereby enhancing precipitation 

rates.  Lastly, the transport of high θ air by the continental jet induced a mid to upper-level 

thickness (mass) perturbation.  Therefore the Laplacian of geopotential term within the 

divergence equation became large in the upper-troposphere, contributing to increased mid-

level mass divergence, a source of additional lift (Moore and Abeling 1988).  The strong 

thermal stratification, owing to the juxtaposition of the two low-level jets, was a possible 

wave energy source mechanism and is consistent with wave ducting acting to maintain the 

apparent inertia-gravity wave activity.  The thread that holds each of these mechanisms 

together, from meso-alpha scale lift, to meso-beta scale frontogenesis and inertia gravity 

wave activity, is the superpositioning of the two low-level jet/front systems, the continental 

and the maritime [e.g. Fig. 3.10]. 

3.3.3 Role of an unbalanced STJ exit region on lifting air over the mid-Atlantic U.S. 
 
 
 The unbalanced flow diagnosed within section 3.3.1a was not limited to the southern 

plains and Mississippi River valley, but rather progressed north and east within the STJ exit 

region, into a position from the Tennessee River valley into the region of interest during the 

period from 16/1200 to 17/0000 [see RoL analysis in Fig. 3.20].  Areas of enhanced RoL 

move north and east from Kentucky at 16/1200 and 16/1800 and coalesce into one broad 

region of RoL > 0.5, with higher values from central Ohio to northwestern Virginia and 
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northward into western Maryland and northeastern West Virginia.  RoL exceeding 0.8 is 

simulated to exist over a portion of central West Virginia at that time.  Of special interest is 

the FULL18 profile of RoL valid 16/1800 [Fig. 3.20d], wherein two distinct maxima are 

noted, one deep layer centered near 300 hPa with values approaching 0.7 and the second a 

shallower layer centered near 800 hPa with values near 1.0.  As discussed in section 3.3.2a, 

RoL > 0.5 is one indicator of unbalanced flow (with respect to geostrophic wind balance).  As 

done in section 3.3.1a, the nonlinear balance equation (NBE) was considered for a parcel 

passing through the region of suspected upper-tropospheric unbalanced flow approaching the 

mid-Atlantic U.S.  NBE sums on the order of +/- 10-8 were noted for parcels traveling over 

the mid-Atlantic between 16/1800 and 17/0600.  As noted with parcels analyzed earlier over 

eastern Texas, this is an excellent signal of flow imbalance.   

It should be noted that the explanation of unbalanced flow, wherein parcels approach 

a developing mid- to upper-level ridge, is consistent with the thermal wind imbalance 

resulting from the developing continental jet organizing a lower- to mid-level thickness 

perturbation.  Here we will utilize the thermal wind relationship 

                                ( )δφ∇×=−= k
f

VVV ggT

rrrr 1
01

 ,                                         (3.3.5) 

where 
1gV

r
 and 

0gV
r

 are the geostrophic winds at the top and bottom of a layer, respectively, 

and δφ = 01 φφ − is the thickness of the layer defined in units of geopotential (Holton 2004).  

As the continental jet propagated toward the northeast transporting warm air in the 600-800 

hPa layer toward the region of surface-850 hPa cold air damming, the value of δφ  became 

significantly larger, with the horizontal gradient of δφ  strongly enhanced as well.  The 

resultant shear of the geostrophic wind in the lower-troposphere (the low-level thermal wind) 

calculated from (3.3.5) poorly represented the actual wind shear in the layer though [e.g. Fig. 

3.10], due to the strong vertical ageostrophic wind shear present in that layer.  A similar 

argument can be made in the mid- to upper-troposphere where the upper-level trough 

propagated over the continental warm air perturbation.  The resultant large Laplacian of 200-

400 hPa layer thickness was strongest over eastern Tennessee and eastern Kentucky, due to 

the positioning of the 300hPa trough (i.e. upper-tropospheric cold pool) further west over 

western Illinois.  The lower-tropospheric thermal wind relationship deteriorated as the initial 
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area of unbalanced flow moved east toward the region of increasingly cold near surface 

temperatures to the lee of the Appalachians, while the upper-tropospheric thermal wind 

imbalance was presumably anchored further west closer to the mid/upper-level mass 

perturbation.   

An evaluation of the thermal wind imbalance was performed following Kaplan et al 

(1997), wherein the 200-400 hPa layer thermal wind ( 400200−
TV
r

), was added to the 400hPa 

wind  ( 400V
r

) with the resultant vector subtracted from the 200hPa wind ( 200V
r

).  This vector 

field, ( )400400200200 VVV T

rrr
+− − , reduces to zero in regions of complete thermal wind balance 

and becomes large where the thermal wind relationship is inapplicable.  A similar calculation 

was done for the 500-850 hPa layer, in order to evaluate the state of thermal wind balance 

closer to the level of the superimposed low-level jets.  These fields are displayed in Fig. 3.21 

for the FULL18 simulation at 16/1800.  Apparent in Fig. 3.21b are the 200-400 hPa thermal 

wind imbalance vector magnitudes exceeding 20 m/s from eastern Tennessee to southern 

Ohio, precisely the region of large RoL evident at 16/1800 in Fig. 3.20b.  The location of the 

strongest thermal wind imbalance in the 500-850 hPa layer [Fig. 3.21d] is further east, 

consistent with the strongest low-level thickness perturbation where the cold-air damming 

was deepest. This resulted in thermal wind imbalance magnitudes similar to those found 

within the 200-400 hPa layer.  The development of the apparent inertia gravity wave activity 

over Kentucky and Tennessee appears to indicate a role played by the mid- and upper-

tropospheric mass perturbation produced by the transport of high potential temperature air 

within the continental jet.  The impact of the low-level flow imbalance is more difficult to 

determine, although the movement of ducted wave activity into the region of low-level 

imbalance raises the possibility of the superimposed low-level jets providing an energy 

source for propagating wave activity (to be discussed in section 4.3.2).  

Upper-tropospheric unbalanced flow is consistent with large increases in upper-level 

mass divergence.  Simulation results agree with the literature discussed earlier, as Fig. 3.22 

indicates a region of mass divergence in excess of 4.0x10-6 kgm-3s-1 along and north of the 

Kentucky border at 16/1200 and progressing east-northeast, eventually to a position from 

northern Kentucky to eastern Pennsylvania and southern Maryland.  Mass divergence values 

exceeding 6.0x10-6 kgm-3s-1 are simulated to have developed over southwestern Pennsylvania 
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at that time, attesting to the significant flux of mass in the mid- to upper-troposphere away 

from that region.  Such mid- to upper-level mass divergence is consistent with increased 

vertical motion below the 200-400 hPa layer and is an important contributor to the vertical 

motion over western Maryland and northeastern West Virginia beginning at 16/1200 and 

continuing through 17/0000. 

 

3.4 Summary and Conclusions 
 

This first chapter considered the synoptic-scale dynamics present during the 2003 

Presidents’ Day winter storm and the effect of these larger-scale dynamics on the meso-α 

scale momentum and thermodynamic fields.  The impact of large-scale jets in literature was 

considered and the effects were found to be far reaching: from formation of 

cloud/precipitation systems, low-level jets/fronts, and low-level cyclogenesis, to inertia-

gravity wave development and formation of clear air turbulence.  A comparison to the 1979 

Presidents’ Day event was performed to highlight the unique role of this study in the 

understanding of winter storm dynamics.  The lack of a shortwave in the polar stream was 

inferred as a critical reason for why rapid coastal cyclogenesis did not occur offshore of the 

mid-Atlantic U.S. during the latter event. Additionally, the more meridional orientation of the 

subtropical stream and the accompanying strongly negatively tilted trough were diagnosed to 

be likely reasons for the dominance of a meso-α scale low-level southerly stream of air 

(continental jet) during the latter event. 

The model-based portion of this chapter considered the role of two synoptic-scale 

upper-tropospheric jet/front systems, the subtropical (STJ) and polar (PJ), in the development 

of two meso-α scale low-level jet/front systems, the continental and maritime.  The two low-

level jet/front systems have been simulated and observed to coexist over the region of interest 

prior to and during the period of heaviest snowfall over the mid-Atlantic U.S.  The two low-

level jets are hypothesized to have had a significant impact on smaller-scale circulations, 

which themselves play a crucial role in the development of heavy snowfall over the region of 

interest.   The first low-level jet/front considered was the continental system, a stream of 

momentum directed generally from the southwest in the 600-850 hPa layer from the southern 
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plains to the Ohio River valley, and a source of moisture and high potential temperature air 

for the mid-Atlantic U.S.  Momentum sources for this jet/front system were evaluated and 

found to be closely tied to a combination of dry adiabatic and moist diabatic processes from 

the southern plains to the Gulf coast. 

The first source of momentum for the continental LLJ was shown to be a low-level 

vortex forming in the lee of the Front Range of the Rockies.  The initial disturbance 

originated near the top of a Pacific coast ridge around 13/1200 and through adiabatic 

compression/vortex stretching in the lee, the vortex deepened between 14/0000 and 14/1200 

and southwesterly low-level flow was both observed and simulated to develop from the 

southern plains to the Tennessee River valley during that time.  Over the following twelve 

hours, sensible heating and, hydrostatically, lower-tropospheric height falls, reinforced the 

trough over the southern plains.  This combination of adiabatic and diabatic forcing 

contributed to the development and initial maintenance of the low-level vortex.  Both 

observations and simulations indicated this stream of air in the lower-troposphere was 

separate from the second stream of air directed from eastern Texas and the western Gulf 

coast toward the Tennessee River valley. 

The second source of momentum was found to be coupled to a combination of 

adiabatically and diabatically forced height perturbations within the STJ exit region and the 

unbalanced flow that resulted.  It was shown using upper-air analyses that 300 hPa heights 

increased along and to the lee of the Front Range between 12/1200 and 13/0000 due to dry 

processes in the absence of any moist convection.  Moist diabatic processes, namely latent 

heat release due to deep convection beginning around 14/0000, was shown to have had 

significant impacts on the behavior of a full-physics parcel traveling through the STJ exit 

region.  Latent heat release contributed to higher mid- and upper-tropospheric heights, 

thereby accelerating the parcel through a leftward-directed isallobaric wind component, and 

reinforcing the initial dry-processes that induced upper ridging.  The propagation of a STJ 

streak toward the amplifying mid-level ridge contributed to unbalanced flow through a 

process where parcels on isentropic surfaces were unable to adequately turn inertially to the 

right while moving through the ridge due to the decreasing half-wavelength between the 

upstream trough and mid-level ridge, i.e., an increasing Laplacian of geopotential in the 
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nonlinear balance equation (Eq. 3.3.3, term 3).  Parcels propagated in the direction of lower 

streamfunction (i.e. lower geopotential height) and as a result accelerated in a region where 

balanced straight jet theory dictates that they should have decelerated.   

Unbalanced flow was shown to have had two primary effects on the meso-α scale.  

The first involves significant mid- and upper-tropospheric mass divergence increases, 

expected from the results of previous studies (Moore and Abeling 1988, Paine et al 1975, 

Uccellini et al 1984, among others) and reinforced by current simulations.  The increasing 

mass divergence then contributes to lower-tropospheric height falls, in combination with 

height falls due directly to convectively released latent heating, and a low-level isallobaric 

component directed from the Gulf of Mexico toward the southern plains and lower 

Mississippi River valley.  The isallobaric component was shown to lead to an increase of the 

total wind along the Gulf coast, through inertial rotation of the isallobaric wind.  Both 

sources of momentum for the continental jet, that which was associated with the lee trough 

(depicted as a cyclone on the 850 hPa surface), and that associated with the STJ secondary 

circulations would combine and propagate toward the mid-Atlantic U.S.  Additionally, cold-

frontal PV maxima may have made a contribution to LLJ development, although this was not 

assessed in this study.  It will also be shown in the following chapter that flow imbalance was 

a primary mechanism for inertia-gravity wave generation, with IGW’s likely providing 

additional lift for precipitation production over the region of interest.  Unbalanced flow, and 

the concomitant increase in mass divergence were also discussed as a significant source of 

vertical motion and contributor to the heavy precipitation observed over the region of 

interest.   

Lastly, mechanisms contributing to the formation of the maritime low-level jet were 

discussed through the use of low-level full-physics trajectories.  The process discussed 

involved parcels descending in the left entrance region of the polar jet, into the marine 

boundary layer where a strong anticyclone over southern Quebec dominated.  A substantial 

pressure gradient between the anticyclone and a combination of a deepening coastal trough 

and related diabatic mass perturbations impacted parcels approaching the mid-Atlantic 

coastline.  This acceleration represents the development of the maritime low-level jet, and 

appears to be the main source of momentum for this particular jet, as indicated by the fact 
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that the vast majority of low-level parcels that were diagnosed over the region of interest 

originated in the polar stream and underwent identical processes.  Parcels following widely 

curved arcs were noted to approach the coastline further south and deeper into the boundary 

layer, where the pressure gradient directed to the left of the parcel trajectories was strongest.  

Acceleration of the southern parcels was therefore much greater than their northern 

counterparts.  This appears to be the reason for the observed rapid decrease in wind speed 

between RIC and FME through analyses of wind profiler data. 

In later chapters, the impact of the aforementioned converging low-level jets, which 

subsequently become superimposed, will be addressed.  The effects range from meso-α scale 

isentropic ascent to meso-β scale gravity waves, and even meso-γ scale orographic forcing.  

Throughout each chapter, the common lineage between each of the multi-scale processes will 

be the two juxtaposed low-level jets, with each finer scale process unable to exist without the 

superposition of the two jets.  Chapter 4 will specifically evaluate the meso-alpha to meso-

beta scale effects of the two low-level jets.   
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Table 3.1   Backward trajectories initialized at 0300 UTC 16 Feb 2003 over southern Virginia at 200 hPa that 
pass through southern Texas between 15/1415 and 15/1815.  Trajectory data is derived from FULL36 (parcel 
F200

1) and DRY36 (parcel D200
1) simulations.  The following abbreviations are used: Latitude of parcel (LAT), 

longitude (LON), pressure (PRES), temperature (TMPC), relative humidity (RH), total wind (Vtotal), geostrophic 
wind (Vg), ageostrophic wind (Vag), Lagrangian Rossby number (RoL), and non-linear balance equation sum 
(NBE). 

 

Time (UTC)  LAT LON PRES TMPC RH Vtotal (ms-1)  Vg (ms-1)  Va (ms-1)   RoL NBE (x10-8) 
Parcel F200

1           speed/dir speed/dir speed/dir     
15/1815 31.6 -94.4 228 -47.6 80% 52/220 44/246 23/162 0.45 -1.89 
15/1800 31.2 -94.8 229 -47.3 80% 51/220 44/246 23/161 0.46 -1.09 
15/1745 30.9 -95.1 230 -46.9 80% 50/219 54/234 15/119 0.41 -2.23 
15/1730 30.6 -95.3 230 -46.9 80% 48/217 54/230 13/107 0.34 0.00 
15/1715 30.3 -95.6 231 -47.0 80% 47/216 49/247 26/137 0.32 0.86 
15/1700 30.0 -95.9 233 -46.7 60% 46/215 52/253 32/135 0.60 -0.44 
15/1645 29.7 -96.1 233 -46.5 50% 45/215 62/252 38/117 0.69 0.05 
15/1630 29.4 -96.3 234 -46.2 50% 43/215 59/242 29/106 0.86 2.14 
15/1615 29.1 -96.6 237 -45.6 40% 42/215 49/227 12/095 0.63 1.98 
15/1600 28.8 -96.8 239 -44.9 40% 40/216 38/228 9/151 0.28 1.80 
15/1545 28.6 -97.0 242 -44.0 40% 40/217 59/230 22/072 0.27 0.92 
15/1530 28.3 -97.2 245 -43.2 30% 39/218 73/225 35/053 0.59 1.41 
15/1515 28.1 -97.5 247 -42.6 30% 39/220 60/227 22/061 0.87 1.72 
15/1500 27.9 -97.7 249 -42.0 30% 38/222 39/236 10/134 0.54 0.90 
15/1445 27.6 -97.9 251 -41.5 30% 38/223 62/227 25/053 0.23 -0.13 
15/1430 27.4 -98.2 254 -40.6 30% 37/224 68/221 31/038 0.67 -0.07 
15/1415 27.2 -98.4 257 -39.7 20% 37/226 62/219 25/028 0.83 2.19 

Time UTC LAT LON PRES TMPC RH Vtotal (ms-1)  Vg (ms-1)  Va (ms-1)   RoL NBE (x10-8)
 Parcel D200

1           speed/dir speed/dir speed/dir    
15/1815 30.2 -94.5 232 -45.2 33% 48/226 54/235 10/105 0.24 0.74 
15/1800 29.9 -94.8 232 -45.2 33% 47/227 53/235 9/103 0.23 0.63 
15/1745 29.7 -95.1 233 -45.0 32% 47/227 50/236 9/120 0.29 0.92 
15/1730 29.4 -95.4 234 -44.8 31% 46/226 49/238 10/129 0.36 1.21 
15/1715 29.1 -95.7 236 -44.4 29% 45/226 47/236 9/128 0.38 1.29 
15/1700 28.9 -96.0 238 -43.8 28% 45/226 46/234 6/125 0.36 0.83 
15/1645 28.6 -96.3 241 -42.9 26% 44/227 47/233 6/109 0.35 0.41 
15/1630 28.4 -96.6 243 -42.2 23% 44/227 49/232 6/090 0.41 0.82 
15/1615 28.2 -96.9 246 -41.6 22% 44/228 50/230 7/068 0.47 0.41 
15/1600 27.9 -97.2 249 -41.0 20% 44/228 53/231 9/066 0.42 -0.31 
15/1545 27.7 -97.5 251 -40.5 19% 44/229 54/238 13/091 0.63 -0.93 
15/1530 27.5 -97.8 252 -40.0 18% 43/230 53/246 17/112 0.55 -1.32 
15/1515 27.2 -98.1 254 -39.5 17% 43/231 52/256 22/131 0.60 -0.15 
15/1500 27.0 -98.4 256 -38.8 16% 43/231 52/260 25/134 0.32 2.86 
15/1445 26.8 -98.7 259 -38.2 15% 43/232 54/251 20/116 0.41 5.06 
15/1430 26.6 -99.0 262 -37.5 14% 43/232 61/238 19/070 0.42 -2.80 
15/1415 26.4 -99.4 263 -37.1 13% 43/234 69/235 26/055 0.63 -3.20 
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Table 3.2  Moisture Transport along axis of low-level jet averaged over 750 to 800 hPa layer for FULL18 
simulation.  Included are mean wind direction (WD, deg), wind speed (WS, ms-1), and mixing ratio (q, gkg-1) 
over coastal Mississippi (16/0000 and 16/0600) and the Florida panhandle (16/1200).  See Fig. 3.9 for area over 
which calculations were performed.  See text for details of calculation. 

 

Time WD WS q Moisture Transport (kgm-2s-1) 
16/0000 200 16.0 6.1 95.2 
16/0600 200 20.4 7.5 149.2 
16/1200 210 16.8 8.9 145.8 
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Table 3.3  As in Table 3.1, except FULL36 back trajectory initialized over central Maryland at 0000 UTC 17 
Feb 2003 and traced back to 0615 UTC 15 Feb 2003 over northern Manitoba.  Shown is portion of trajectory 
between 0015 UTC 16 Feb 2003 to 0000 UTC 17 Feb 2003. 

 

Time UTC LAT LON PRES TMPC RH Vtotal (ms-1)  Vg (ms-1)  Va (ms-1)  RoL

 Parcel F9001           speed/dir speed/dir speed/dir   
17/0000 39.5 -77.0 900 -2.8 96% 15/126 N/A N/A N/A
16/2315 39.3 -76.6 903 -2.8 96% 15/118 9/129 7/103 0.89
16/2215 39.1 -76.0 908 -2.8 95% 14/111 11/118 3/086 0.23
16/2115 39.0 -75.5 907 -3.6 95% 13/106 14/131 6/021 0.53
16/2015 38.9 -75.0 907 -3.9 96% 11/105 11/135 6/032 0.64
16/1915 38.8 -74.6 904 -4.2 94% 10/099 10/120 4/011 0.75
16/1815 38.8 -74.2 901 -4.0 90% 8/098 11/113 3/333 0.59
16/1715 38.7 -73.9 889 -3.6 83% 7/098 10/118 5/332 0.75
16/1615 38.7 -73.6 870 -4.8 79% 5/099 8/129 4/350 0.90
16/1515 38.7 -73.4 849 -5.6 70% 4/091 5/127 3/012 0.88
16/1415 38.7 -73.3 826 -6.5 62% 4/071 2/128 3/031 1.43
16/1315 38.8 -73.1 802 -7.2 55% 4/043 3/136 5/009 1.47
16/1215 38.9 -73.1 782 -7.3 27% 4/021 1/292 4/041 0.86
16/1115 39.0 -73.0 774 -6.8 3% 4/008 7/305 6/087 1.04
16/1015 39.2 -73.0 777 -6.5 2% 6/002 4/318 4/047 1.09
16/0915 39.4 -73.0 775 -6.7 2% 7/353 5/300 6/032 0.53
16/0815 39.6 -73.1 772 -7.2 3% 8/342 5/297 6/017 0.70
16/0715 39.9 -73.2 767 -7.6 3% 10/332 7/301 5/014 0.60
16/0615 40.2 -73.5 761 -8.2 3% 11/327 11/300 5/039 0.51
16/0515 40.5 -73.7 754 -8.9 4% 13/324 12/306 4/033 0.42
16/0415 40.8 -74.1 746 -9.6 4% 14/321 12/304 4/026 0.47
16/0315 41.2 -74.5 733 -10.7 5% 15/317 15/297 5/038 0.41
16/0215 41.6 -75.0 719 -12.0 5% 17/317 20/297 7/063 0.51
16/0115 42.0 -75.5 703 -13.5 5% 20/319 26/295 12/067 0.75
16/0015 42.6 -76.1 685 -15.5 6% 24/321 25/302 8/045 0.72
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Fig. 3.1  NOWRAD 2-km base reflectivity valid 0000 UTC 16 Feb 2003. 
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Fig. 3.2  300 hPa height (m), temperature (oC), and wind (ms-1) valid [ for a) 0000 UTC 16 Feb 2003 and 
corresponding analysis from b) 1200 UTC 18 Feb 1979 [from Bosart 1981].  Approximate positions of 
subtropical [solid oval] and polar [dashed oval] geostrophic jet streaks indicated. 
 
 

a 

b 
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Fig. 3.3  850 hPa height (m, solid), wind speed (dashed), and wind vectors (ms-1)  for a) 1200 UTC 2/16/03, and 
b) 0000 UTC 2/17/03 (From NCEP reanalysis). 
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Fig. 3.4  Wind profiler time-series cross-sections valid 2130 UTC 16 Feb 2003 to 0900 UTC 17 Feb 2003 [m/s] 
for a) Richmond, Virginia [RIC], b) Raleigh, North Carolina [RDU], and c) Ft. Meade, Maryland [FME].  For 
(c ), data during the period from 0300 UTC to 0900 UTC 17 Feb 2003 is not reliable and should be ignored. 
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Fig. 3.4 (Continued) Shown is the wind profiler time series from Ft. Meade, Maryland [FME]. 
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Fig. 3.5.  302 K Montgomery Streamfunction [solid white], isobars [solid red], and wind vectors [m/s] valid a) 
0000 UTC and b) 1200 UTC 14 Feb 2003.  Objectively analysis performed on isobaric dataset from upper air 
network, then 2.5 degree grid interpolated to isentropic space.  Gap in analysis in eastern Virginia and eastern 
North Carolina due to insufficient data for the objective analysis. 
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Fig. 3.6.  700 hPa NMC analysis valid 1200 UTC 14 Feb 2003.  Location of Brownsville, Texas (BRO) 
indicated in Fig.. 
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Fig. 3.7.  850 hPa NMC analysis valid a) 0000 UTC 14 Feb 2003 and b) 1200 UTC 14 Feb 2003. 
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Fig. 3.8.  GOES-8 4km IR imagery valid a) 1515 UTC and b) 1815 UTC 14 Feb 2003.  Area of surface heating 
described in text indicated by ovals in each Fig.. 
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Fig. 3.9.  Observed 302 K equivalent potential temperature (K, shaded), isotachs [m/s, solid black], and wind 
vectors [ms-1] valid a) 0000 and b) 1200 UTC 16 Feb 2003. See Fig. 3.5 for data analysis methodology.   Boxes 
in (b) for moisture transport calculations in Table 3.2. 
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        A                                                                                                                                   A’ 
 
Fig. 3.10.  FULL6 vertical cross section of equivalent potential temperature [solid], total wind speed [shaded, 
ms-1] and total wind vectors [ms-1], valid 0000 UTC 17 Feb 2003.   Dashed vertical line in cross-section 
represents the location of western Maryland.  Cross -section axis A-A’ is shown in Fig. 1.5.  Labels “C” and 
“M” in cross-section denote approximate positions of the continental and marine low-level jets, respectively, 
over western Maryland. 
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Fig. 3.11.  FULL36 302 K Montgomery Streamfunction [thick black], isobars [thin black], and wind vectors 
[ms-1] valid at a) 1800 UTC 14 Feb and b) 0000 UTC 15 Feb 2003. Analysis methodology same as in Fig. 3.5. 
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Fig. 3.12.  FULL36 1800 UTC 15 Feb 2003 a) 200hPa geostrophic wind speed (ms-1, thick line), total wind 
speed (ms-1, dashed line), geopotential height (m, thin line), and b) 300-400 hPa mass divergence [kgm-3s-1]. 
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Fig. 3.13.  Trajectories constructed from a) FULL36 simulation (parcel F2001) and b) DRY36 simulation 
(parcel D2001) for parcels passing through the subtropical jet exit region between 15/15 and 15/18 over 
southeastern Texas.  Trajectories initialized at 0300 UTC 16 Feb 2003 over southern Virginia at 200 hPa and 
run back 18 hours to 0900 UTC 15 Feb 2003. Station model contains pressure level of parcel (mb, top), 
temperature (oC, left), and total wind speed (ms-1, bottom). Displayed wind vectors are total, geostrophic, and 
ageostrophic wind (ms-1, referenced by legend). 
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Fig. 3.14.  250 hPa geostrophic wind speed (m/s, shaded, darkest-highest wind speed), total wind speed (m/s, 
dashed line), geopotential height (m, solid line), valid at 1515 UTC (a and b), 1615 UTC (c and d), and 1715 
UTC (e and f) 15 Feb 2003.   (a)-(c)-(e) correspond to FULL36 simulation, (b)-(d)-(f ) correspond to DRY36 
simulation.  Circle denotes position of FULL and DRY parcels discussed in Fig. 3.13 at each of the respective 
times. 
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Fig. 3.15.  FULL36 800-700 hPa layer average geopotential height (m, solid line) valid 
a) 18 UTC and b) 21 UTC 15 Feb 2003. Approximate position of trough described in text 
indicated by dashed line. Cross-section axis B-B' for Fig. 3.16 indicated by solid line. 
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Fig. 3.16.  FULL36 2100 15 Feb 2003 vertical cross-section of potential temperature (K, solid line) and 
ageostrophic wind vectors (ms-1). Axis of cross-section B-B’ displayed in Fig. 3.15b. 
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Fig. 3.17.  700 hPa isotachs and wind vectors (ms-1) at a) & c) 2100 UTC 15 Feb 2003 and b) & d) 0000 UTC 
16 Feb 2003.  Fig.s a) and b) from FULL36 simulation and c) and d) from DRY36 simulation. 
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Fig. 3.18.  As in Fig. 3.13 except for a) Entire 60 hour back trajectory constructed from FULL36 simulation for 
parcel F9001 approaching region of interest near 900 hPa at 0000 UTC 17 Feb 2003. Inner box denotes position 
of inset map (b.), provided for clarity.   
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Fig. 3.19.  Trajectory force balance for a) F900

1 and b) F900
2 parcels.   Force balance vectors described in legend.  

Pressure [hPa], temperature [oC], and wind speed [m/s] displayed using same station model as in Fig. 3.13. 
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Fig. 3.20.  FULL36  332 K RoL >0.5 (shaded) valid at a) 1200 UTC 16 Feb, b) 1800 UTC 16 Feb , and  c) 0000 
UTC 17 Feb 2003.   d) Vertical profile of RoL at point indicated in (b) by black circle, valid at 1800 UTC 16 
Feb 2003.   
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Fig. 3.21.  FULL18 Thermal wind vectors for 200-400 hPa (a) and 500-850 hPa (b) layers.  (c), (d) as in (a), (b) 
except for thermal wind imbalance vectors.  All images valid 1800 UTC 16 Feb 2003.   See text for 
methodology.  Regions of large thermal wind imbalance discussed in text indicated with ovals in (c),(d). 
Reference vector indicated below (a). 
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Fig. 3.22.  FULL36 200-400 hPa layer mass divergence fields [kgm-3s-1, divergence (solid line), convergence 
(dashed line)] valid a) 1200 UTC 16 Feb, b) 1800 UTC 16 Feb, and c) 0000 UTC 17 Feb 2003. 
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4. Meso-α to Meso-β Scale Motions During the 2003 Presidents’ 
Day Event 
 

4.1 Introduction 
 

The ability of forecasters to predict locally intense periods of snowfall during winter 

storms with an adequate amount of advance notice is quite limited, for a number of critical 

reasons.  First, the scales of motion of the forcing for the intense precipitation are too fine for 

operationally run models to fully resolve, and secondly the time-interval of most operational 

model output is often greater than the duration of locally intense snowfall.  Thirdly, the 

complex non-linear interactions of the various circulations (e.g., topographically forced 

circulations and gravity waves) retard the ability of the operational forecaster to evaluate 

available data and adequately warn the public of impending heavy snowfall.  While the first 

two reasons correspond to computational limitations, the third problem with forecasting 

locally extreme snowfall deals with our understanding of complex winter storm scenarios, 

and it is this problem that this and the following chapter attempt to address. 

This chapter considers circulations at smaller scales than in Chapter 3, namely the 

meso-α to meso-β scales.  The largest-scale motions to be considered are the two low-level 

jet/front systems, the continental and the maritime, and the interaction between the two.  The 

pair of low-level jets interact in two primary ways, the first being the frontogenetical effect of 

the confluence of the two low-level jets over the mid-Atlantic U.S.  The establishment of an 

intense front through frontogenetical forcing provides a stripe of strong frontal lifting and 

heavy snowfall immediately north of the frontal zone.  Subsequent diabatically driven 

secondary circulations provide additional lift and contribute to the production of heavy 

snowfall.  The last mechanism to be discussed within this chapter will be inertia-gravity 

waves (IGWs), whose formation largely depends on the unbalanced flow within the 

subtropical jet exit region.  Again, both lifting mechanisms have a distinct relationship with 

the two low-level jets, the IGW mechanism being non-obvious and involving (1) IGW 

generation owing to thermal wind imbalance driven primarily by continental jet-induced 

mid-level mass perturbations and (2) the creation of a suitable wave ducting layer, due 
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primarily to the superpositioning of the jets/front systems, to maintain waves propagating 

toward the region of interest. 

With the previous statement in mind, it is critical that the reader appreciate the 

uniqueness of the original hypothesis: it was largely because of the interaction of the two 

low-level jets that the subsequent circulations were allowed to come to fruition and combine 

with the larger-scale motions to produce locally intense snowfall over western Maryland.  

The seemingly overly complex interaction of circulations at many scales of motion can 

become rather overwhelming when considering the factors producing the heavy snowfall.  It 

is important to realize that each mechanism is, in a way of thinking, a descendent of the low-

level jet interactions, which themselves descend from the two large-scale jets, the subtropical 

and the polar.  A critical question to ask at each step of an evaluation of the dynamics of the 

event is how each mechanism for heavy snowfall production is related to the larger-scale 

mechanisms. 

Within this chapter, section 2 will briefly review the mesoscale model used to analyze 

the dynamics at the meso-α to meso-β scales, while section 3 will discuss the process 

whereby the superposition of the two low-level jets led to ascent caused by warm air 

advection.  Section 4 will consider, in depth, the process through which the interaction of the 

two jets contributed to locally intense frontal zones and mesoscale bands of heavy snowfall.  

Section 5 will evaluate the generation of gravity waves and the impact of these phenomena 

on vertical motion and subsequently precipitation. Lastly, section 6 will summarize the 

preceding sections and present some concluding thoughts. 

 

4.2 Model Description 
 

 Due to the lack of observational data available at a scale necessary to resolve the 

mechanisms discussed in this chapter, a mesoscale model is employed for dynamical 

analysis.  The non-hydrostatic Mesoscale Atmospheric Simulation System (NHMASS) 

model version 6.3 (Kaplan et al 2000), adapted for modeling of stratospheric dynamics, is 

used for this study.  Model specifics and experiment design are described in detail in Chapter 

2, Section 1.  Three-dimensional parcel trajectories were plotted and analyzed in order to 

evaluate parcel origins and flow patterns.  The Mesoscale Atmospheric Simulation System 



 93

Trajectory (MASSTRAJ) software package (Rozumalski 1997) is used to perform all 

trajectory computations. 

 

4.3 MASS simulation results 

4.3.1 Frontogenetical forcing for vertical motion 
 
4.3.1a Impact of frontal lifting process on heavy snowfall 
 
 In establishing a motive for analyzing the synoptic scale processes in Section 3.1, a 

cross-section of potential temperature and wind speed from the FULL6 simulation was 

presented, in which the two low-level jets were simulated to coexist over western Maryland 

and northeastern West Virginia [Fig. 3.10].  In order to begin this analysis of the impact of 

the superpositioning of the two jet/front systems, Fig. 3.10 again proves valuable.  

Immediately noticeable are the dual shear zones and, consistently, dual frontal inversions 

present over the northern Mid-Atlantic region, including western Maryland.  Also apparent is 

the slope of isentropes north and east of the highest terrain, a direct result of the strong 

anticyclone over southern Quebec, wherein the depth of the cold air increases as one 

approaches the anticyclone.   

One result of the superpositioning of the two jets and their representative airmasses 

was the process wherein the generally 20-30 ms-1 continental jet progressed north and east 

over the dense cold-air damming airmass.  This is evident both in Fig. 3.10 and on the 302 K 

isentropic surface from the FULL18 simulation [Fig. 4.1].  On the 302 K surface at 16/1200 

[Fig. 4.1a], one notices two substantial pressure gradients, one higher up on the isentrope 

between 640 hPa and 690hPa, strongest over southern Pennsylvania, and the second from far 

northeastern Kentucky to southern Maryland between 720 hPa and 750 hPa.  The northern 

pressure gradient represents the polar jet/front system, while the southern pressure gradient is 

the continental jet/front system.  During the following twelve hours, the continental jet/front 

system translates northward (and upward) and in fact appears to merge with the polar system 

over southwestern Pennsylvania.   

The impact of the continental jet directed up the strongly sloped isentrope can be 

clearly seen in the FULL18 simulated field of 3-hour accumulated total precipitation ending 
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17/0000 [Fig. 4.2].  While finer scale features can be distinguished in Fig. 4.2, including 

precipitation maxima closely tied to the terrain (discussed in Chapter 5), a distinct band can 

be seen oriented approximately east-west from western Maryland to southern New Jersey.  It 

will be shown that this band of precipitation is in part produced through the lifting of the 

warm continental airmass over the stable maritime airmass below about 850 hPa.  Frontal 

lifting, or warm air advection, while producing the precipitation band, also contributes to the 

process of frontogenesis.  What will be considered in the following section is how this source 

of frontogenesis, as well as other finer scale sources, increases the slope of the frontal surface 

locally and contributes to front-normal secondary circulations, further enhancing vertical 

motion and generating locally higher snowfall amounts (Novak et al 2004; Nicosia and 

Grumm 1999; Thorpe and Emanuel 1985).   

 

4.3.1b Reasoning for use of FULL6 simulation in frontogenesis analysis 
 

 The frontogenetical process takes place at a wide spectrum of scales, from synoptic to 

very fine mesoscale.  In order to best assess the horizontal scale at which frontogenesis in the 

mid-Atlantic was occurring during the period of heaviest snowfall, an estimate will be made 

through use of the Rossby radius of deformation, which can be defined for a continuously 

stratified fluid as fNHLr /=  (4.1.2)  (Holton 2004).  Here, N is the Brunt-Vaisalla 

frequency and H is the scale depth of the phenomenon.  The Rossby radius of deformation 

can be thought of as the horizontal length scale over which the height (i.e. mass) field adjusts 

during approach to geostrophic equilibrium or the scale of equal influence of gravitational 

and inertial adjustment processes.  For a mechanism such as frontogenesis, thermal (and 

hence mass) fields become perturbed, and here Lr approximates the horizontal scale over 

which secondary circulations act in their attempt to restore mass-momentum (i.e. thermal 

wind or geostrophic) balance.  For the 775-850 hPa layer, the approximate depth of 

significant lower-tropospheric frontogenesis, Lr values ranged from less than 100 km in north 

central Maryland (where stability was greatest in that layer, hence N was large) to between 

265 and 270 km in northeastern West Virginia [Fig. 4.3].   Phenomena such as inertia-gravity 

waves (Lane et al 2004) and orographically forced heavy precipitation (Chiao et al 2004) 

with similar horizontal length scales have been studied with numerical models with similar 
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(3-5 km) grid spacing.  Therefore, use of the 6 km simulation is well justified with respect to 

frontogenetical circulations. 

 

4.3.1c FULL6 analysis of frontogenetical forcing  
 

 In order to assess the various contributions to frontogenesis over the mid-Atlantic 

U.S., a 2-dimensional form of the Miller (1948) frontogenesis equation in height coordinates 

(Rozumalski 1997) has been utilized, defined as 
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 Terms 1 and 5 are the confluent deformation terms, while terms 2 and 4 represent 

shearing deformation.  Terms 3 and 6 represent tilting effects in the x- and y-directions, 

respectively, while terms 7 and 8 are diabatic heating terms, approximated by 
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an approximation similar to that used in Riordan (1990) and based on the work of Sanders 

(1955).  This form of the diabatic term was found necessary since NHMASS does not 

explicitly output diabatic heating rate (Q), and so a form consisting of model-generated 

quantities was utilized.  Contrary to Riordan (1990), the full form of the total time derivative 

of θ was used due to the fact that vertical advection of θ is large in the region of strong 

mesoscale ascent.  Figs. 4.4-4.6 represent (a) confluent deformation, (b) shearing 

deformation, (c) tilting effects, and (d) diabatic heating effects for 16/1900 [Fig. 4.4], 

16/2000 [Fig. 4.5], and 16/2100 [Fig. 4.6], the period of heaviest precipitation not associated 

with propagating wave activity.   

4.3.1ci. Horizontal Deformation Terms  
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Comparing the magnitudes of the confluent and shearing deformation terms between 

16/1900 and 16/2100 [Figs. 4.4 (a-b)-4.6 (a-b)], it becomes apparent that the role of shearing 

deformation in the lower-troposphere is less significant than that of confluent deformation.  

The shearing deformation term in the region of interest maintains values approximately 1/8 

to <1/2 that of the confluent deformation term, and generally is closely aligned with the 

confluent deformation term.  For this reason, the shear deformation term will be omitted from 

the following analysis.  There are two distinct axes of confluent deformation at 16/2000 

contributing to frontogenesis indicated in Fig. 4.5a, coincident with the two significant 

thermal gradients, the first oriented nearly east-west from northeastern West Virginia to 

eastern Maryland.  The second is oriented generally north-south over northeastern West 

Virginia and western Maryland, is collocated with the ridge of highest terrain, and is 

consistent with a zone of confluence between southwesterly (~240 deg.) 800 hPa flow west 

of the Appalachians and more southeasterly flow (~160-200 deg.) along and to the east of the 

elevated terrain (not shown).   

Back trajectories from two pairs of FULL36 parcels located east and west of the 

higher terrain at 16/2000 were constructed to ascertain the origin of the two streams of air 

likely behaving frontogenetically in the region of interest.  Fig. 4.7 reveals that the sets of 

parcels both west and east of the higher terrain at 16/2000 can be traced back to the 

proximity of the Georgia and Carolina coastlines, in the layer between 910 hPa and 985 hPa 

24 hours prior.  Parcels 1 and 2 [Figs. 4.7 a-b], arriving west of the higher terrain by 17/0000, 

traverse the mountains in western North Carolina and emerge into a lower-extension of the 

continental jet, continually gaining southerly to southwesterly momentum west of the 

Appalachians.  Parcels 3 and 4 [Figs. 4.7 c-d], remaining east of the Appalachians, maintain 

and/or develop southeasterly momentum during their trajectories.  Upper air data from a 

station along the Appalachians (Roanoke, Virginia, RNK) and one east of the higher terrain 

(Dulles, VA, IAD) reveals reasonable agreement with the NHMASS simulations.  See Fig. 

4.1c for locations of upper air stations.  At 17/0000, the observed wind direction at RNK near 

800 hPa (802 hPa) was 186 degrees (southerly), while the wind direction at IAD at 814 hPa 

was 105 degrees and at 778 hPa, 125 degrees.   
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The impact of the two airstreams becoming superimposed on the same region now 

becomes clearer.  The result of the two sets of parcels approaching the region of interest from 

directions varying approximately 30-40 degrees is a sustained stripe of confluent deformation 

from western Maryland into northeastern West Virginia.  The other band of confluent 

deformation, albeit weaker, was produced through speed convergence.  Low-level parcels 

approaching the mid-Atlantic from the south and southwest, encountering the rightward-

directed circulation in the PJ entrance region, decelerated significantly.  Evidence of this 

deceleration can be found in the trajectories of all four parcels, wherein a 3-17 m/s 

deceleration occurs within the final 3 hours, strongest deceleration occurring with the two 

westernmost parcels.  In light of the previous discussion on frontal lift, horizontal 

frontogenesis should imply a greater slope of isentropic surfaces, stronger vertical velocities 

and, in the presence of a saturated atmosphere, greater quantities of precipitation.  Given the 

fact that the front does intensify with time and that the greatest precipitation rates are on the 

poleward side of the frontal zone, the impact of secondary circulations due to horizontal 

deformation, opposing frontogenesis and producing descending motion on the poleward side, 

appears negligible.  The presence of the highest precipitation amounts [e.g. Fig. 4.2, Fig. 1.1] 

east of the meridionally oriented 800 hPa baroclinic zone (with predominately southwesterly 

600-800hPa flow) and north of the zonally oriented zone (with generally south to southeast 

low- to mid-level flow), appears to implicate confluent deformation in the production of 

heavy snowfall over the region of interest.  

 

4.3.1cii. Tilting term 
 

 The tilting term represents the effect of differential vertical motion in tilting vertical 

gradients of potential temperature into the horizontal.  This term is most effective in regions 

of strong lapse rates and where vertical velocity changes rapidly in the horizontal.  The tilting 

term is quite significant in a portion of the region of interest, with the greatest contribution to 

frontogenesis occurring along the terrain ridge frontal zone, with the term less effective along 

the east-west frontal zone. The magnitude of the confluent deformation term is 

approximately 1/3 that of the tilting term, emphasizing the relative importance of this term.  
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What is apparent in Figs. 4.4c-4.6c is the tendency south of Garrett County, Maryland for the 

tilting term to represent frontogenetical forcing along the eastern portion of the terrain ridge 

confluent deformation band and frontolytical forcing along the western part.  Frontogenetical 

forcing due to confluent deformation is reinforced by the tilting term along the eastern half of 

the frontal zone, signifying the expected impact of the tilting term to shift the frontal zone 

east with time.  Comparing the potential temperature fields between 16/1900 (Fig. 4.4) and 

16/2100 (Fig. 4.6), one notes that the frontal zone remains generally stationary, apparently 

indicating compensation by additional ageostrophic circulations.  One possibility is the 

presence of enhanced frontogenesis in the lee of terrain ridges and frontolysis along 

windward slopes found in an idealized study of frontal interactions with terrain ridges by 

Gross (1994).  The impact of the easterly maritime jet impacting the terrain ridge may be to 

counteract the effects of the tilting (as well as diabatic term) along the terrain ridge frontal 

zone. 

The tilting term is oriented along the southern portion of the zonal baroclinic zone, 

though is not as solid as the confluent deformation band, consisting of a series of isolated 

maxima.  The tilting term apparently acts on a finer scale than the horizontal deformation 

terms, indicative of fairly rapid lateral changes in vertical velocity and lapse rates. It should 

be noted that this term, being proportional to z∂∂θ , is highly sensitive to the choice of z∆  

used in approximating the term for the analyses shown in Figs. 4.4-4.6.  A very fine scale 

vertical gradient of potential temperature likely existed locally, where the tilting term would 

likely be of much greater magnitude.  This analysis would not capture these locally intense 

regions of frontogenesis; a factor the reader is urged to keep in mind.  

4.3.1ciii. Diabatic heating term 
 

 The frontogenetical term with the greatest magnitude is the diabatic heating term.  

The reader is reminded that this term is an approximation of the diabatic heating term in 

(4.1.3), wherein for the component in the y-direction, 
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For this component, zonal gradients of diabatic heating rate are approximated through use of 

zonal gradients of the change in potential temperature following the three-dimensional flow.   

In (4.1.5), terms 1, 2, and 3 are the local tendency, horizontal advection, and vertical 

advection of potential temperature, respectively.  Terms A, B, and C represent the divergence 

of sensible heat flux, the divergence of the net radiative flux, and latent heat exchange, 

respectively.  Again, terms on the right side of 4.1.5 are difficult to evaluate utilizing 

NHMASS output, and as such the combination of terms 1, 2 and 3 provide information about 

the impact of diabatic heating (mostly latent heating) on frontogenesis.   

Considering Fig. 4.5d, one notices that the diabatic heating term is about four orders 

of magnitude greater than the tilting term, the next largest term, at 16/2000.  The magnitude 

of forcing, reaching a maximum of 250x10-4 K/ms in northeastern West Virginia and far 

northern Virginia, appear rather extreme considering the magnitudes of the other terms in the 

frontogenesis equation.  In fact, the maximum frontolytical value is equivalent to about -

9x104 Kkm-1hr-1!  Concerning western Maryland, one notices that a local maximum in 

diabatic frontolytical forcing occurs to the southeast of western Maryland and a local 

frontogenetical maximum occurs to the northeast, tied to a precipitation maximum inside the 

Maryland border from West Virginia (not shown).  The production of frontolytical forcing, 

largely through a combination of horizontal and vertical advection [Figs. 4.8 c and d], is 

consistent with findings of Wolf and Johnson (1995), with a low-level isallobaric wind 

directed toward the convectively induced lower-tropospheric height falls (strongest heating 

near 400 hPa).  Warm air advection south of the precipitation band due to the adiabatic 

isallobaric component (strongly tied to the rapid ascent and adiabatic cooling in the core of 

the precipitation maximum and subsidence outside the core) is frontolytical.  The area of 

frontolytical forcing seen in Fig. 4.8a is near the location of the precipitation core [not 

shown] and is partly due to the vertical advection term [Fig. 4.8d], which is produced through 

transport of lower θ air from below up to the 800 hPa level, increasing θ on the cold side of 

the frontal boundary. 

A comparison of diabatic frontogenesis between 16/1900 and 16/2100 [c.f. Figs. 

4.4d-4.6d] reveals that the extreme bands just discussed are generally stationary.  In order to 

counteract this extreme frontogenesis, the primary forcing is opposed by equally strong 
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secondary circulations [not shown], representing an effort by the atmosphere to maintain 

thermal wind balance in the presence of very strong frontogenesis.  The net effect of the 

tilting and diabatic frontogenetical terms appears to be to shift the east-west frontal zone 

southward, through frontogenesis (frontolysis) south (north) of the frontal zone, and to 

locally modulate the orientation of the terrain ridge frontal zone, while having less of an 

impact on the strength of either front.  Between 16/2100 and 16/2300, the band of maximum 

composite reflectivity simulated in FULL6 across the region of interest does shift south and 

in fact weakens [Fig. 4.9 c-e], consistent with the southward shifted east-west frontal zone 

and shifting of the terrain ridge frontal zone so that it was no longer normal to the continental 

jet.  Conversely, during the period 16/1900 to 16/2100, the band of strongest composite 

reflectivity shifted north [Fig. 4.9 a-c], quite possibly a response to the vigorous secondary 

circulation opposing the intense frontolytical forcing of the diabatic term along the southern 

edge of the reflectivity band.  Such a secondary circulation would consist of strong upward 

vertical motion north of the frontolytical band (adiabatic expansion/cooling) and strong 

descending motion south of the band (adiabatic compression/warming), producing positive 

y∂∂− θ  in an effort to maintain thermal wind balance.  As the frontal zone responded to the 

frontogenetical forcing to its south and shifted away from the region of interest, the 

reflectivity band shifted south as well. 

  While the tilting and diabatic terms were important in repositioning the frontal 

zones, the primary source of frontogenesis, establishing and maintaining heavy precipitation 

over the region of interest, is horizontal deformation (primarily confluent deformation).  It is 

this mechanism which produces narrow regions of strongly sloping isentropes, thereby 

generating a band of strong vertical velocity (and in a saturated atmosphere) a band of heavy 

precipitation, with the diabatic heating (and tilting term to a lesser degree) then gaining 

importance and acting to modulate the fronts locally.  The tilting term, while shown here to 

be active especially in the presence of complex terrain, is likely of greater importance further 

up into the middle troposphere, as tilting effects there are expected to dominate over 

horizontal deformation as temperature advections are weaker and vertical motions stronger 

(Miller 1948).  Quite apparent is the tenuous relationship between the low-level jets, their 

frontal counterparts, and the positioning of mesoscale bands of precipitation across the region 
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of interest, wherein slight variations in the intensity and position of the first two phenomena 

have an enormous impact on the intensity and positioning of the heaviest snowfall. 

4.3.2 Inertia-gravity wave forcing for vertical motion 
 

While warm air advection and frontogenetical forcing are two mechanisms 

contributing to upward motion over the region of interest directly forced by the interaction of 

the two low-level jet/front systems, the third meso-α/meso-β scale mechanism to be 

discussed, inertia gravity waves (IGWs), have a somewhat more complex relationship with 

the two low-level jet/front systems.  First, the mid- and upper-tropospheric thermal wind 

imbalance primarily due to a thermal perturbation forced by the continental jet acted as a 

source mechanism for the mesoscale wave activity.  Additionally, the low-level thermal wind 

imbalance owing to the superpositioning of the two low-level jet/front systems may have 

provided a source of energy for the wave activity east of the Appalachians.  Lastly, the 

positioning of the two low-level jet systems produced a low-level atmospheric structure 

conducive to the maintenance of wave activity as they propagated toward the region of 

interest.  While the relationship is more complex than the first two meso-α to meso-β scale 

mechanisms, the impact of the two jet/front systems on the wave activity was critical, as will 

be discussed shortly. 

As discussed in the earlier literature review, the conditions present within many IGW 

generation regions are similar to that of regions of unbalanced flow, namely non-zero NBE 

sums and large RoL numbers.  The common positioning of these wave generation regions in 

the unbalanced exit regions of upper-level jet/front systems and the understanding that IGWs 

act to restore unbalanced flow to a balanced state, implicate geostrophic adjustment as a 

potential IGW source mechanism (Uccellini and Koch 1987).  This same unbalanced state 

was shown in Chapter 3 to be critical to the formation of the continental low-level jet.  Shear 

instability, as a wave generation and/or maintenance mechanism, appears possible for this 

case.  As the requirement of a critical level with Richardson number (Ri) less than 1/4, where 

Ri is defined as 
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was met in the wave generation and propagation regions, the vertical wind shear may have 

been great enough for wave energy to be extracted from the mean flow (Uccellini and Koch 

1987; Lindzen and Tung 1976), although this is not assessed here. 

In section 3.3.1, a state of large RoL and non-zero NBE sum was diagnosed over 

eastern Texas generally between 15/1200 and 15/1800, while a region of large RoL and non-

zero NBE sum was simulated to progress toward the mid-Atlantic U.S. between 16/1800 and 

17/0000 [see RoL analysis in Fig. 3.20].  The propagation of the area of apparently 

unbalanced flow is consistent with the movement of the subtropical jet exit region between 

15/1200 and 17/0000 (not shown).  The building of an upstream ridge through a combination 

of diabatic and adiabatic processes and convectively-induced circulations, have been 

diagnosed in Section 3.3.1 to be the source of unbalanced flow in the exit region of the STJ.   

 

4.3.2a Evidence of Wave Activity in Observations 
 

Evidence of the proposed IGW activity is limited due to the meager extent of 

asynoptic data across the region through which the waves propagated.  While NHMASS 

simulations will be primarily used in assessing and characterizing the wave activity, evidence 

of these waves in the available observational data does exist.  Fig. 4.10 is a pressure trace 

from a NOAA Global Positioning System (GPS) site near Louisville, Kentucky [LOU, see 

Fig. 4.7a for location].  During the period between 16/0000 and 18/0000 the approach, 

passage, and departure of a synoptic surface cyclone [see Fig. 2.3b] is evidenced in nearly 

continuous pressure falls followed by steady pressure rises beginning at 16/2200.  Between 

16/2000 and 16/2200, one notices a suspect wave with amplitude of approximately 0.75 hPa 

move over the site.  Consistent with this feature is a narrow band of higher cloud tops in the 

infrared imagery passing over north central Kentucky during that same time period [Fig. 4.11 

d-f], and a band of convection [not shown] apparently associated with the wave activity, but 

somewhat out of phase with the wave activity, as determined by a comparison of high-

resolution Doppler radar data and the LOU GPS pressure trace.  This out of phase 

convection/wave crest relationship noted in the observational data supports the claim that the 

wave activity is inertia-gravity wave activity (Koch and Dorian 1988).   
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A separate, and apparently stronger wave is also evident in Fig. 4.11, passing south of 

LOU and approaching the region of interest by 16/2215.  This wave was not detected by the 

surface stations in the region it passed through, an indication that the wave period may have 

been too fine for the hourly data and/or the amplitude of the wave was too small to be 

sampled by the surface observing stations (weak surface indication of the wave).  NHMASS 

simulations contain a number of suspected gravity waves, including two that agree well with 

the pair observed in the IR satellite imagery and the LOU GPS pressure trace.  Fig. 4.12 b-d-

f, 70 hPa wind divergence for the period 16/2000-16/2200, reveals alternating bands of 

divergence (solid lines) and convergence (dashed lines).  Wu and Zhang (2004) made use of 

80 hPa velocity divergence in analyzing IGW’s (although not explicitly shown to be IGWs) 

from MM5 simulations of an IGW case study of 19-21 January 2003.  A reasonable 

correlation between lower stratospheric convergence and the pair of waves noted in the IR 

imagery is found, supporting the use of NHMASS data in analyzing these waves with 

improved temporal continuity.    

Due to wave tilting in the mid-troposphere into the lower-stratosphere, the bands of 

convergence at 70 hPa overlie bands of divergence in the mid-troposphere, with mid-level 

divergence consistent with the band of surface pressure falls noted in Fig. 4.13 a-c-e.  One 

notes a wave of depression of amplitude 0.50-0.75 hPa/hr propagating from a central 

Kentucky to upstate South Carolina line at 16/2000 to a southwestern West Virginia to 

northwest North Carolina line two hours later.   This amplitude is in reasonable agreement 

with the LOU GPS pressure trace, although the wave of elevation apparent in the one-hour 

0.5 hPa pressure rise is absent in the FULL18 simulation (though resolved in the FULL6 

simulation).  Before classifying the waves, both observed and simulated, as inertia-gravity 

waves, a series of tests must be applied to the phenomena to distinguish IGWs from other 

mesoscale banded phenomena (Koch and Dorian 1988).  Due to both a lack of sufficient 

observational data along the path of the wave phenomena and the fact that filtering of longer 

period oscillations in NHMASS fields was not performed, a classification of the wave 

phenomena as inertia-gravity waves cannot be done here.  The following tests for IGWs are 

simply evidence of the likelihood of these phenomena being IGWs; no final conclusions will 

be made. 
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4.3.2b Inertia-gravity wave tests  
 

The first test to be applied is whether the perturbation pressure (p’) and wave-normal 

wind (u*’) are in phase.  The wave normal wind, is defined as 

                         αα cossin* vuu −−=   ,                                       (4.1.6) 

whereα is the direction from which the wavefronts are propagating (clockwise from north), 

and u and v are the Cartesian wind coordinates (Koch and Golus 1988).  For this analysis, the 

FULL2 simulation was utilized, as the wave signals were noted to be strongest in that 

simulation.  With α = 235 degrees, the analysis was performed over west central West 

Virginia, and again over western Maryland [See Fig. 4.12e], in order to assess the coherency 

of waves propagating toward the region of interest.  Over west central West Virginia, 

covariances between u* and p’ were found to be 0.78, a solidly positive correlation, while 

over western Maryland the covariance was nearly the opposite value, -0.72, a solidly 

negative correlation.  It appears that a loss of wave energy has resulted in a loss of coherency 

with the gravity waves as the positive u*/p’ correlation consistent with IGW activity is 

lacking over western Maryland. 

 A second test to be applied is that of quadrature between the perturbation potential 

temperature (θ’) and perturbation vertical velocity (w’) fields.  Again, it should be noted that 

no filtering has been performed, requiring the use of w and θ rather than w’ and θ’ in the 

above analyses.  It has been shown in previous studies (Powers and Reed 1993) that for 

inertia-gravity waves, 400 hPa θ’ and w’ fields are offset by ½ wavelength, whereas for 

convectively induced perturbations (such as squall lines) in-phase θ’ and w’ fields are 

observed.  Fig. 4.13, a time series of 400 hPa (a) w and (b) θ, indicates that for each of the 

three w maxima between 16/2100 and 17/0100, θ maxima precede each by approximately 30 

minutes, or about ½ of the wavelength of the w perturbation.  The quadrature can also be 

shown within a vertical cross-section of θ and w along the path of the suspected IGW’s (not 

shown).   
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A third test compares the subjectively analyzed intrinsic phase speed of the wave 

phenomena to that found from the dispersion relationship of a propagating hydrostatic 

gravity wave with Coriolis rotation, 
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where iω is the intrinsic frequency of the wave, and k and m are the horizontal and vertical 

wavenumbers, respectively (Zhang 2004).  For horizontal wavelengths of 93.6 km and 

vertical wavelengths of 3.7 km (determined for waves at 400 hPa from FULL2 potential 

temperature fields), and a value of Brunt-Vaisalla frequency of 0.02 s-1, an intrinsic phase 

speed of 11.8 m/s was estimated.  An estimation of the intrinsic phase speed was also made 

through a subjective analysis of wave propagation using 70 hPa divergence analyses.  Using 

the second method, a Ci of 13.4 m/s was calculated, in reasonable agreement to that found 

through (4.17).  Each of the three evaluations discussed here provide reason to believe that 

the phenomena observed within the NHMASS simulations are probably inertia-gravity 

waves, though are insufficient to conclusively refer to them as such.  For this reason, the 

phenomena will continue to be referred to as suspected inertia-gravity waves or apparent 

gravity wave activity.  

 

4.3.2c  Possible Impact of Wave Ducting 
 

While the continental low-level jet/front system has been shown to be conducive to 

flow imbalance and therefore conducive to gravity wave generation, the impact of the two 

low-level jet/front systems on the maintenance of the wave activity as it propagated toward 

the region of interest must be considered.  Lindzen and Tung (1976) noted the fact that due to 

the vertical propagation of gravity waves, wave energy loss was inevitable, and therefore a 

mechanism with which to contain the wave energy would be required in the absence of 

continuous forcing.  A stable ducting layer near the surface, capped by a dynamically 

unstable layer (where Ri<0.25) was shown to be conducive to wave reflecting at the critical 

level and maintenance of wave energy.  Fig. 4.14 indicates just such a near surface stable 

layer (up to about 900 hPa) capped by a somewhat less statically stable layer at 17/0000, in 

southern West Virginia.  Fig. 4.15, a FULL2 cross section from southern West Virginia to 
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southern Pennsylvania of potential temperature and an approximate critical level, valid 

17/0000, indicates a potential critical level between 900 and 850 hPa, essentially across the 

southern third of West Virginia.  It should be noted that this critical level is defined based on 

the total wind speed, (U+u’), and therefore accounts for non-linear effects, wherein waves 

become “self-critical” some distance below the critical level based on the background wind 

speed (U) (Fritts 1984; Lane et al 2003).  

The wave duct, while meeting requirements in terms of the thermal profile and 

presence of a critical level, also meets the dynamic instability requirement at the top of the 

ducting layer, where there is a layer with Ri < 0.25 [Fig. 4.14b].    The movement of the area 

of unbalanced mid- and upper- level flow into West Virginia and the rest of the Mid-Atlantic 

by 17/0000 [Fig. 3.20c] appears to have been a continuous source of energy for the waves 

propagating toward the region of interest, with wave ducting assisting in the maintenance of 

wave energy along the southern portion of the wave path.  With the waves propagating away 

from the subtropical exit region and into a region less favorable for wave ducting, wave 

energy was lost and the waves began to lose their coherency, also consistent with the u*/p’ 

covariances in the previous section.  A thorough analysis of Ri was performed over the entire 

FULL2 model domain, with the result that over approximately the southern half of the track 

of the propagating wave activity, the ducting requirement was met.  

 

4.3.2d Impacts of suspected gravity wave activity on precipitation 
 

The main impact of the apparent inertia-gravity wave activity is best illustrated in a 

comparison of the FULL6 composite reflectivity between 16/1900 and 16/2100 [Fig. 4.9 a/c].  

At 16/1900 [Fig. 4.9a], the impact of frontogenetical circulations are readily apparent in the 

band of 45-50 dBZ radar reflectivity from northwestern West Virginia to northeastern 

Maryland, well-aligned with the 800hPa frontogenesis discussed in section 4.3.1.    Two 

convective cells are noted over extreme eastern Kentucky and northeast Tennessee, with no 

notable bands of sea-level pressure tendency associated with them.  By 16/2100 [Fig. 4.9c], 

the band associated with frontogenesis had weakened and become much less distinguishable, 

while numerous bands of 45-50 dBZ radar reflectivity returns were noted over western 

Virginia and throughout West Virginia.  A comparison to the 2km NOWRAD composite 
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reflectivity indicates an overall tendency for the simulation to overestimate reflectivity by 5-

10 dBZ and place the frontogenetical band approximately 50km too far north.  Also evident 

in Fig. 4.9c are generally north-northwest-south-southeast oriented bands of alternating sea-

level pressure falls or waves of depression and sea-level pressure rises or waves of elevation.  

The waves of elevation and waves of depression constitute the surface reflection of suspected 

gravity waves propagating toward the region of interest.  If not for the wave activity, a 

gradual tapering of precipitation would likely have occurred, yet the wave activity served to 

prolong the event and contribute to the tremendous snowfall totals within the region of 

interest. 

The transition from the frontogenetically forced band of precipitation readily apparent 

in Fig. 4.9a to the propagating mesoscale bands seen in Fig. 4.9c is best displayed in a 

vertical cross-section of radar reflectivity and potential temperature from eastern Tennessee 

to southern Pennsylvania [Fig. 4.16].   At 16/1900 [Fig. 4.16a], one notes two distinct 

vertical bands of radar reflectivity, each with maximum reflectivity values of 50-55 dBZ.  

The southernmost is an isolated convective cell [Fig. 4.9a] and the other further north along 

and poleward of the highest terrain is associated with the frontal circulation.  Consistent with 

this circulation, a mid-level frontal zone from about 800 hPa to 400 hPa is noted, with higher 

potential temperature poleward of the band of precipitation apparent evidence of the 

substantial latent heat release occurring there.  The isentropic surfaces reveal wave activity 

south of the convective cell above 700 hPa with waves of elevation (depression) poleward 

(equatorward) of a weak 10-15 dBZ vertical band of radar reflectivity.  Again, this is 

consistent with the requirement of quadrature between sea-level pressure tendency and 

convection.     

The continental front evident in Fig. 4.1c required the frontogenetical circulations to 

maintain themselves, and as such the frontal intensity waned as the frontogenetical forcing 

weakened during the following five hours.  The band of radar reflectivity associated with the 

frontogenetical circulation had weakened to 40-45 dBZ by 17/0000 [Fig. 4.16b], yet it still 

remained considerable.  By that time the convective cell had moved north and east and had 

split into two distinct bands and was in proximity to the zonally oriented band of 

precipitation.  More importantly, the wave activity noted over eastern Kentucky and 
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northeastern Tennessee at 16/1900 had propagated northeast and in fact had outrun the bands 

of convection.  The apparent impact of the wave activity on the meso-α to meso-β scale 

appears to have been the maintenance of upward motion as both primary and secondary 

circulations associated with the frontogenesis weakened.  

 

4.4 Smoothed Terrain Sensitivity Experiments 
 

 Sensitivity experiments were performed in which the model terrain was smoothed 60 

times with a 9-point smoother in order to quantify the role of individual terrain peaks on the 

circulations that developed and the precipitation the circulations generated.  Here we wish to 

understand what role the terrain played in modifying the frontogenetical circulations and 

subsequently what role the terrain played in the development of the meso-α to meso-β scale 

frontogenetical bands of precipitation.  First, comparisons will be made between total 

precipitation generated within the FULL6 simulation and that generated within the 

SMOOTH6 simulation.  It should be noted that direct impact of the terrain on precipitation 

over the region of interest, including mountain wave generation, upslope flow, and surface 

convergence banding, will be discussed in detail in Chapter 5.  Fig. 4.17 indicates a band of 

substantially greater 15-hour accumulated total precipitation in SMOOTH6 compared to 

FULL6 from north central West Virginia to east central Pennsylvania.  A maximum 

difference in accumulated precipitation within the band of 14-16 mm was noted over south 

central Pennsylvania, with a substantial decrease in 15 hour accumulated precipitation over 

Garrett County with SMOOTH6 simulating about 10 mm less over the southern part of the 

county.  The impact of smoothed terrain on frontogenesis, frontal lift, and inertia-gravity 

waves will now be evaluated. 

 

4.4.1 Impact of terrain on frontal lifting  
 

Cross-sections of total wind speed and potential temperature valid 16/2100 were 

constructed normal to the band of maximum precipitation difference seen in Fig. 4.17 for 

both FULL6 and SMOOTH6 [Fig. 4.18].  It is clear in comparing the FULL6 cross-section 
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[Fig. 4.18a] to the SMOOTH6 counterpart [Fig. 4.18b] that the continental jet (1) penetrates 

further north and is a (2) deeper and (3) stronger feature within the smoothed terrain run.  All 

three differences are consistent with weaker cold-air damming (CAD) having taken place 

over the mid-Atlantic U.S. within the smoothed terrain run, wherein the continental jet is 

impeded less laterally and is able to extend over a deeper layer in the vertical over the weaker 

and more shallow CAD airmass to the north in SMOOTH6.  The third difference can be 

linked to the warmer low-level CAD-induced airmass over eastern Tennessee and Kentucky.  

The process wherein a warmer low-level arctic airmass (due to smoothing of the terrain) 

impacts the continental low-level jet will be shown to be further evidence of the jet 

development process described in Chapter 3. 

 Evidence of warmer low-level temperatures and lower static stability is found in an 

evaluation of K index values across eastern Kentucky and Tennessee, where the K index is 

defined as 

                            )()( 700700850500850
dd TTTTTK −−+−=  ,                 (4.1.8) 

with Td defined as the dewpoint temperature and all values calculated on isobaric surfaces as 

indicated by superscripts.  Area-averaged K index values across the above mentioned region 

were 2.5 C greater in SMOOTH6 at 16/1900 (not shown), with by far the greatest 

contribution coming from greater 850hPa temperatures (on average, 1 C warmer at that 

time).  Consistent with the weaker low-level static stability was an increase in aerial coverage 

of convection in eastern Tennessee, Kentucky, and southern Ohio, seen in a comparison of 

composite reflectivity at 16/1900 [Fig. 4.19] and made clear when considering that the area-

averaged composite reflectivity is nearly 5 dBZ stronger in the smoothed terrain simulation.   

As discussed in Chapter 3, latent heat release from upstream convection was one 

mechanism for continental jet development wherein latent heat forces the half-wavelength of 

the mid- to upper-level trough/ridge couplet to decrease through downstream height rises 

(Koch and Dorian 1988).  This furthers flow imbalance and increases upper-level divergence 

tendencies in the left exit region of the subtropical jet streak, consequently driving the 

development of a significant ageostrophic component directed left of the 600-850hPa flow.  

Difference fields of geopotential height at 300 hPa [Fig. 4.20] in fact reveal that geopotential 

height was generally 10-15 m lower roughly west of a western Pennsylvania to south central 
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West Virginia line and only 5-10 m lower east of that line in SMOOTH6 compared to 

FULL6.  The impact of this is to reduce the half-wavelength between upstream trough and 

downstream ridge, consistent with the stronger continental low-level jet directed toward the 

region of interest.  It is apparent that the surface cold pool associated with the maritime jet, 

forced in large part due to the Appalachian Mountains, impacts the continental jet (and 

therefore lift caused by warm air advection) through modification of upstream stability and 

convection. Convectively forced mid-level height changes act to “bridge” the two low-level 

jets, with the convective forcing impacting the continental jet intensity and therefore warm-

air advection generated precipitation. 

 

4.4.2 Impact of terrain on frontogenesis 
 

 Analyses of frontogenesis were performed for the SMOOTH6 simulation following 

the same procedure as in Section 4.2, and direct comparisons were made to the FULL6 

frontogenesis fields at 16/2000.  Fig. 4.21, consisting of both SMOOTH6 [Fig. 4.21 b-d-f-h] 

and FULL6 [Fig. 4.21 a-c-e-g], indicates a weaker magnitude of all four frontogenetical 

fields.  Considering the confluent deformation forcing, the terrain ridge frontal band 

discussed in Section 4.2.2 is as expected forced in large part by the terrain, and is so weak 

that it is non-existent in Fig. 4.21b due to the scaling used.  Of note is the fact that the region 

immediately to the east of the intense terrain ridge frontogenesis noted in FULL6 

experienced a substantial decrease in 15 hour accumulated precipitation ending 17/1200 

between FULL6 and SMOOTH6 [Fig. 4.17], of 10 mm or 30% of the FULL6 precipitation 

total.  This region to the east was influenced significantly by the strongly sloped frontal zone 

with the continental jet directed normal to it, and with the greatly weakened frontogenesis in 

SMOOTH6, the total precipitation was significantly reduced. 

An important aspect of this comparison is the lack of tilting contribution to 

frontogenesis/frontolysis within the SMOOTH6 simulation [Fig. 4.21f].  This term, sensitive 

to the rapid changes in potential temperature and vertical velocity present in the vicinity of 

the complex terrain in northeastern West Virginia and western Maryland, likely plays a role 

in locally perturbing the frontal zone and thereby producing locally enhanced precipitation 
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rates.  The diabatic term, relatively absent across much of northeastern West Virginia in 

SMOOTH6, remains strong south of the zonally oriented mesoscale band of precipitation, 

which has shifted poleward [Fig. 4.19].  As in FULL6, the tendency of the diabatic term is to 

shift the frontal boundary south with time.  Considering the effect of terrain on frontal lift or 

warm air advection and frontogenesis, one notes that both mechanisms tend to compensate 

for each other.  Smoothing the terrain produced a slightly (~3 ms-1) stronger continental jet, 

which forced stronger warm air advection precipitation in the presence of weaker 

frontogenetical forcing and a lack of a dual frontal zone system as in Section 4.31c(i).  The 

result was the removal of the isolated maximum in western Maryland and the generation of 

an overall stronger band of precipitation across southern Pennsylvania in the smoothed 

terrain simulation. 

 

4.4 Summary and Conclusions 
 

While chapter 3 addressed how two synoptic-scale jet/front systems, the subtropical 

and polar, produced the continental and maritime low-level jet/front systems, this chapter has 

considered the role of finer meso-α to meso-β scale circulations, forced in large part by the 

superpositioning of the two low-level jet/front systems, in contributing to lift over western 

Maryland and northeastern West Virginia.  Two mechanisms contributing to lift over the 

region of interest were considered in this chapter: strong frontal ascent owing to locally 

intense frontogenesis, and inertia-gravity waves.  The former mechanism is directly produced 

by the two low-level jet/front systems, while the latter has a more complicated relationship to 

the two low-level jet/front systems.  Suspected inertia-gravity waves were generated through 

geostrophic adjustment to unbalanced mid-tropospheric flow across eastern Tennessee and 

eastern Kentucky, with a mass perturbation forced by the continental jet driving the 

unbalanced state through term 3 of the divergence equation (3.3.3).  The thermal structure 

resulting from the juxtaposed low-level jets was also conducive to wave energy maintenance 

through wave ducting.  Both mechanisms played a role in providing the vertical motion 

required to produce the 100+ cm snowfall totals and 45-75+ mm melted precipitation totals 

observed over northeastern West Virginia and western Maryland. 
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 The first mechanism to be considered, frontal lifting, is a mechanism found in all 

winter storms, and involves the movement of air parcels up the sloping surface of a frontal 

zone.  This process involved air parcels in the continental jet overrunning the near surface 

cold pool associated with the maritime jet.  The strength of lift with this mechanism is 

proportional to the slope of the frontal surface, which itself is modified through 

frontogenetical forcing.  Additionally, frontal lift is also highly dependent on the strength of 

the jet directed up the frontal surface, wherein a stronger continental jet would lead to 

stronger warm air advection and increased lift over the region of interest.  Frontogenetical 

forcing produced intense, narrow frontal zones as well as vigorous secondary circulations 

capable of enhancing the vertical motion over the region of interest.   

A 2-dimensional form of the Miller (1948) frontogenesis equation was utilized, with 

the three sources of frontogenetical forcing, horizontal deformation, tilting effects, and 

diabatic heating analyzed for the period of strongest frontogenesis (16/1900-16/2100).  

Results of the analysis indicated that horizontal deformation (a combination of confluence 

and shear effects) produced two narrow frontal zones, one along the roughly north-south 

terrain ridge over western Maryland and northeastern West Virginia, and the other a slightly 

weaker band from northeastern West Virginia to the eastern Maryland shore.  The impact of 

tilting effects and diabatic heating was to shift the frontal zones locally, producing a shifting 

region north and east of the two frontal zones where an intense secondary circulation 

associated with diabatically forced frontogenesis and the continental jet, which was forced up 

the two adjacent frontal zones, produced strong lift.   

 The third mechanism, inertia gravity waves, was discussed, with the caveat that 

insufficient analysis was performed to definitively classify the observed as well as simulated 

wave activity during the 2003 Presidents’ Day event as inertia-gravity wave activity.  Three 

tests were performed, including a test for quadrature between 400 hPa vertical velocity and 

potential temperature, and an in-phase relationship between surface perturbation pressure and 

the component of wind in the direction of propagating wave fronts.  All tests indicated the 

likelihood that the wave activity was in fact inertia-gravity wave activity, but the lack of 

filtering applied to the analysis and the scarcity of asynoptic observed data severely limited 

the analysis.  Despite these shortcomings, the simulated wave activity did appear to have a 
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real impact on the generation of precipitation over the region of interest, in that it generated 

lift over the region as the frontogenetical forcing was waning.  The implications of 

hydrostatic mountain wave activity will be discussed in the final chapter. 

 Results of a smoothed terrain sensitivity experiment were presented, with the 

conclusion from the analysis that the two-low level jet/front systems and the frontal lifting 

precipitation mechanism were all closely coupled.  Smoothing the terrain led to the formation 

of a much weaker terrain-ridge band of frontogenesis, a feature that was shown to have had a 

substantial impact on the vertical motion and precipitation generation over western 

Maryland, primarily through the increase in frontal slope.  While consistent with this change 

was a 30% reduction in 15 hour accumulated precipitation over portions of western 

Maryland, a broader and stronger band of accumulated precipitation was noted further north 

over southern Pennsylvania in SMOOTH6.  While the frontal slope was weaker both west 

and south of southern Pennsylvania, an analysis of the continental low-level jet ascending up 

the frontal surface was performed, revealing significant changes to the character of the 

continental jet that compensated for the weaker frontal slope.   

The continental jet penetrated further north and was substantially deeper in the 

SMOOTH6 simulation, due to a weaker cold-air damming scenario tied closely to the lower 

height of the Appalachian Mountains.  Most importantly, the continental jet was stronger in 

SMOOTH6, due to a process wherein the weaker cold-air damming (and weaker near-surface 

stability) upstream of the region of interest contributed to more widespread convection and 

therefore a stronger mid-level diabatic mass perturbation.  This mass perturbation was shown 

in Chapter 3 to be key to driving the continental jet development.  While not discussed, the 

weaker cold air damming would have also impacted gravity wave maintenance, due to the 

presence of a weaker wave duct.  It appears that although the terrain played a significant role 

in the localized excessive snowfall totals over western Maryland through its influence on 

frontogenetical forcing and inertia-gravity waves, large snowfall totals would have been 

experienced had the terrain been relatively flat.  The impact of the terrain was felt locally, 

through generation of small-scale maxima in precipitation. 

The next and final chapter will consider further the impact of terrain, through 

analyses of pure upslope flow, near-surface convergence banding, and mountain wave 
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activity.  These mechanisms, like the larger-scale ones discussed to this point, are forced in 

large part through the superpositioning of the two low-level jet/front systems, the continental 

and the maritime.  These additional fine-scale mechanisms enhanced the lift produced 

through the larger-scale mechanisms, though were not the primary forcing for the heavy 

snowfall observed across the region of interest.  
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Fig. 4.1 FULL18 302 K wind speed (m/s, contoured < 20m/s shaded/contoured > 20m/s), wind vectors [m/s], 
and pressure [hPa, gray dashed lines] valid at a) 1200 UTC 16 Feb 2003, b) 1800 UTC 16 Feb 2003 and c) 0000 
UTC 17 Feb 2003.  Box in a) is outline for region used for calculation of vertical motion due to isentropic 
ascent.  Locations of Dulles, Virginia (IAD) and Roanoke, Virginia (RNK) indicated in (c). 
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Fig. 4.2 FULL18 3-hour accumulated total precipitation [mm] ending 0000 UTC 17 Feb 2003. 
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Fig. 4.3 FULL6 775-850 hPa layer Rossby radius of deformation [km] for frontogenesis valid 0000 UTC 17 
Feb 2003.  See text for methodology. 
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Fig. 4.4 FULL6 800 hPa potential temperature (K, dashed gray lines) and frontogenetical forcing due to a) 
Confluent deformation (x 10-8), b) Shearing deformation (x 10-8), c) tilting effects (x 10-8), d) diabatic heating (x 
10-4) [K/ms, solid-frontogenetical forcing,  dashed-frontolytical forcing] all valid 1900 UTC 16 Feb 2003.  
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Fig. 4.4 Continued       Shown are frontogenesis due to c) tilting effects, and d) diabatic heating, valid 1900 
UTC 16 Feb 2003. 
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Fig. 4.5 As in Fig. 4.4, except valid 2000 UTC 16 Feb 2003. 
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Fig. 4.5 Continued         Shown are frontogenesis due to c) tilting effects, and d) diabatic heating, valid 2000 
UTC 16 Feb 2003. 
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Fig. 4.6 As in Fig. 4.4, except valid 2100 UTC 16 Feb 2003. 
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Fig. 4.6 Continued         Shown are frontogenesis due to c) tilting effects, and d) diabatic heating, valid 2100 
UTC 16 Feb 2003. 
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Fig. 4.7   FULL36 24 hour parcel back trajectories for parcels west and east of the Appalachians on the 800 hPa 
surface at 2000 UTC 16 Feb 2003.  Location of Louisville, Kentucky GPS site (see Fig. 4.11) indicated in (a).  
Station model contains pressure level of parcel (hPa, left) and total wind speed (ms-1, right). Displayed wind 
vector is total wind (ms-1, referenced by legend). 
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Fig. 4.8  FULL6 800 hPa potential temperature (K, dashed gray lines) and diabatic frontogenetical contribution 
from a) Complete Term (x 10-4), b) Local tendency (x 10-4), c) Horizontal advection (x 10-4), d) Vertical 
advection (x 10-4) [solid-frontogenetical forcing,  dashed-frontolytical forcing] valid 2000 UTC 16 Feb 2003. 
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Fig. 4.8 Continued         Shown are diabatic frontogenesis due to c) horizontal advection and d) vertical 
advection, valid 2000 UTC 16 Feb 2003. 
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Fig. 4.9  FULL6 composite reflectivity [shaded >35 dBz] and one-hour sea-level pressure tendency [solid-
positive, dashed-negative, zero-change indicated by thick contour, hPa/hr] valid a) 1900 UTC 16 Feb 2003, b) 
2000 UTC 16 Feb 2003, c) 2100 UTC 16 Feb 2003, d) 2200 UTC 16 Feb 2003, and e) 2300 UTC 16 Feb 2003.   
Cross-section axis B-B’ for Fig. 4.16 noted in (a). 
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Fig. 4.9 Continued Shown are images valid d) 2200 UTC 16 Feb 2003, and e) 2300 UTC 16 Feb 2003.   
  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

d 

e 



 129

 

 
 

Fig. 4.10 NOAA Global Positioning System (GPS) surface pressure trace from Louisville KY (LOU) GPS site.  
Valid 0000 UTC 15 Feb 2003 to 0000 UTC 18 Feb 2003.  Period of IGW activity between 2000 UTC and 2300 
UTC 16 Feb 2003 noted with black circle.  Location of LOU GPS site indicated in Fig. 4.7a. 
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Fig. 4.11 Enhanced IR imagery valid a) 1715 UTC 16 Feb 2003, b) 1815 UTC 16 Feb 2003, c) 1915 UTC 16 
Feb 2003, d) 2015 UTC 16 Feb 2003, e) 2115 UTC 16 Feb 2003, and f) 2215 UTC 16 Feb 2003.  Approximate 
wave front positions denoted by dashed lines.  
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Fig. 4.12 NHMASS FULL18 (a)-(c)-(e) one hour sea-level pressure tendency (hPa/hr) for 2000 UTC, 2100 
UTC, and 2200 UTC 16 Feb 2003, respectively.  (b)-(d)-(f) 70 hPa velocity divergence [/s x10-5]  for 
corresponding times in (a)-(c)-(e).  Point W in (a) for timeseries in Fig. 4.13, point A is point for profiles in Fig. 
4.14.  Black line A-A’  in (a) represents cross-section axis in Fig. 4.15.  Thick dashed lines  denote approximate 
wave front positions.  Boxes in (e) denote areas over which covariances of perturbation pressure and front 
normal surface wind were calculated (see text for details).   
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Fig. 4.13 NHMASS FULL2 time series of a) 400 hPa vertical velocity [cm/s] and b) 400 hPa potential 
temperature [K] from 1830 UTC 16 Feb 2003 to 0330 UTC 17 Feb 2003 for point W displayed in Fig. 4.13a.  
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Fig. 4.14   NHMASS FULL2 475-975 hPa profiles of a) Equivalent Potential Temperature (θe) [K] and b) 
Richardson number, for point depicted by point A in Fig. 4.13 at 0000 UTC 17 Feb 2003.   Dashed vertical line 
in (b) is Ri = 0.25 line.  Layers of lower-and middle-troposphere indicated and described in text.  Fig. (a) 
follows schematic of Marks (1975), see Fig. 13 in Lindzen and Tung (1976). 
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Fig. 4.15  FULL2 vertical cross-section of wind speed between 11.8 and 13.5 m/s (range of possible critical 
levels as determined from analysis, see text) [shaded] and potential temperature [K], valid 0000 UTC 17 Feb 
2003.  Cross section axis A-A’ displayed in Fig. 4.13a.   Bracket below left 1/3 of cross section denotes region 
of adequate wave ducting (see text). 
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Fig. 4.16   FULL6 vertical cross-section of radar reflectivity [dBZ] (shaded) and potential temperature [K] 
(solid black) valid a) 1900 UTC 16 Feb 2003 and b) 0000 UTC 17 Feb 2003.  Cross-section axis B-B’ displayed 
in Fig. 4.9a. 
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Fig. 4.17  Difference field of 15-hour accumulated total precipitation (SMOOTH6 – FULL6) [mm] ending 1200 
UTC 17 Feb 2003.    Cross-section axis for Fig. 4.18 given by solid line C-C’. 
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Fig. 4.18  Cross-section of wind speed (shaded and dashed), potential temperature (solid black), and wind 
vectors valid 2100 UTC 16 Feb 2003 for a) FULL6 simulation and b) SMOOTH6 simulation.  Axis of cross-
section C-C’ depicted in Fig. 4.19a. 
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Fig. 4.19 Composite Reflectivity [dBZ] valid 1900 UTC 16 Feb 2003 for a) FULL6 and b) SMOOTH6 
simulation 
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Fig. 4.20 Geopotential height difference field (SMOOTH6 – FULL6) [shaded, m], valid 1900 UTC 16 Feb 
2003.  No shading performed between –5 m and 5m, although zero change contour included.  
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Fig. 4.21 800 hPa potential temperature (K, dashed gray lines) and a) FULL6 confluent deformation, b) 
SMOOTH6 confluent deformation (x 10-8), c)FULL6 shear deformation, d) SMOOTH6 shear deformation (x 
10-8), e) FULL6 tilting contribution, f) SMOOTH6 tilting contribution (x 10-8),  g) FULL6 diabatic 
frontogenesis, and h) SMOOTH6 diabatic frontogenesis (x 10-4),  [K/ms, solid-frontogenetical forcing,  dashed-
frontolytical forcing], all valid 2000 UTC 16 Feb 2003. 
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 Fig. 4.21 Continued       Shown is shear deformation from c) FULL6 and d) SMOOTH6 simulations, both valid 
2000 UTC 16 Feb 2003. 
 

 

 

 

 

 

 

 

c

d



 142

 

 
 

 

Fig. 4.21 Continued       Shown is tilting frontogenesis from e) FULL6 and f) SMOOTH6 simulations, both 
valid 2000 UTC 16 Feb 2003. 
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Fig. 4.21 Continued       Shown is diabatic frontogenesis from g) FULL6 and h) SMOOTH6 simulations, both 
valid 2000 16 Feb 2003. 
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5.  Meso-β to Meso-γ Scale Motions During the 2003 Presidents’ 
Day Event 
 

5.1 Introduction 
 
 
 Prediction of locally intense snowfall at any one location during a winter storm is an 

extremely difficult task, due to a number of reasons that can be grouped into two main 

categories, model limitations and scientific understanding.  Within the first group, (1) the 

scales of motion over which the heavy snowfall is produced are too fine for operationally run 

numerical models to resolve and (2) the practically available time interval of output is usually 

greater than the period of locally intense snowfall.  These problems will be solved only 

through advancements in computing power and data storage/transmission and are beyond the 

scope of this study.  The second group of extreme snowfall predictability issues is the 

motivation for this study.  First, the complex non-linear interactions crucial to the generation 

of intense fine-scale vertical velocity limit the ability of forecasters to synthesize the data and 

adequately warn the public, and second, the commonality of corresponding fine-scale regions 

of mesoscale descent reduce the credibility of forecasts of extreme snowfall and limit the 

focusing of snowfall removal and emergency services to the regions that do experience 

locally intense snowfall. 

 The consequences of extreme winter weather events have been highlighted in 

previous chapters and include disruption of local and regional economies, interruption of 

vital utilities, and most critically the delay of essential medical services to those in need.  

Improvement of our understanding of the mechanisms (and their complex non-linear 

interactions) that result in upward motion capable of producing such extreme precipitation 

totals as occurred locally during the 2003 Presidents’ Day event is the driving force behind 

this study.  Equipped with a more refined understanding of these multi-scale mechanisms, 

operational forecasters would be able to issue forecasts and warnings that not only more 

adequately warn the public of the impending event, but also most importantly properly focus 

the deployment of valuable emergency services.  The potential to reduce impact on local and 
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regional economies and improve the well being of the public-at-large during major winter 

storms is the real impetus for this study.   

The first two chapters in this study established the processes that produced synoptic 

to meso-β scale lift, while this last chapter considers the local enhancement of vertical 

velocity over western Maryland and northeastern West Virginia due to terrain forcing.  The 

mechanisms to be discussed are produced through interactions between the complex terrain 

and the superimposed continental and maritime low-level jet/front systems.  From pure 

upslope flow to terrain-forced bands of convergence and mountain waves, ample forcing was 

available at the meso-β to meso-γ scale to produce regions of locally intense snowfall.  As we 

accumulate more and more mechanisms in this chapter, it is crucial that the reader keep in 

mind the basic principle: each mechanism owes its existence, in part, to the two low-level 

jet/front systems.  By assessing the development and subsequent motion of the two low-level 

jets within operational model output, one can also assess the potential for additional finer-

scale mechanisms and local enhancement of precipitation in complex terrain. 

A review of literature pertaining to orographic precipitation indicates that most if not 

all studies of orographic precipitation consider the role of high elevation, steeply sloped 

orography, such as the Alps (e.g. Chiao et al 2004), the Wasatch Range of Utah (e.g. Cox et 

al 2005), and the Mongolan Rim of Arizona (e.g. Reinking et al 2000).  Along the windward 

slopes of the Alps during a heavy orographic rainfall event of 19-20 September 1999, Chiao 

et al (2004) noted that a combination of upslope induced and near-surface horizontal velocity 

convergence induced vertical motion (owing to the development of a barrier jet) in the 

presence of a conditionally unstable layer produced extreme rainfall totals (in excess of 

250mm in 24 hours).  Cox et al (2005) considered a Wasatch mountain winter storm and 

noted that a combination of barrier jet induced near-surface convergence and superimposed 

cross-mountain upslope flow produced snowfall totals approximately twice that of regions 

not impacted by orographic forcing.  Lastly, Reinking et al (2000), in a study of cross-terrain 

flow (driven by a series of wintertime mid-level troughs) over a series of parallel ridges in 

northern Arizona, found that a coupling of pure upslope and mountain wave activity 

produced heavy orographic precipitation (approximately 80% due directly to terrain forcing).  

As each of these studies considered complex terrain of large vertical extent (generally 1.5-3 
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km in elevation), those findings will need to be carefully applied to the complex terrain of the 

region of interest in the Appalachians (elevations ranging from 800 m to 1 km). 

Before continuing further, limiting factors of this portion of the study must be 

discussed.  At the scale of motion to be considered in this chapter, observational data of 

adequate coverage and temporal consistency necessary for proper model validation is sorely 

lacking, particularly over population sparse regions (e.g. Garrett County population density: 

46.1 persons per square mile) such as that considered in this study.  What is available, 

namely cooperative observer network meltwater (12 km resolution) and total snowfall reports 

and high resolution (2 km) NOWRAD imagery, have been used to verify precipitation 

patterns previously, and will be used here to the extent that is possible to verify the fine-scale 

patterns.  Additionally, U.S. Geological Survey (USGS) 3-second digital elevation maps 

(DEMs) have been utilized to verify fine-scale terrain features in terrain data ingested into 

NHMASS, a critical procedure considering the close relationship between the terrain features 

and local precipitation maxima. 

Within the chapter, section 2 will briefly describe the mesoscale model used in 

evaluating meso-β to meso-γ scale dynamics.  Section 3 will consider pure upslope and 

terrain-induced surface convergence processes, as well as the impact of mountain wave 

activity on locally heavy snowfall.  Section 4 will present findings from a sensitivity 

experiment with smoothed terrain.  Finally, section 5 will summarize the preceding sections 

and present concluding remarks. 

 
5.2 Model Summary 
 
 
 Due to the lack of observational data available at a scale necessary to resolve the 

mechanisms discussed in this chapter, a mesoscale model is employed for dynamical 

analysis.  The Non-Hydrostatic Mesoscale Atmospheric Simulation System (NHMASS) 

model version 6.3 (Kaplan et al 2000), adapted for modeling of stratospheric dynamics, is 

used for this study.  Model specifics and experiment design were described in detail in 

Section 2.1.  For reference, the domains of simulations with grid spacing of 6 km and finer 

are indicated in Fig. 2.7b.  It should be noted here that the fine-scale simulations presented in 
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this chapter have been performed with the PBL physics scheme activated, raising the 

possibility that the impacts of parameterized eddies may be overlapping those of resolved 

ones.  Additionally, at the 222 m horizontal resolution, the vertical grid spacing lags behind 

its horizontal counterpart, improper for a true large eddy simulation (LES) scale model.  This 

is in essence lightly traveled territory, and the reader is advised to proceed with this in mind. 

 

5.3 NHMASS Simulation Results 
 

 In order to facilitate a breakdown of terrain-induced precipitation mechanisms, a 45-

minute accumulated precipitation analysis from the FULL222 simulation valid 17/0215 [Fig. 

5.1a] will be reviewed.  For comparison, a NOWRAD 2 km Doppler radar image valid 

17/0300 [Fig. 5.1c] has been included.  One notes that the three areas of higher accumulated 

precipitation in FULL222, marked #1(M1), #2 (M2), and #3 (M3), correspond remarkably 

well to features noted in the Doppler image.  It appears that fine-scale precipitation features 

resolved by the 2 km Doppler radar imagery are also being resolved within the NHMASS 

FULL222 simulation.  Comparison of Fig. 5.1a and Fig. 5.1b (as in Fig. 5.1a, but for 

FULL667 2-hour accumulated precipitation ending 17/0300) indicates that the finer-scale 

FULL222 simulation resolved three maxima within the region of interest, where two axes of 

enhanced precipitation were resolved in FULL667.  One notes distinctly different positioning 

of each FULL222 maxima with respect to the terrain ridges, with M1 located on the upslope 

side of a terrain ridge, M2 nearly collocated with a separate terrain ridge further east, and M3 

located on the downslope side of the terrain ridge associated with M1.  In the following three 

sections, each mechanism will be evaluated, and each precipitation maximum in Fig. 5.1c 

attributed to a dominant forcing mechanism. 

Perhaps the most critical insight gained from Fig. 5.1b and especially Fig. 5.1a is that 

the relationship between the precipitation and terrain fields is not simply that of pure upslope 

flow.  Additional processes must exist to account for the displacement of the maxima from 

the upslope side of both terrain ridges, where it is expected to be for pure upslope flow 

(Bluestein 1990), to the ridgeline itself or even the downslope side.  As will be shown in this 

chapter, barrier induced surface convergence and mountain wave activity are the additional 
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mechanisms that help to explain this apparent discrepancy.  The discussion will begin with 

the upslope flow mechanism. 

5.3.1  Upslope Flow Contribution 
 

Direction of the maritime low-level jet normal to the local terrain ridges over 

Western Maryland and northeastern West Virginia motivates an analysis of the component of 

vertical motion produced by the forcing of air parcels up the sloping terrain.  Considering 

that the height of the terrain ridges over the region of interest are generally less than 1 km 

[see Fig. 5.1a], the role of upslope flow is expected to be less prominent than in studies of 

orographic precipitation in upslope regions of the Rockies or Alps, where slopes are stronger 

and parcels are lifted to higher levels in the atmosphere.  While there are peaks greater than 

1200 m in northern West Virginia, the positioning of those peaks outside the favorable region 

of larger scale forcing such as frontogenetical forcing and upper-tropospheric divergence 

results in either small upward vertical velocities, or subsidence in the presence of 

overwhelmingly negative larger-scale forcing.  It is important to keep in mind the fact that 

the lower- and middle-troposphere were generally saturated after 16/0000 over the region of 

interest [Fig. 5.2], and that any additional upward vertical motion would presumably make a 

non-negligible contribution to snowfall rates.    

With the above in mind, an assessment of the percentage of vertical velocity over the 

region of interest directly attributable to upslope flow will be made.  The component of 

vertical velocity at the surface due to the presence of sloping terrain may be estimated as 

                                   )()()( 00 xzVzV hh ∆∆•≈∇•
r

,                                   (5.3.1) 

where the subscript zero indicates the height of the surface above sea level and hV
r

denotes the 

horizontal wind on a z-surface (Bluestein 1990).  An approximation was performed in which 

hV
r

was approximated by the mean horizontal wind, hV
r

, computed over the region denoted in 

Fig. 5.1b.  For a hV
r

of 11.4 m/s, valid 17/0200, and a terrain slope, )( xz ∆∆ , equal to 

150m/10km, a value of vertical velocity of 16.3 cm/s can be computed.  Near-surface vertical 

velocities along the upslope of the terrain ridge associated with precipitation maximum M1 

in Fig. 5.1a were assessed and noted to be generally 5-10 cm/s greater than the 16.3 cm/s 



 149

upslope estimation, likely signifying a contribution from another mechanism, such as 

mountain-wave activity (to be discussed shortly).   

 This simple conceptual model of upslope flow does not necessarily indicate regions 

of expected precipitation enhancement for flow in complex terrain [Smith and Barstad 2004], 

a fact made clear by the lack of a consistent relationship between accumulated precipitation 

maxima and windward slopes in either the 222m [Fig. 5.1a] or 667m [Fig. 5.1b] NHMASS 

simulations.  Basic upslope theory demands that vertical velocity be uniform in the moist 

layer near the surface.  Within the real atmosphere, vertical velocity either decays upward 

from the obstacle, or in fact may oscillate in the vertical, depending on the static stability, 

characteristics of the terrain, and the mean flow impinging on the obstacle [Lin TBD].  Due 

to the lack of constant vertical velocity in the moist layer over terrain upslope, the impact of 

upslope dynamics can be reduced.  Additionally, a time delay exists between the formation of 

condensate due to upslope motions and the fallout of precipitation, due to advection of the 

condensate downstream (relative to 700hPa flow).  Smith and Barstad (2004), in their work 

in developing a linear model of orographic precipitation, note that as mountain width 

decreases, the location of maximum precipitation will shift from the windward slope to the 

hilltop.   

A critical difference between upslope flow in this study and that in previous studies 

(such as Cox et al 2005) is the limited vertical extent of upslope-induced vertical velocities 

and the lack of coupling between mid-level forcing and the upslope forcing.  In the study by 

Cox et al (2005), pure upslope has a significant impact due to the vertical penetration of the 

Wasatch Range to over 2.5km above mean sea level (near 700hPa).  Not only are parcels 

lifted over a greater vertical extent by upslope in the Wasatch case study (~1km versus 150-

300m in the region of this study), the movement of saturated parcels to a position near mid-

level vertical ascent forced by upper-tropospheric divergence implies that upslope lifted 

parcels continued to be lifted through a layer much deeper than would have existed without 

upslope.  In the Alpine case considered in Chiao et al (2004), upslope was also aided by a 

conditionally unstable atmosphere, allowing parcels reaching their level of free convection 

(LFC) to continue to ascend through buoyant forcing.  Over the region of interest during the 

2003 Presidents’ Day event, upslope alone lifts parcels only to near 915hPa, well below the 
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deep layer of vertical motion forced by the larger-scale ascent [Fig. 5.2], and in the presence 

of a stable lower-troposphere and generally moist neutral mid-troposphere.  A mechanism 

would need to exist to lift parcels higher than through upslope alone; this mechanism will be 

shown to be mountain wave activity and will be discussed in the following section. 

5.3.2  Mountain-wave impacts on precipitation 
 

For the purpose of reducing the complex terrain across the region of interest to a 

simple model with which to better understand the following mechanism, the series of terrain 

ridges/valleys evident in Fig. 5.1a can be approximated as a series of SW-NE oriented 

sinusoidal mountains.  For a steady-state inviscid flow over a 2-dimensional sinusoidal 

mountain with a sufficiently large Brunt-Vaisalla frequency (N), upstream tilted waves, i.e. 

vertically propagating waves, are expected (Lin TBD).  These waves are illustrated in Fig. 

5.3b along with the positioning of the perturbation wind speed (u’), as derived from the 

approximated linear equations of motion.  Upstream tilted hydrostatic mountain waves, 

evidenced by the maximum horizontal surface wind speed on the lee slope of a mountain 

ridge, are present in an analysis of FULL222 surface wind speed in the vicinity of maxima 

M1 and M3 [Fig. 5.4].  Mountain waves of approximately neutral tilt are also noted near M2.   

Reinking et al (2000) discuss a scenario, when the dominant structure of the 

topography in a region consists of parallel mountain ridges, wherein an upwind ridge can 

initiate wave activity while a downwind ridge receives the benefit of the increased wave-

generated condensate, or liquid water content (LWC) also referenced herein as cloud water 

content.  A process wherein seeder (wave cloud)-feeder (orographic, i.e. upslope cloud) 

couplets increase the conversion of water in orographic clouds to precipitation is described.  

Considering a cross section of cloud water mixing ratio (qcw) valid 17/0200 [Fig. 5.5a], one 

notes no values greater than 0.05 g/kg (an approximate measure of the cloud boundary) 

below about 775 hPa. This is in contrast to the structure described by Reinking et al.  It 

appears that for the configuration of terrain in the region of interest, neither orographically 

forced clouds nor mountain-wave induced clouds were sufficiently deep in order for the 

seeder-feeder mechanism to play a role in precipitation enhancement.  Evidence of upstream 

tilted (700hPa flow) mountain wave activity is seen in Fig. 5.5a in the three downward 
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protrusions of higher cloud liquid mixing ratio between approximately 775 hPa and 600 hPa 

at 17/0200.  Between the positive phases of vertical velocity coincident with the cloud 

protrusions are cloud cavities strongly correlated to the lee slopes of the terrain. 

Of great importance in Fig. 5.5a is the fact that the maximum qcw, 0.3 g/kg centered 

approximately near 500hPa, occurs after the near-surface flow has ascended multiple terrain 

upslopes (indicated by four solid black arrows below the terrain profile).  With the lower-

troposphere near saturation [Fig. 5.2], every successive ascent of parcels within the positive 

phase of each mountain wave (anchored to the windward slopes) condenses additional cloud 

water.  Although there are a number of descending slopes (indicated by gray dashed arrows 

in Fig. 5.5b), resulting in the aforementioned cloud cavities, insufficient subsidence takes 

place to evaporate a substantial quantity of cloud droplets.  The impact of the upstream tilting 

of the mountain waves appears to be the vertical penetration of cloud liquid water into the 

mid-troposphere, as similar cross-sections of qcw for the precipitation maxima M2 [Fig. 5.6a] 

and M3 (not shown), where tilting is weak upstream or neutral, feature maximum cloud 

water content 150 to 200 hPa lower in the atmosphere.  Tilting will also impact the eventual 

position of precipitation fallout, as the qcw maxima tilts back toward the west above 

approximately 800hPa, and consequently precipitation fallout occurs further west as well.  

Herein lies a link between this mechanism and the superpositioning of the two low-level 

jet/front systems.  Returning to the steady state inviscid flow over 2-dimensional sinusoidal 

terrain [Fig. 5.3], wave tilt depends on whether N<kU (neutral tilt) or N>kU (upstream tilt).  

The juxtaposition of the two jet/front systems increases the static stability, represented by N, 

and therefore impacts the upstream tilt and eventual location of enhanced precipitation due to 

the mountain wave mechanism. 

The impact of the time delay between cloud condensate formation and hydrometeor 

fallout discussed in section 5.3.1 is evident in the disparity in position between the maximum 

in qcw [Fig. 5.5] and the maximum in snow and rain mixing ratio [Fig. 5.7].  Colle et al 

(1999), in an evaluation of cold-season precipitation forecasts from the Pennsylvania State 

University-National Center for Atmospheric Research Mesoscale Model (MM5) and NCEP’s 

10-km resolution Eta Model (Eta-10) over the Pacific Northwest, noted significant 

downstream advection of orographically-generated rain and snow hydrometeors due to 
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moderate to strong flow orthogonal to the terrain.  The combination of time delays due to 

microphysical processes and the strong southwesterly flow in the 500:700hPa layer in this 

case results in the downstream (relative to 700hPa flow) shift of maxima M1 relative to the 

maximum in cloud water.  An analysis of a series of qcw cross-sections for the period 17/0142 

to 17/0200 has revealed that the maximum in qcw is initially near 575hPa and approximately 4 

km further east than the maximum at 17/0200 (not shown).  This is consistent with initially 

stronger winds along the easternmost windward slopes (not shown) and weaker mountain 

wave activity along the westernmost windward slopes [cf. Fig. 5.8 a/b].  The impact of 

precipitation fallout is apparent in a reduction in qcw of 0.4 g/kg between 17/0142 and 

17/0200.  Also noticeable in Fig. 5.8 is an increase in the intensity of downslope flow above 

the far western crest, a development that will be discussed further in section 5.3.3 in 

assessing the impact of barrier-induced surface convergence banding. 

A comparison of the qcw cross-sections for M1 and M2 [Fig. 5.5a and 5.6a, 

respectively] reveals that qcw upstream of M2 is over twice the magnitude of that associated 

with M1.  While the windward slopes along the cross-section for M2 appear to be of greater 

length (with presumably a greater impact from upslope), the lack of a direct connection 

between pure upslope flow (as discussed in section 5.3.1) and the mid-level cloud water 

maximum appears to negate this as a reason for the increased cloud water content associated 

with M2.  One possibility is the weakness of upstream tilting, with the highly limited vertical 

penetration of cloud water resulting in a concentration near 700 hPa.  Additionally, an 

analysis of lower-tropospheric potential temperature (not shown) reveals that air approaching 

and ascending the ridge near M2 is colder and therefore more efficient in condensing water 

vapor from than the air approaching the ridge near M1.  Regardless of the magnitude of qcw, 

the microphysics delay allows the 500-700 hPa layer wind to advect the condensate 

downstream (Colle et al 1999), consistent with the position of M2 downstream from the 

cloud water maximum.  An identical analysis was performed for M3, with the result that a 

combination of weaker, less steep ridges and warmer lower-tropospheric temperatures may 

have led to reduced cloud water content.  Despite this, the mountain-wave mechanism 

described in this section appears to impact all three precipitation maxima noted within the 

FULL222 simulation.   
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5.3.3 Terrain-forced Surface Convergence Banding 
 

Following the prior analysis on mountain-wave induced precipitation, it is apparent 

that although the mechanism was less effective near M3, both M2 and M3 are of 

approximately the same magnitude.  This section will evaluate a third meso-β to meso-γ scale 

mechanism, terrain-forced surface convergence banding, believed to play a role across the 

region of interest in the vicinity of M3.  In order to assess this mechanism, the complexity of 

the terrain over the region of interest must be considered, as it is this complexity that 

produces local perturbations of the near-surface wind and subsequently generates fine-scale 

couplets of convergence/divergence.  Immediately northwest of M3 in Fig. 5.1a, a narrow 

valley oriented southwest-northeast and of width less than 10 km exists and, interestingly, 

does not extend into the region west of M1.  Beyond this valley, a ridge pokes southwest 

from the ridge west of M1, with a deeper valley northwest of this ridge.   

While hydrostatic mountain waves were discussed within the previous section, the 

positioning of the maximum wind speed in Fig. 5.4 is consistent with a band of surface 

velocity convergence seen in Fig. 5.9, and is consistent with the M3 feature in Fig. 5.1a on 

the lee slope of the local terrain ridge.  Additionally, the streamline analysis in Fig. 5.9 

indicates influence of the terrain on flow direction in the lee of the terrain ridges.  Although 

traditionally considered for large-scale flows, an analysis of the conservation of equivalent 

potential vorticity (EPV), where EPV is defined as 
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following a cylindrical column of air passing over an obstacle, proves valuable for this scale 

of motion (Kaplan et al 1982a; Paine et al 1975).  A word of caution must be expressed about 

the conservation of EPV, as an assumption of inviscid flow is made, clearly not correct for 

the region of interest.  For a column of air descending a slope such as that illustrated in Fig. 

5.10, the vertical extent of the cylinder increases, with Pe δδθ decreasing as eδθ remains 

constant and Pδ increases.  For P to remain constant ( fe +θζ ) must increase, and assuming 

the change of path of a parcel in the meridional direction is small with relatively low obstacle 

heights, this results in an increase in cyclonic relative vorticity [Fig. 5.10].  The opposite is 
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expected for movement of the column of air up a mountain, with an increase in anticylonic 

vorticity expected, again making the simple assumption of EPV conservation (not to be 

confused with Ertel potential vorticity). 

 The results of this analysis of equivalent potential vorticity are consistent with the 

changes in direction of the streamlines of air parcels descending and ascending the terrain 

across the region of interest at 17/0200 in Fig. 5.9.  As air descends the terrain ridge 

immediately west of the Maryland border into the first valley, a leftward turn in the 

streamlines is noted, consistent with an increase in cyclonic vorticity.  This contributes to the 

band of surface convergence noted in Fig. 5.9 and presumably the precipitation in Fig. 5.1a.  

This impact of terrain complexity is truly made clear when considering the northwestern 

convergence band and pair of vortices along the band.  The effect of the aforementioned 

valley, only protruding northwest a portion of the length of downstream ridge, is to produce 

upward (downward) flow and anticyclonic (cyclonic) vorticity generation along the southern 

(northern) portion of the northwestern terrain ridge.  The result of this is an extended band of 

surface convergence, yet interestingly no precipitation maximum in Fig. 5.1a.  A possible 

reason for this discrepancy is the stronger magnitude as well as longer duration of downslope 

flow with the northernmost lee slope (providing adiabatic drying and counteracting the 

impact of the near-surface convergence).  The slope is in fact sufficiently steep so as to 

induce a feature closely resembling a hydraulic jump (not shown), indicated in Fig. 5.5a by 

the isolated area of 0.25 g/kg cloud water mixing ratio near 700hPa induced by the strong 

upward motion with the apparent hydraulic jump.   

The reader is reminded that each of these fine-scale mechanisms is superimposed on 

the previously described larger-scale mechanisms such as frontogenesis and upper-level 

divergence driven by the unbalanced subtropical jet exit region.  The lack of substantial 

precipitation in the FULL222 simulation south of maxima M2 and M3 is consistent with the 

positioning of the upward branches of the frontogenetical circulations (both primary and 

secondary) over the northern half of western Maryland.  While the mountain-wave 

mechanism and barrier-induced surface convergence mechanisms were presumably present 

to some degree over the southern 1/3 of the FULL222 domain [Fig. 5.1a], the descending 

branches of the frontogenetical circulations would have limited parcels from condensing 
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sufficient quantities of cloud water in order for significant precipitation to develop.  Where 

many of the mechanisms coincided, snowfall totals consistent with those reported (nearly 

100cm) are expected. 

 
5.4  Meso-β to Meso-γ scale sensitivity experiments 

 

An experiment similar to the 6km NHMASS smooth terrain sensitivity experiment 

seen in Chapter 4 was performed at the 667m scale.  Fig. 5.11 illustrates the impact of 

running a 9-point smoother 60 times over the model terrain, as the complex multi-ridge 

terrain within the FULL667 simulation [Fig. 5.11a] is reduced to a single broad ridge 

directed generally south-southwest/north-northeast within the SMOOTH667 simulation [Fig. 

5.11b].  The impact of terrain on the precipitation output in the FULL667 simulation is made 

quite evident by Fig. 5.12a, a difference field of 2-hour accumulated precipitation valid 

17/0300.  One notices two maxima of precipitation difference, one directly over the ridge 

associated with the M1 feature in the FULL222 simulation and the other immediately 

downstream (relative to the 900hPa flow) of the terrain ridge associated with the M2 

maximum in the FULL222 simulation.  Of critical importance is the accumulated 

precipitation percent difference exceeding 90% across a portion of the region of interest [Fig. 

5.12b], indicating that at this stage of the event the terrain had an exceptionally large impact 

on precipitation.  While the positions of the precipitation maxima in the FULL667 simulation 

are offset somewhat from those in the FULL222 simulation (M3 is in fact non-existent) due 

to the coarser terrain dataset in the former and slight differences in the strength and 

positioning of the two low-level jets between the two simulations, the terrain forcing appears 

to be identical between the two simulations.   

 Fig. 5.13 illustrates the differences in qcw, along the same cross-section axis as Fig. 

5.6, between FULL667 [Fig. 5.13 a,c] and SMOOTH667 [Fig. 5.13 b,d].  In stark contrast to 

the FULL667 cross-section, where two qcw maxima are noted near 700hPa increasing in 

intensity with each ridge passed, the SMOOTH667 cross-section features one weak 

maximum similar in intensity and slightly higher than the feature noted in the FULL667 

cross-section.  Consistent with the severe reduction in cloud water content upstream (relative 

to the 700hPa flow), is the large reduction in accumulated precipitation noted downstream in 
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Fig. 5.12a.  Similar results are noted for the maximum M2’ (given prime to distinguish from 

M2 in FULL222 simulation) (not shown).   

Considering the terrain-forced surface convergence banding mechanism discussed in 

the previous section, a comparison of surface velocity convergence and streamlines between 

FULL667 and SMOOTH667 [cf. Fig. 5.14 a/b] indicates significant differences in the 

surface fields.  Although at a coarser resolution, the FULL667 surface streamlines and 

velocity convergence [Fig. 5.14a] indicate similar patterns of flow deflection, although the 

convergence band near the position of M3 is much weaker than in the FULL222 simulation 

[Fig. 5.9].  In Fig. 5.14b only subtle changes in the direction of the surface streamlines are 

noted, consistent with the very weak surface convergence banding in the SMOOTH667 

simulation.  The weaker impact of terrain forcing on precipitation in the vicinity of the 

FULL222 M3 feature [Fig. 5.12b] (where the less important surface convergence mechanism 

was shown to be present in the previous section and where the mountain wave mechanism 

was weaker than near M1 or M2) is consistent with the smaller percent difference between 

the FULL and SMOOTH 667m accumulated precipitation fields. 

 
5.5  Summary and Conclusions 
 

Within this chapter, meso-β to meso-γ scale orographic circulations simulated during 

the 2003 Presidents’ Day winter storm over northeastern West Virginia and western 

Maryland were analyzed.  Observational analyses indicating fine-scale precipitation maxima 

in the vicinity of the complex terrain motivated this analysis of potential mechanisms able to 

generate fine-scale areas of lift over the study area.   A review of pertinent literature on 

orographic precipitation events revealed that previous studies have focused on the impact of 

orographic circulations associated with terrain of high relief (generally 1.5-3 km AMSL).  

Two of the studies considering orographic precipitation enhancement along the windward 

slope of terrain ridges, Chaio et al (2003) and Cox et al (2005), found both barrier-jet induced 

surface convergence and pure upslope flow to be the primary orographic mechanisms in their 

respective cases.  Reinking et al (2000) considered flow normal to a series of terrain ridges 

across northern Arizona and concluded that for the case considered, a coupling between pure-

upslope induced clouds and mountain-wave clouds led to excessive rainfall and flooding.  
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The authors describe a process wherein an upwind ridge forces the wave activity and a 

downwind ridge receives the precipitation.   

Analyses of a high-resolution NHMASS simulation (FULL222), point to two 

orographic mechanisms at the meso-β to meso-γ scale over the region of interest during the 

2003 Presidents’ Day event: multi-ridge mountain-wave activity and leeside surface-

convergence banding.  Mechanisms deemed important for high elevation mountain ranges 

such as the Alps and Wasatch do not appear to apply to the low (800-1000 m AMSL) ridges 

found across the region of interest.  Pure upslope, approximated by )()( 0 xzVh ∇∇•  (5.3.1), 

produces a shallow layer of upward motion along the windward slope of the obstacle up to 

the crest.  This mechanism was quite effective in generating precipitation in each of the three 

orographic precipitation studies while apparently having no impact over the region of interest 

in this study.  Both a shorter length of upslope (10-50% less across ROI) and weaker 

penetration of the crests in the vertical to near the deep layer of mid-tropospheric upward 

motion ensure that this mechanism alone cannot be used to explain the extreme snowfall 

totals in this case.   

The barrier jet phenomenon, closely tied to blocking and frictional effects, was found 

to not exist across the region of interest in the simulations performed.  This is not entirely 

unexpected, since the relatively small nature of the terrain across the region and especially 

strong maritime jet limit blocking of the flow.  Froude number (Fr = U/Nh, for stratified 

flow) calculations were performed (not shown), revealing values of Fr of O(102) or greater 

throughout the lower-troposphere, with the exception of a layer near 770hPa where Fr was as 

low as 8; these are values strongly suggestive of unblocked flow.  It is noted, given the 

saturated lower-troposphere, that a more suitable form of the Froude number would have 

been the moist Froude number (Frm), where Frm is defined as in Fr, except that the moist 

Brunt-Vaisalla frequency (Nm) is used in place of N (Cox et al 2005).  Since N is greater than 

Nm for saturated flow, values of Frm would have been even greater than the already large 

values of F; hence the simple dry form of the Froude number was used. Throughout the 

lower-troposphere, a lack of blocking by the terrain over the region of interest appears to 

have precluded the development of any barrier-jet phenomenon.  
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The first of the two orographic mechanisms found to be important in this study over 

the region of interest, multi-ridge mountain wave activity, appears to have been the most 

critical of the two in that it alone accounts for each of the simulated precipitation maxima 

while the surface-convergence banding mechanism only appears to have impacted one 

isolated area.  The process occurs wherein low-level flow over the series of approximately 

sinusoidal ridges of the region produces hydrostatic mountain-wave activity.  Consequently, 

air flowing over the first ridge encounters a positive phase of wave activity and condenses 

cloud water, with each subsequent ridge and positive mountain-wave phase condensing out 

additional cloud water.  Mountain-wave intensity, wave tilt, and the flow speed near the level 

of maximum cloud water content appear to affect the intensity of and location of the 

precipitation maximum associated with this mechanism.  Of great importance is the fact that 

the maritime low-level jet strength in part determines the intensity of the mountain-waves, 

while the continental jet strength in large part determines the advection of cloud water and 

rain/snow/graupel downstream.  The superpositioning of the two jets increases the static 

stability, represented by the Brunt-Vaisalla frequency (N), which according to linear theory 

will impact the tilt of the waves, and as discussed earlier, the downstream location of 

precipitation fallout.  Consistent with each of the previous chapters, this fine-scale 

mechanism is in large part determined by the two low-level jet/front systems and the 

juxtapositioning of the two jets over the region of interest. 

The second orographic mechanism, surface convergence banding, was driven by a 

combination of horizontal velocity convergence associated with the mountain-wave activity, 

and cyclonic (anticyclonic) flow deflection due to descent (ascent) on the lee (windward) 

slope of each terrain ridge.  To explain the flow deflection component, the simple conceptual 

model of a cylinder of air traveling over an obstacle in an inviscid flow was used, with 

changes in fluid depth producing changes in relative vorticity of the air flowing over the 

obstacle.  This model, with its limiting assumptions, was sufficient to explain the flow 

patterns observed.  This mechanism has not been considered in previous studies, a possible 

reflection of the courser resolution of prior analyses and also the dominant nature of other 

orographic mechanisms (e.g. pure upslope flow) considered in previous studies.  The 

quantitative impact of this mechanism on the precipitation over the region of interest is 



 159

difficult to determine, yet the location of the convergence band in the simulation appears to 

implicate this mechanism as a potential contributor to the lift over a small portion of the 

region of interest.  While direct impact on this mechanism by the maritime jet is obvious, a 

direct relationship to the continental jet is less obvious.  Low-level static stability, determined 

by the superpositioning of the two-low-level jet/front systems, in part impacts the vertical tilt 

of mountain wave phenomena, and the positioning of the surface wind maxima [c.f Fig. 

5.4a/b] and convergent banding [Fig. 5.9].  It appears that this mechanism played a secondary 

role in the orographic forcing of precipitation over the region of interest, with the multi-ridge 

mountain-wave mechanism playing a primary role. 

Sensitivity experiments were performed where the complex terrain of the region of 

interest was smoothed extensively in order to assess the impact of complex terrain on the 

simulated precipitation patterns.  Difference fields of 2-hour accumulated total precipitation 

ending 17/0300 (SMOOTH667-FULL667) revealed the substantial impact of complex terrain 

forcing. Reductions in accumulated total precipitation of 3.5-4 mm were noted in the vicinity 

of the FULL222 precipitation maxima M1 and M3, with these changes accounting for more 

than 90% of the total precipitation in the FULL667 simulation.  The reader is reminded that 

by 17/0100, frontogenetical forcing had weakened significantly and therefore terrain forcing 

as well as IGW forcing would have become important in maintaining substantial lift over the 

region of interest.  The sensitivity experiment substantiated the claim that the effect of the 

multiple ridges and multiple trapped mountain waves was to produce hydrometeor maxima 

near the downstream (relative to the 900hPa flow) ridges.  Advection of hydrometeors by the 

500-700hPa layer flow and the microphysical delay between cloud water generation and 

rain/ice/graupel formation then determined the location of maximum precipitation rates.  The 

lack of multiple ridges in the smoothed terrain simulation was shown in cross-sectional 

analyses (ridge-normal upstream, relative to 700hPa flow, of the M1 feature) to be consistent 

with an absence of lower tropospheric (~700hPa) qcw maxima.  A lack of surface 

convergence banding was also diagnosed in the SMOOTH667 simulation, although the close 

proximity of both terrain mechanisms limited conclusions as to the actual impact of this 

mechanism.  Consistent with the analyses of the FULL667 simulation, the sensitivity 
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experiments suggest that the multi-ridge mountain wave mechanism was the primary source 

of terrain forcing over the region of interest. 
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Fig. 5.1 a) FULL222 terrain (m, solid contour, 50 m interval, shaded > 850 m) and 45 minute accumulated 
melted precipitation (mm, solid black line, 0.1 mm interval), b)FULL667 terrain (m, solid contour, 50 m 
interval, shaded > 850 m) and 2 hour accumulated melted precipitation (mm, dashed black line, 0.5 mm 
interval), valid 0300 UTC 17 Feb 2003, and c) NOWRAD 2 km Doppler radar image [dBZ], valid 0215 UTC 
17 Feb 2003.   Square in (b) represents region over which Vh was averaged for use in upslope terrain assessment 
(see text).  Dashed lines in (a) indicate axes for series of cross-sections in Fig.s 5.5 - 5.8  White star in (a) 
indicates position of vertical profile in Fig. 5.2.  Precipitation maxima, M1-M3 in (c) are discussed in text. 
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Fig. 5.1 Continued      Shown is c) NOWRAD Doppler radar image [dBz] valid 0215 UTC 17 Feb 2003.  
Regions of higher reflectivity discussed in text encircled. 
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Fig. 5.2  FULL222 vertical velocity [cm/s, solid] and relative humidity [dashed] profiles for point west of M1, 
designated by star in Fig. 5.1a, valid 0200 UTC 17 Feb 2003.   
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Fig. 5.3 The steady state inviscid flow over a two-dimensional sinusoidal mountain when (a) N < kU and (b) N 
> kU, where k is the terrain wavenumber.  Dashed line in (b) denotes upstream tilt of the constant phase line.  
The maxima and minima of u’, p’ (H: high, L: low), and θ’ (W: warm. C: cold) are noted in the Fig.s.  From Lin 
(TBD) 
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Fig. 5.4.   FULL222 surface wind speed (m/s, dashed line) and terrain (m, shaded 850m and greater) valid 0200 
UTC 17 Feb 2003.  Positions of precipitation maxima from Fig. 5.1a noted in Fig.. 
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Fig. 5.5.  FULL222 a) Cloud water mixing ratio (g/kg) valid 0200 UTC 17 Feb 2003 and b) model terrain 
profile.  Mean near-surface flow indicated by large black horizontal arrow.  Series of vertical arrows below 
terrain profile indicate regions of upslope and downslope discussed within the text, with solid black 
representing upslope and dashed gray indicating downslope.  Cross-section axis depicted in Fig. 5.1a. 
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Fig. 5.6.  As in Fig. 5.5, except for cross section B-B’.   Cross-section axis depicted in Fig. 5.1a. 
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Fig. 5.7 As in Fig. 5.5, except for (a) rain mixing ratio (solid) and snow mixing ratio (dashed).  Cross-section 
axis depicted in Fig. 5.1a. 
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Fig. 5.8.  Vertical cross section of potential temperature along A-A’, valid (a) 0142 UTC, (b) 0200 UTC  17 Feb 
2003, and (c) terrain profile. Mountain wave activity discussed in text encircled in (a) and (b).  Cross-section 
axis depicted in Fig. 5.1a. 
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Fig. 5.9 FULL222 Surface streamlines and velocity divergence (solid: convergence, dashed: divergence) valid 
0200 UTC 17 Feb 2003. 
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Fig. 5.10.  [Fig 4.7 in Holton 3rd edition].   A cylindrical column of air moving adiabatically, conserving 
potential vorticity. 
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Fig. 5.11.   Model terrain height[m] for (a) FULL667 and (b) SMOOTH667 simulations.  Dotted line in (a) 
denotes cross-section in Fig. 5.13 (axis B-B’ depicted in Fig. 5.1a). 
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Fig. 5.12  a) 2-hour accumulated total precipitation difference field (SMOOTH667-FULL667) [m] and b) 
Percent difference for field in (a) (SMOOTH667-FULL667), both valid 0300 UTC 17 Feb 2003.  Black dashed 
lines in (a) denote locations of ridges seen in Fig. 5.11a.  Locations of precipitation change maxima M1’ and 
M3’ indicated in (a) and (b). 
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Fig. 5.13.  As in Fig. 5.6, except (a)-(c) for FULL667 and (b)-(d) for SMOOTH667. Note in (d), the vertical 
axis is larger than in (c).  Cross-section axis depicted in Fig. 5.1a. 
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Fig. 5.14.  As in Fig. 5.9, except (a) FULL667 and (b) SMOOTH667 simulations.  
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6.  Final Summary and Conclusions 
 

This study began with a number of reports of snowfall totals exceeding 100cm across 

western Maryland and northeastern West Virginia during the 2003 Presidents’ Day winter 

storm and has proceeded, in a top-down approach from synoptic down to meso-γ scale 

circulations, to address the mechanisms capable of producing such extreme snowfall totals 

over a period of approximately 48 hours.  In order to maintain as simple a conceptual model 

as possible, given the complexity of the mechanisms presented, each mechanism regardless 

of scale has been related to the superpositioning of two low-level jet/front systems, the 

continental and maritime.  The aim of this study is to improve the forecasting of localized 

extreme snowfall, particularly in regions of complex terrain.  It is believed that an assessment 

of the development and modification of low-level jet/front systems similar to the continental 

and maritime in this study will improve the timely and accurate prediction of extreme 

snowfall, through improved understanding of the anticipated fine-scale processes capable of 

generating locally enhanced precipitation.   

While much more work is necessary to achieve the goal of improving operational 

forecasting of extreme snowfall in complex terrain, the author considers this endeavor as an 

important intermediate step between the numerous previous studies on winter storm 

precipitation (e.g. Uccellini et al 1984, Sanders and Bosart 1985a) contributing to the 

conceptual model presented in Kocin and Uccellini (1990) [Fig. 6.1a], and future work 

toward a new conceptual model of winter storm precipitation incorporating the fine-scale 

mechanisms discussed here [Fig. 6.1b].  Absent from Fig. 6.1a are the bands of intense 

frontogenesis and propagating inertia-gravity wave activity, as well as mountain-wave 

activity associated with the 5-10 km wide ridges in the vicinity of the region of interest.  

These mechanisms, as well as the vigorous continental jet directed from the southwest 

toward the region of interest, mark a significant departure from the prior conceptual model 

[Fig. 6.1a].  It should be noted that Fig. 6.1b represents the structure during the heaviest 

period of snowfall over western Maryland and northeastern West Virginia, while Fig. 6.1b 

considers periods of snowfall forced due to both low-level jet dynamics and rapid coastal 
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cyclogenesis.   Still, it is proposed that the differences noted above constitute a more 

complete understanding of winter storm dynamics along the east coast of the United States 

than that of Kocin and Uccellini (1990).   

The first chapter, detailing the large-scale circulations present during the 2003 

Presidents’ Day event, first compared the 2003 event to its more commonly familiar 1979 

counterpart, and then addressed the formation of the continental and maritime low-level 

jet/front systems as well as the impact of an unbalanced subtropical jet (STJ) exit region to 

the heavy snowfall over the region of interest.  The negative tilt of the STJ present in the 

2003 event but absent in the 1979 event was addressed as a likely reason for the dominance 

of the continental jet in the current case study, while the lack of a strong polar stream 

shortwave and associated tropopause fold in the 2003 event was diagnosed as a likely reason 

for the lack of significant surface cyclogenesis close to the coast in this case study.   

The formation of the continental jet/front system was then addressed, with two main 

sources identified: (1) an 850 hPa lee cyclone with origins in the polar stream (PJ), and (2) an 

unbalanced STJ exit region.  Within both sources, a combination of adiabatic compression in 

the lee of the Front Range and diabatic heating perturbed the upper-tropospheric mass fields 

and thereby modified the low-level momentum fields.  The circulation associated with the 

intensified lee cyclone was reinforced by an isallobaric component of the wind responding to 

lower-tropospheric height falls beneath an unbalanced STJ exit region (unbalanced as a result 

of mass perturbations reducing the half-wavelength between the upstream trough and 

downstream ridge) and convective heating maximum.  The possibility of cold-frontal PV 

maxima contributing to the continental jet development was raised, although not evaluated in 

this study.  The unbalanced STJ exit region, and concomitant strong upper-tropospheric 

divergence tendencies, was also identified as a significant contributor to the deep layer of lift 

over the region of interest.  Formation of the maritime jet was discussed, with descending 

parcels in the polar jet entrance region traversing a region with a substantial pressure gradient 

force between a strong anticyclone over southern Quebec and a deepening coastal front 

trough (with surface pressure falls reinforced by an associated convectively-generated mid-

level latent heating maximum).  It was noted that the strong gradient in easterly momentum 

between the FME (Fort Meade, Maryland) and RIC (Richmond, Virginia) wind profilers 
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could be explained by a stronger pressure gradient force impacting parcels approaching the 

coastline further south closer to the deepening coastal front trough.  The continental jet 

proceeded northeast toward the region of interest, transporting significant quantities of heat 

and moisture in the 600-800 hPa layer over the low-level arctic airmass reinforced by the 

maritime low-level jet.  The juxtaposition of the two low-level jets would then become the 

basis for subsequent finer-scale circulations contributing, to various degrees, to the deep 

vertical motion field over the region of interest.  The continental low-level jet, transporting 

warm air northward and supporting convection over Tennessee and Kentucky, maintained the 

mid-level mass perturbation, thereby impacting the mid- and upper-tropospheric flow 

imbalance.  This illustrates the fact that the impact of the continental low-level jet was not 

merely downscale, as it in fact produced critical upscale effects.  

Within the second chapter, two primary mechanisms were discussed, frontogenesis 

and inertia-gravity wave (IGW) activity.  Within the former mechanism, velocity 

convergence within the continental jet and confluence between the continental and maritime 

jets produced two bands of confluent frontogenesis across the region of interest, one aligned 

with the primary terrain ridge in northeastern West Virginia and the second oriented zonally 

from near the first band to the Maryland shore.  The positioning of a component of the 

continental jet normal to the two steepening frontal bands and a vigorous secondary 

circulation in response to strong diabatic frontogenesis along the zonal band contributed to 

strong lift over the region of interest indicated by a deep layer of ascent in the 700-400 hPa 

layer in Fig. 5.2.  Sensitivity experiments, wherein the complex terrain of the region was 

strongly smoothed, indicate that the western band was entirely forced by the terrain.  The 

total precipitation maximum over western Maryland simulated within the FULL6 simulation 

was lacking in the SMOOTH6 simulation, yet a stronger and broader band of precipitation 

was noted to develop further north within the SMOOTH6 domain.  A cross-sectional analysis 

of the continental jet revealed a deeper, more intense jet that was able to propagate further 

north relative to the FULL6 simulation.  This sensitivity experiment in fact further confirmed 

a prior theory on continental jet development, as smoothing of the terrain produced weaker 

cold-air damming southwest of the region of interest, allowing more convection to develop 
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there and consequently formation of a stronger upper-tropospheric mass perturbation, a 

feature noted to be key in forcing acceleration of the continental jet in Chapter 3. 

The second mechanism considered, inertia-gravity wave activity, was noted to 

primarily impact precipitation over the region of interest in prolonging strong vertical 

velocities as the above frontogenetical mechanism began to weaken during the latter stage of 

the event.   While each wave was associated with a band of negative as well as positive 

vertical velocity, the background vertical velocity fields, produced largely by the strong 

upper-divergence present in the STJ exit region, would have prevented substantial drying of 

the column within the negative wave phase.  The net result of this was bands of enhanced 

precipitation rates within a broader region of weaker rates.  The relationship between inertia-

gravity wave activity and the two low-level jet/front systems was noted to be twofold.  First, 

the mid-level perturbation supported by the continental low-level jet forced large increases in 

divergence through the laplacian of geopotential term, representative of unbalanced mid- and 

upper-tropospheric flow.  Geostrophic adjustment to unbalanced flow was noted as a primary 

energy source for the apparent gravity wave activity with the shearing instability mechanism 

considered but not evaluated.  Additionally, the thermodynamic state produced through the 

juxtapositioning of the two jet/front systems was consistent with wave ducting, believed to 

prolong the wave activity between the source region (eastern Kentucky/Tennessee) and the 

region of interest.  It must be emphasized again that the analysis performed in confirming the 

classification of the wave activity as inertia-gravity wave activity was limited by a lack of 

filtering prior to the analysis and the meager degree of asynoptic data available in the wave 

propagation region.   

The final chapter, regarding the generation of meso-β to meso-γ scale areas of 

enhanced lift through terrain forcing, dealt with mechanisms that attempt to explain the 

highly localized extreme snowfall totals reported.  While significant snowfall would 

presumably have occurred without the presence of complex terrain, the >100cm totals would 

most likely not have occurred had the following mechanisms not been present.  Multi-ridge 

mountain wave activity and surface convergence banding appear to have played critical roles 

in generating locally enhanced snowfall across the region of interest.  The first mechanism 

occurred wherein the series of terrain ridges across the region of interest generated mountain-
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wave activity, producing multiple periods of lift and cloud condensate formation as parcels 

traversed successive positive mountain-wave phases with insufficient descending motion in 

the negative phases in order to evaporate cloud condensate.  The result was cloud water 

maxima near the downstream (relative to the 900 hPa flow) terrain ridge, and with a 

microphysical delay and strong 500-700 hPa layer flow, precipitation maxima downstream.  

The impact of the two low-level jets and their superpositioning on this mechanism is 

significant.  Impacts discussed include mountain-wave intensity (maritime low-level jet) and 

downstream location of mountain-wave generated precipitation (continental low-level jet and 

juxtaposition of jet systems).  Here, knowledge of the strength and positioning of the 

maritime and continental low-level jets might be utilized by an operational meteorologist to 

anticipate enhanced totals along or on the windward side of terrain ridges. 

The second terrain mechanism considered, surface convergence banding, owes its 

existence to velocity convergence forced by wind speed maxima associated with the 

mountain-wave phenomena and flow deflection owing to the terrain itself.  The latter 

component, flow deflection, can be explained with the same model used to describe changes 

in vorticity for air flowing over large-scale mountain ranges. Within this conceptual model, 

parcels conserving equivalent potential vorticity attain cyclonic (anticyclonic) vorticity 

descending (ascending) terrain slopes.  The application of this model to the terrain of the 

region of interest, while limited by its assumption of inviscid flow, still proves valuable in 

explaining the surface streamline patterns evident in both the FULL667 and FULL222 

simulations.  The evolution of this last mechanism, as with all those discussed prior, was in 

part determined by the two low-level jets and the juxtaposition of the two jets over the region 

of interest.  It was noted that near-surface convergence is believed to have played a 

secondary role in forcing fine-scale areas of vertical velocity, though quantification of the 

role of this mechanism proved difficult. 

From the meso-α mechanisms, such as upper-divergence within the unbalanced 

subtropical jet exit region, to the circulations driven by a series of terrain ridges at the meso-δ 

scale, it is starkly apparent that a downscale transition of forcing occurred during the 

Presidents Day 2003 winter storm over the Mid-Atlantic U.S.  While a downscale cascade of 

forcing within winter storms has been well appreciated within prior studies, none have 



 181

attempted to link each mechanism through a common denominator, in this case the 

interaction of two low-level jet/front systems, the maritime and continental.  The 

juxtapositioning of the two low-level jet/front systems impacted not only the primary forcing 

for heavy precipitation over the region of interest, namely frontogenesis/warm-air advection 

and upper-level divergence, but also the secondary finer-scale mechanisms that produced 

locally enhanced snowfall rates, as in the multi-ridge mountain-wave mechanism.  

Knowledge of the larger scale dynamic and thermodynamic structure of the atmosphere 

affords one the additional knowledge of the potential for fine-scale mechanisms that may 

lead to locally higher snowfall totals.  Much future work is required though before this 

conceptual model can be utilized by the operational forecasting community.  Additional 

winter storm case studies, particularly those focused in areas of small-scale complex terrain, 

must be considered to (1) evaluate the commonality of superimposed low-level jets during 

winter storms and to (2) evaluate the role of the terrain mechanisms discussed here in other 

case studies and in other regions with similar topographical structures.  With these additional 

efforts, the goal of improving operational forecasting of extreme snowfall during winter 

storms, and thereby improving the well-being of the public-at-large during such events, can 

be accomplished.  
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Fig. 6.1 Schematics of a) east-coast winter storms producing heavy snowfall, from Kocin and Uccellini (1990), 
and the b) 2003 Presidents’ Day 2003 winter storm.  Note:  (a) is applicable to heavy snowfall events associated 
with both low-level jet dynamics and rapid cyclogenesis while (b) is applicable during the period of heaviest 
snowfall over western Maryland and northeastern West Virginia during the 2003 Presidents’ Day event. 
 

a

b 



 183

7. References 
 
Ballentine, R. J., 1980: A numerical investigation of New England coastal frontogenesis.   

Mon. Wea. Rev., 108, 1479-1497. 
 
Bell, G.D., and L.F. Bosart, 1988: Appalachian cold air damming.  Mon. Wea. Rev., 116,  

137-161 
 
Bluestein, H. B., 1993:  Synoptic-Dynamic Meteorology in Midlatitudes:  Volume II  

Observations and Theory of Weather Systems.  Oxford University Press, 594 pp. 
 
Bosart, L.F., 1981: The Presidents’ Day snowstorm of 18-19 February 1979: A  

subsynoptic-scale event.  Mon. Wea. Rev., 109, 1542-1566. 
 
______, and S. C. Lin, 1984: A diagnostic analysis of the Presidents’ Day storm of  

February 1979.  Mon. Wea. Rev., 112, 2148-2177. 
 
Cetola, J. D., 2003: The role of terrain and convection on microfront formation leading to  

severe low-level turbulence.  Ph.D. dissertation, North Carolina State University, 323 
pp. 
 

Chiao, S., Y.-L. Lin, and M. L. Kaplan, 2004: Numerical study of the orographic  
forcing of heavy precipitation during MAP IOP-2B. Mon. Wea. Rev., 132, 2184-2203. 

 
Colle, B. A., K. J. Westrick, and C. F. Mass, 1999:  Evaluation of MM5 and Eta-10  

precipitation forecasts over the Pacific Northwest during the cool season.  Wea. 
Forecasting, 14, 137-154.   

 
Cox, J. A. W., W. J. Steenburgh, D. E. Kingsmill, J. C. Shafer, B. A. Colle, O. Bousquet,  

B. F. Smull, H. Cai, 2005: The kinematic structure of a Wasatch Mountain winter 
storm during IPEX IOP3.  Mon. Wea. Rev., 133, 521-542. 

 
Daley, R., 1991: Atmospheric Data Analysis, Cambridge University Press, 457 pp. 
 
Egentowich, J. M., M. L. Kaplan, Y.-L. Lin, and A. J. Riordan, 2000:  Mesoscale  

simulations of dynamical factors discriminating between a tornado outbreak and non-
event over the Southeast US - Part III: 6 hour precursors. Meteor. Atmos. Phys., 74, 
189-214. 

 
Holton, J. R., 2004:  An Introduction to Dynamic Meteorology.  Academic Press, 511 pp. 
 
House, D. C., 1961:  The divergence equation as related to severe thunderstorm  

forecasting.  Bull. Amer. Meteor. Soc., 42, 803-816. 
 
HPC/NCEP, 2001:  QPF verification.  [Available online at  



 184

http://www.hpc.ncep.noaa.gov/research/amsver/index.htm] 
 
Kain, J. S., and J. M. Fritsch, 1993:  Convective parameterization for mesoscale models:  The  

Kain-Fritsch Scheme.  The Representation of Cumulus Convection in Numerical 
Models, Meteor. Monogr., No. 46, Amer. Meteor. Soc., 165-170. 

 
Kalnay, E., and co-authors, 1996:  The NMC/NCAR 40-year reanalysis project.  Bull.  

Amer. Meteor. Soc., 77, No. 3, 437-471. 
 
Kaplan, M. L., and D. A. Paine, 1977: The observed divergence of the horizontal velocity  

field and pressure gradient force at the mesoscale. Its implications for the three-
dimensional transport of momentum in synoptic scale disturbances. Beitr. Phys. 
Atmos., 50, 321-330. 

 
______, J. W. Zack, V. C. Wong, and J. J. Tuccillo, 1982a: A sixth-order  

Mesoscale Atmospheric Simulation System applicable to research and real-time 
forecasting problems. Symposium on Mesoscale Meteorology, Norman, OK, 
CIMMS, Y. Sasaki, Ed., 38-94. 

 
______, S. E. Koch, Y.-L. Lin, R. P. Weglarz, and R. A. Rozumalski, 1997:  

Numerical simulations of a gravity wave event over CCOPE. Part I: The role of 
geostrophic adjustment in mesoscale jetlet formation. Mon. Wea. Rev., 125, 1185-
1211. 

 
______, Y.-L.Lin, J. J. Charney, K. D. Pfeiffer, D. B. Ensley, R. P. Weglarz, and D.  

S. DeCroix, 2000: A Terminal Area PBL Prediction System at Dallas-Fort Worth and 
its application in simulating diurnal PBL jets. Bull. Amer. Meteor. Soc., 81, 2179-
2204. 

 
______, A. W. Huffman, K. M. Lux, J. D. Cetola, J. J. Charney, A. J. Riordan, Y.- 

L. Lin, and K. T. Waight III, 2005: Characterizing the severe turbulence 
environments associated with commercial aviation accidents. Part II:  Hydrostatic 
mesobeta scale numerical simulations of supergradient wind flow and streamwise 
ageostrophic frontogenesis.  Meteor. Atmos. Phys., 88, 153-173. 

 
Kennedy, P. J., and M. A. Shapiro, 1975:  The energy budget in a clear air turbulence  

zone as observed by aircraft.  Mon. Wea. Rev., 103, 650-654. 
 
Keyser, D. A., and D. R. Johnson, 1984:  Effects of diabatic heating on the ageostrophic  

circulation of an upper tropospheric jet streak.  Mon. Wea. Rev., 112, 1709-1724. 
 
______, and M. A. Shapiro, 1986: A review of the structure and dynamics of  

upper-level frontal zones. Mon. Wea. Rev., 114, 452-499. 
 
Koch, S. E., and R. E. Golus, 1988:  A mesoscale gravity wave event observed during  



 185

CCOPE.  Part I:  Multiscale statistical analysis of wave characteristics.  Mon. Wea. 
Rev., 116, 2527-2544. 

 
______, R. E. Golus, and P. B. Dorian, 1988: A mesoscale gravity wave event observed  

during CCOPE. Part II: Interactions between mesoscale convective systems and the 
antecedent waves. Mon. Wea. Rev., 116, 2545-2569. 

 
______, and P. B. Dorian, 1988: A mesoscale gravity wave event observed during  

CCOPE. Part III: Wave environment and probable source mechanisms. Mon. Wea. 
Rev., 116, 2570-2592. 

 
Kocin, P. J. and L. W. Uccellini, 1990: Snowstorms along the northeastern coast of the  

United States: 1955 to 1985.  Amer. Meteor. Soc. 
 
Koppel, L. L., L. F. Bosart, and D. Keyser, 2000: A 25-yr climatology of large-amplitude  

hourly surface pressure changes over the coterminous United States. Mon. Wea. Rev., 
96, 51-68. 

 
Lackmann, G. M., 2002:  Cold-frontal potential vorticity maxima, the low-level jet, and  

moisture transport in extratropical cyclones.  Mon. Wea. Rev., 130, 59-74. 
 
Lane, T. P., R. D. Sharman, T. L. Clark, and H.-M. Hsu, 2003: An investigation of  

turbulence generation mechanisms above deep convection.  J. Atmos. Sci., 60, 1297-
1321. 

 
Lin, Y.-L., R. D. Farley, and H. D. Orville, 1983:  Bulk parametrization of the snow field  

in a cloud model.  J. Climate and Appl. Meteor., 22, 1065-1092. 
 
________, S. Chiao, T.-A. Wang, M. L. Kaplan, R. P. Weglarz, 2001:  Some common  

ingredients for heavy orographic rainfall.  Wea. Forecasting, 16, 633-660.  
 
________, TBD.: Mesoscale Dynamics.  Cambridge University Press, (in progress). 
 
Lindzen, R. S., and K. K. Tung, 1976:  Banded convective activity and ducted gravity  

waves.  Mon. Wea. Rev., 104, 1602-1617.  
 
MESO Inc., 1994: MASS Version 5.6 Reference Manual. (Available from MESO Inc.,  

185 Jordan Road, Troy, NY 12180). 
 
Miller, J. E., 1948:  On the concept of frontogenesis.  J. Meteor., 5, 169-171. 
 
Moore, J. T., and W. A. Abeling, 1988:  A diagnosis of unbalanced flow in upper levels  

during the AVE-SESAME I period.  Mon. Wea. Rev., 116, 2425-2436. 
 
Murray, R., and S. M. Daniels, 1953:  Transverse flow at entrance and exit regions to jet  



 186

streams.  Quart. J. Roy. Meteor. Soc., 79, 236-241. 
 
Newton, C. W., and E. Palmen, 1963:  Kinematic and thermal properties of a large amplitude  

wave in the westerlies.  Tellus, 15, 99-119. 
 
Nicosia, D. J., and Grumm R. H., 1999: Mesoscale band formation in three major  

northeastern United States snowstorms. Wea. Forecasting., 14, 346–368. 
 
Nielsen, J. W., 1989: The formation of New England coastal fronts.  Mon. Wea. Rev.,  

117, 1380-1401. 
 
NOAA/NWS, 2001: Winter Storms:  The deceptive killers. A preparedness guide.   

[Available online at http://www.nws.noaa.gov/om/winterstorm/winterstorms.pdf.] 
 
Novak, D. R., L. F. Bosart, D. Keyser, and J. S. Waldstreicher, 2004:  An observational study  

of cold season-banded precipitation in northeast U.S. cyclones.  Wea. Forecasting., 
19, 993-1010. 

 
Orlanski, I., 1975:  A rational subdivision of scales for atmospheric processes.  Bull. Amer.  

Meteor. Soc., 56, 527-530. 
 
Paine, D. A., J. W. Zack, J. T. Moore, and P. J. Posner, 1975:  A theory for the  

conservation of three dimensional vorticity which describes the cascade of energy 
momentum leading to tornadic vortices.  Preprints, Ninth Conf. on Severe Local 
Storms, Norman, Amer. Meteor. Soc., 131-138.  

 
Powers, J. G., and R. J. Reed, 1993: Numerical model simulation of the large-amplitude  

mesoscale gravity wave event of 15 December 1987 in the central United States. 
Mon. Wea. Rev., 121, 2285-2308. 

 
Reinking, R. F., J. B. Snider, and J. L. Coen, 2000: Influences of storm-embedded  

orographic gravity waves on cloud liquid water and precipitation.  J. Appl.  
Meteor., 39, 733-759. 

 
Reiter, E. R., 1969:  Jet-Stream Meteorology.  The University of Chicago Press, 515 pp. 
 
Reiter E. R, and  A. Nania, 1964:  Jet-stream structure and clear-air turbulence.  J Appl  

Meteor, 3, 247–260. 
 
Richwein, B. A., 1980:  The damming effect of the southern Appalachians.  Natl. Wea. Dig.,  

5, 2-12. 
 
Riehl, H., and Collaborators, 1952: Forecasting in Middle Latitudes.  Meteor. Monogr.,  

No. 5, Amer. Meteor. Soc., 80 pp. 
 



 187

Riordan, A. J., 1990: Examination of the mesoscale features of the GALE coastal front of  
24-25 January 1986.  Mon. Wea. Rev., 118, 258-282. 

 
Rozumalski, R. A., 1997: The role of jet streak regeneration forced by a deepening  

continental planetary boundary layer in the explosive surface cyclogenesis of 28 
March 1984.  Ph.D. dissertation, North Carolina State University, 360 pp. 

 
Rutledge, S. A., and P. V. Hobbs, 1983:  The mesoscale and microscale structure and  

organization of clouds and precipitation in midlatitude cyclones.  VIII:  A model for 
the “seederfeeder” process in warm-frontal rainbands.  J. Atmos. Sci., 40, 1185-1206.  

 
Sanders, F., 1955:  An investigation of the structure and dynamics of an intense surface  

frontal zone.  J. Meteor., 12, 542-552. 
 
______, and L. F. Bosart, 1985a: Mesoscale structure in the megalopolitan snowstorm of 11- 

12 February 1983.  Part I: Frontogenetical forcing and symmetric instability .  J. 
Atmos. Sci., 42, 1050-1061.  

 
Smith, R. B., and I. Barstad, 2004:  A linear theory of orographic precipitation.  J. Atmos.  

Sci., 61, 1377-1391. 
 
Therry, G., and P. Lacarrere, 1983:  Improving the eddy kinetic energy model for the  

planetary boundary layer.  Bound.-Layer Meteor., 25, 63-88. 
 
Thorpe, A. J., and Emanuel K. A., 1985: Frontogenesis in the presence of small stability to  

slantwise convection. J. Atmos. Sci., 42, 1809–1824. 
 
Uccellini, L. W., 1990:  Processes contributing to the rapid development of extratropical  

cyclones.  “Extratropical Cyclones – The Erik Palmen Memorial Volume”, Edited by 
C. W. Newton and E. O. Holopainen, American Meteorological Society, Boston, 81-
104. 

 
_______, and D. R. Johnson, 1979: The coupling of upper and lower tropospheric  

jet streaks and implications for the development of severe convective storms.  Mon. 
Wea. Rev., 107, 682-703. 

 
_______, P. J. Kocin, R. A. Petersen, C. H. Wash, K. F. Brill, 1984: The  

Presidents’ Day cyclone of 18-19 February 1979: synoptic overview and analysis of 
the subtropical jet streak influencing the pre-cyclogenetic period.  Mon. Wea. Rev., 
112, 31-55. 

 
______, D. Keyser, K. F. Brill, and C. H. Wash, 1985:  The Presidents’ Day cyclone of  

18-19 February 1979:  Influence of upstream trough amplification and associated 
tropopause folding on rapid cyclogenesis.  Mon. Wea. Rev., 113, 962-988. 

 



 188

______, R. W. Petersen, K. F. Brill, P. J. Kocin, J. J. Tuccillo, 1987: Synergistic  
interactions between an upper-level jet streak and diabatic processes that influence 
the development of a low-level jet and a secondary coastal cyclone. 

 
______, and S. E. Koch, 1987: The synoptic setting and possible source  

mechanisms for mesoscale gravity wave events. Mon. Wea. Rev., 115, 721-729 
 
Van Tuyl, A. H., and J. T. Young, 1982:  Numerical simulation of nonlinear jet streak  

adjustment.  Mon. Wea. Rev., 100, 2038-2054. 
 
Waldstreicher, J. S., 2004:  Forecasting eastern United States winter storms:  Are we  

getting better and why?  Proc. Northeast Regional Operational Workshop, Albany, 
NY. [Available online at 
http://cstar.cestm.albany.edu/nrow/NROW6/waldstriecher.ppt]  

 
Wallace, J. M., and P. V. Hobbs, 1977:  Atmospheric Science – An Introductory Survey.   

Academic Press, 467 pp. 
 
Whitaker, J. S., L. W. Uccellini and K. F. Brill, 1988: A model-based diagnostic study of  

the rapid development phase of the Presidents’ Day cyclone. Mon. Wea. Rev., 116, 
2337–2365. 

 
Wolf, B. J., and D. R. Johnson, 1995:  The mesoscale forcing of a midlatitude upper- 

tropospheric jet stream by a simulated convective system.  Part 1: Mass circulation 
and Ageostrophic Processes.  Mon. Wea. Rev., 123, 1059-1087. 

 
Wu, D. L., and F. Zhang, 2004: A study of mesoscale gravity waves over North Atlantic  

with satellite observations and a mesoscale model.  J. Geophys. Res. – Atmos., 109, 
D22104. 

 
Yarosh, E. S. W. Higgins and W. Shi, 2000: A Unified US daily precipitation dataset and its  

application for water budget studies. 25th Climate Diagnostics and Prediction 
Workshop, Palisades, NY, 4 pp. 

 
Zack, J. W., and M. L. Kaplan, 1987: Numerical simulations of the subsynoptic features  

associated with the AVE-SESAME I case. Part I: The precursor environment. Mon. 
Wea. Rev., 115, 2317-2394. 

 
Zhang, F., 2004: Generation of Mesoscale Gravity Waves in Upper-Tropospheric Jet– 

Front Systems. J. Atmos. Sci., 61, 440–457. 
 
 
 
 
 


